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Abstract 

We carried out a multi-proxy analysis on a marine sediment core retrieved from the Olga 

Basin in the northern Barents Sea in order to investigate the interactions between, and 

variations in, Atlantic water inflow and sea ice distribution throughout the Holocene. This 

was achieved by analysing planktic foraminifera and their preservation indicators, 

foraminiferal stable isotopes (δ
18

O, δ
13

C) and biomarkers. The resulting sub-centennial 

records suggest that the early Holocene (ca. 9500 – 5800 cal yr BP) was characterised by 

short spring seasons and long productive summers. A strong influence of Atlantic water 

caused an increased heat flux which led to an active ocean feedback mechanism and hence, 

contributed to a reduced sea ice extent. The Holocene Thermal Optimum was recorded at 

different time intervals between ca. 9300 and 5800 cal yr BP indicating a proxy-specific 

response. Throughout the mid Holocene (ca. 5800 – 2200 cal yr BP), the sea ice edge 

migrated southwards and an overall cooling trend is consistent with reduced summer 

insolation which affected the sea surface conditions, in particular. During the late Holocene 

(ca. 2200 – 0 cal yr BP), the different proxies indicate a sub-surface warming, with increased 

Atlantic water inflow, and sea surface cooling, with extended sea ice cover, likely due to a 

decoupling between the ocean and the atmosphere. Longer spring seasons and shorter 

summers were reflected by the most extended sea ice distribution within the entire record. 

The generally more unstable palaeoceanographic conditions in the late Holocene are 

attributed to more pronounced positive NAO-like conditions. 

 

1 Introduction 

The Barents Sea is a relatively small and shallow sea, yet it plays a crucial role in the Arctic 

climate system, in part, because of significant heat exchange between the ocean and the 

atmosphere (Serreze et al., 2007). Oceanic heat is brought into the Barents Sea via the inflow 

of warm Atlantic water and, due to shallow depths, heat loss to the atmosphere is very 

efficient. Further, it has been suggested that ocean advection strongly influences sea ice extent 

in the Barents Sea, so the region is central to understanding ocean-sea ice-atmosphere 

interactions Vinje (2001). 

Recently, many Arctic regions have experienced a sharp decline in sea ice cover, and this is 

most pronounced in the northern Barents Sea (Screen and Simmonds, 2010). Variations in sea 
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ice within the Barents Sea have been attributed to several different processes (e.g. 

atmospheric circulation variability, local wind patterns, ice import), although the role of 

oceanic heat advection is often emphasized as one of the most important factors. For example, 

Årthun et al. (2012) have argued that recent increases in Atlantic water inflow has resulted in 

so-called ‗Atlantification‘ of the Barents Sea and this has contributed to a further decline in 

sea ice cover. 

As the impacts of Arctic amplification and the associated sea ice decline reach far beyond the 

Arctic region (e.g. the link between recent Arctic sea ice loss and continental winter cooling 

(Yang and Christensen, 2012)), it is clearly necessary to better understand the interaction 

between Atlantic water inflow and sea ice production, together with any natural variability 

that occurs over longer timeframes. Instrumental records of past climate variations in the 

Barents Sea reach back only ca. 100 years (Smedsrud et al., 2013), so longer term records of 

sea ice and water mass distribution need to be derived from proxy records. Previous proxy 

records from the northern Barents Sea (e.g. Duplessy et al., 2001; Lubinski et al., 2001; 

Risebrobakken et al., 2011; Klitgaard Kristensen et al., 2013), the western Barents Sea 

(Berben et al., 2014) and the Svalbard margin (e.g. Slubowska et al., 2005; Rasmussen et al., 

2007; Spielhagen et al., 2011; Müller et al., 2012; Werner et al., 2013) have demonstrated 

various fluctuations in both the influence of Atlantic water inflow and in sea ice distribution 

throughout the Holocene. 

During the early Holocene, the so-called Holocene Thermal Maximum (HTM) has been 

identified in numerous previous studies and has been linked, primarily, to an increase in solar 

insolation and further to factors such as land-cover feedbacks and coupled atmospheric-

oceanic dynamics; especially the northward penetration of relatively warm Atlantic water 

(e.g. Berger, 1978; Koç et al., 1993; Kaufman et al., 2004). For example, the HTM has been 

observed through increased sea surface temperatures (SST) and enhanced Atlantic water 

inflow (e.g. Duplessy et al., 2001; Sarnthein et al., 2003; Hald et al., 2007; Risebrobakken et 

al., 2010) along the Norwegian coast (e.g. Husum and Hald, 2004) and the Svalbard margin 

(e.g. Slubowska et al., 2005; Slubowska-Woldengen et al., 2007; Werner et al., 2013). The 

apparent timing of the HTM varies, however, possibly as a result of variable location and the 

depth habitat and/or response time of the different proxies to atmospheric changes (e.g. due to 

increased insolation), which underscores the influencing role of the interaction between the 

atmosphere and the ocean (Kaufman et al., 2004; Moros et al., 2004; Hald et al., 2007). In any 

case, the HTM was followed by the Neoglacial cooling, a period generally characterized by 



 
 

Paper II - 3 

 

the return of cooler conditions in different northern high latitude regions (e.g. Wanner et al., 

2008). Marine proxy records generally show reduced SST records, a dominance of Arctic 

water and increased sea ice, consistent with decreasing summer insolation at high latitudes 

such as in the Barents Sea (e.g. Duplessy et al., 2001; Sarnthein et al., 2003; Hald et al., 2007; 

Risebrobakken et al., 2010; Klitgaard Kristensen et al., 2013) and the Svalbard margin (e.g. 

Rasmussen et al., 2007; Müller et al., 2012; Rasmussen et al., 2012; Werner et al., 2013). 

During the Late Holocene, evidence for strengthened Atlantic water inflow has been 

presented for the Barents Sea (e.g. Duplessy et al., 2001; Lubinski et al., 2001; Berben et al., 

2014) and the Svalbard margin (e.g. Slubowska-Woldengen et al., 2007; Jernas et al., 2013; 

Werner et al., 2013; Zamelczyk et al., 2013), while some air temperature reconstructions, 

based on terrestrial records from Fennoscandinavia and ice core records from Greenland and 

Svalbard, indicate an overall cooling (e.g. Dahl-Jensen et al., 1998; Bjune et al., 2009; 

Kaufman et al., 2009; Divine et al., 2011). The dominance of cold Arctic water and reduced 

Atlantic water inflow at the western and northern margin of Svalbard has also been identified 

for the late Holocene from marine records (e.g. Slubowska et al., 2005; Skirbekk et al., 2010). 

Here, we combine proxy data from planktic foraminiferal fauna assemblages, stable isotopes 

(δ
18

O, δ
13

C) and biomarkers (including IP25 as a sea ice proxy; Belt et al., 2007; Belt and 

Müller, 2013; Brown et al., 2014) in a marine sediment core obtained from the northern 

Barents Sea to construct an integrated sub-surface water mass and sea ice record for the 

Holocene. Today, the study site is influenced by Atlantic derived water masses (Abrahamsen 

et al., 2006) and is covered by seasonal sea ice (Figure 1). As such, it represents a key 

location for investigating the palaeoceanographic evolution of Atlantic water inflow and sea 

ice distribution throughout the Holocene. On the basis of the combined proxy record, we 

propose different oceanographic scenarios that emphasize the interaction between surface 

water masses and sea ice distribution, and discuss these further, by comparison with outcomes 

from previous studies from the region. 

 

2 Present day oceanographic setting of the Barents Sea 

The Barents Sea is an epicontinental shelf located between the Norwegian-Russian coast, 

Novaya Zemlya and the Svalbard and Franz Josef Land archipelagos (Figure 1). The northern 

boundary of the Barents Sea is defined by the Nansen Basin continental slope (Jakobsson et 
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al., 2004). The Barents Sea is characterized by several water masses and represents a major 

passage for Atlantic water entering the Arctic Ocean (Carmack et al., 2006). 

The Norwegian Atlantic Current (NwAC) brings relatively warm Atlantic water (>2 °C, >35 

‰) towards the high latitude North Atlantic Ocean (Hopkins, 1991) (Figure 1A). Before 

entering the Barents Sea, the NwAC splits into two different currents: the West Spitsbergen 

Current (WSC) and the North Cape Current (NCaC) (Figure 1A), both of which are 

responsible for the transport of warm saline Atlantic water into the Arctic Ocean, in particular 

the WSC (Aagaard and Greisman, 1975). The WSC continues northwards along the western 

Barents Sea slope and splits in the Fram Strait into three branches; the Return Atlantic 

Current (RAC), the Yermak Branch (YB) and the Svalbard Branch (SB) (e.g. Manley, 1995). 

The latter enters the Arctic Ocean north of Svalbard as a sub-surface current flowing eastward 

up and beyond the Franz Victoria and St. Anna Troughs. Hence, the Barents Sea becomes 

influenced by the sub-surface inflow of Atlantic water via the Northern Barents Sea Opening 

(NBSO) (Figure 1A). Subsequently, Atlantic water is advected south-westwards into the 

northern Barents Sea and has been observed year-round in the Olga Basin, which is the study 

site here (Abrahamsen et al., 2006). Further, the northern Barents Sea and, in particular, the 

Olga Basin, is also influenced by Atlantic water that enters as a submerged flow from the 

south (e.g. Novitskiy, 1961; Loeng, 1991; Pfirman et al., 1994; Aksenov et al., 2010). This 

Atlantic water is brought to the area by the NCaC which flows northwards via the Barents Sea 

Opening (BSO) into the southern Barents Sea and parallel to the coastal current system 

(Loeng, 1991; Loeng et al., 1993; Midttun, 1985; Rudels, 1987) (Figure 1A). Finally, after 

mixing and heat loss, Atlantic water leaves the Barents Sea through the Barents Sea Exit 

(BSX) and reaches the Arctic Ocean via the St. Anna Trough (e.g. Schauer et al., 2002) 

(Figure 1A). South of the NCaC, the Norwegian Coastal Current (NCC) transports Coastal 

water (2 - 13 °C, 32 - 35 ‰) along the Norwegian and northern Russian coasts (Hopkins, 

1991) (Figure 1A). Polar water (0 - 2 °C, 33 - 33.4 ‰) is brought from the Arctic Ocean into 

the Barents Sea through the Franz Victoria and St. Anna Troughs, via the East Spitsbergen 

Current (ESC) and the Bear Island Current (BIC), respectively (Hopkins, 1991) (Figure 1A). 

In contrast to the Atlantic water dominated southern Barents Sea, the northern Barents Sea is 

dominated by Arctic water (~0.5 °C, ~34.8 ‰) and is characterized by reduced temperature 

and salinity, as well as seasonal sea ice cover (Hopkins, 1991). Arctic water is formed when 

relatively warm Atlantic water converges and merges with cold, less saline and ice loaded 

Polar water. Hence, temperature and salinity values progressively decrease towards the north-
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eastern Barents Sea resulting in what is classified as Atlantic derived water (>0 °C, >34.75 

‰) (Gammelsrød et al., 2009). Further, in the north-eastern Barents Sea, extensive sea ice 

formation, brine rejection in winter and the subsequent melting of sea ice in summer, lead to a 

stable and strong stratification (Wassmann et al., 2006). A small fraction of Atlantic water in 

the northern Barents Sea enters the area from the north as a sub-surface flow and is located 

below Arctic water. The majority of Atlantic water entering the region from the south is 

cooled due to a strong heat loss to the atmosphere, but retains high salinity. As a result, the 

latter, denser water mass flows below the Atlantic water mass advected from the north 

(Pfirman et al., 1994). Finally, dense and cold deep waters are formed through cooling and 

salt rejection during sea ice growth. The Barents Sea is an important contributor for the 

production and export of dense water into the Arctic Ocean and thereby plays a central role in 

the global ocean circulation and climate (Årthun et al., 2011). 

The fronts dividing these different water masses are one of the main oceanographic features 

of the near-surface waters of the Barents Sea (Pfirman et al., 1994). Defined as a sharp 

climatic gradient in terms of temperature, salinity and sea ice coverage, the Polar and Arctic 

Fronts are the respective boundaries between Polar/Arctic and Arctic/Atlantic waters. These 

are closely related to the overall distribution of sea ice, in particular, and the average winter 

and summer sea ice margins (Vinje, 1977). Although sea ice advection from the Arctic Ocean 

does occur, sea ice is mainly formed locally during fall and winter (Loeng, 1991). The sea ice 

edge divides the Barents Sea into two different oceanographic areas, each with their own 

characteristics (Figure 1B). The sea ice extent is regulated by the inflow of Atlantic water into 

the western Barents Sea, which sets the boundary of the mainly ice-free Atlantic domain in 

the south-western Barents Sea (Årthun et al., 2012). In contrast, the north-eastern Barents Sea 

experiences large changes in seasonal sea ice distribution (Vinje, 2001; Sorteberg and 

Kvingedal, 2006) with maximum sea ice extent during March/April and minimum cover 

occurring throughout August/September (Figure 1B). Further, annual variability during recent 

decades might be explained by cyclone activity causing fluctuations in sea ice transport, to 

and from the Arctic Ocean into the north-eastern Barents Sea (Kwok et al., 2005; Sorteberg 

and Kvingedal, 2006; Ellingsen et al., 2009; Kwok, 2009). The interplay among the different 

water masses and other influences over sea ice formation determine the position of the 

marginal ice zone (MIZ), an area characterized by its high surface productivity during the 

summer season (e.g. Smith and Sakshaug, 1990). Within the Barents Sea, the major part of 

the biological primary production results from a peak algal bloom along the ice edge during 
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the spring as sea ice retreats (Sakshaug et al., 1992). Consequently, the Barents Sea is one of 

the most productive areas of the Arctic Seas (Wassmann et al., 2006). 

 

3 Material and methods 

A 245 cm long marine sediment core NP05-11-70GC was retrieved in 2005 by the RV Lance 

south of Kong Karls Land (Olga Basin) within the northern Barents Sea (78.40° N, 32.42° E; 

293 m water depth) (Figure 1). A CTD profile taken at the same location illustrates the 

presence of Arctic water at the surface, with Atlantic water below ca. 150 m (Figure 2). Only 

the upper section of the core (0 - 124.5 cm; 1-cm intervals) was investigated in the current 

study. 

 

3.1 Chronology 

A depth-age model for NP05-11-70GC was developed using linear interpolation between 

three calibrated AMS 
14

C dates obtained from benthic foraminifera and the assumption that 

the core top represents 0 cal yr BP (Figure 3). The AMS 
14

C dates were calibrated using Calib 

6.1.1 (Stuiver and Reimer, 1993) and the Marine09 calibration curve (Reimer et al., 2009). A 

local reservoir age (∆R) of 105 ± 24 was indicated for the Svalbard area by Mangerud et al. 

(2006) and subsequently used in the calibration (Table 1). The resulting depth-age model 

ranges between 0 and 9417 cal yr BP (Figure 3). The sedimentation rates vary between 0.07 

and 0.18 mm/yr, so the sampling resolution is 55 - 134 years (Figure 3). 

 

3.2 Planktic foraminifera 

Foraminiferal samples were freeze-dried before they were wet-sieved through three different 

size fractions (1000, 100 and 63 µm) and dried at 40 °C. Planktic foraminiferal assemblages 

were determined for 123 samples using the 100 - 1000 µm size fraction following Knudsen 

(1998). Following the recommendations of Forcino (2012), the relative abundances (%) of 

each species were calculated for samples containing more than 25 specimens (82 samples). 

The identification of left and right coiling Neogloboquadrina pachyderma was achieved 

following Darling et al. (2006); the left coiling form was identified as N. pachyderma, and the 
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right coiling form was identified as Neogloboquadrina incompta, (Cifelli, 1961). The planktic 

foraminiferal concentrations (#/g sediment) and fluxes (#/cm
2
/yr) were also calculated; the 

latter being calculated following Ehrmann and Thiede (1985). 

The dissolution of foraminiferal shells was investigated by calculating the mean shell weight 

(µg) of N. pachyderma (Broecker and Clark, 2001; Barker and Elderfield, 2002; Beer et al., 

2010) and the fragmentation (%) of foraminiferal tests (Conan et al., 2002). 25 well preserved 

(visually) and square shaped N. pachyderma specimens were picked from a narrow size range 

(150 - 250 µm) in order to reduce problems of ontogeny and size difference induced 

variability (Barker et al., 2004). It was possible to obtain a mean weight for 110 samples of N. 

pachyderma using a Mettler Toledo microbalance (0.1 µg sensitivity). The fragmentation of 

planktic foraminiferal tests was calculated for the 82 samples that contained a total number of 

>25 specimens within the 100 - 1000 µm size fraction. The fragmentation was calculated 

using the equation proposed by Pfuhl and Shackleton (2004) (Equation 1). 

              ( )   
            ⁄

            ⁄            ⁄⁄
       [Equation 1] 

 

3.3 Stable isotope analysis 

Stable isotope (δ
18
O, δ

13
C) analyses were performed on the foraminiferal tests of N. 

pachyderma. All specimens were selected from a narrow size range (150 - 250 µm) in order 

to minimize size dependent effects on isotopic composition (Aksu and Vilks, 1988; Keigwin 

and Boyle, 1989; Oppo and Fairbanks, 1989; Donner and Wefer, 1994; Bauch et al., 2000). 

Sufficient specimens were obtained from 105 samples. Samples were analysed using a 

Finnigan MAT 253 mass spectrometer coupled to an automated Kiel device at the Geological 

Mass Spectrometer (GMS) Laboratory at the University of Bergen. These measurements were 

conducted with a reproducibility of ± 0.06 ‰ (δ
18

O) and ± 0.03 ‰ (δ
13

C), and data are 

reported on the ‰ versus VPDB scale calibrated with NBS-19. Corrections for the ice volume 

effect were applied on the measured δ
18

O values according to Fairbanks (1989). No vital 

effect corrections were applied for the isotope measurements in this study as published 

estimates of species-specific vital effects are often inconsistent (e.g. Kohfeld et al., 1996; 

Bauch et al., 1997; Stangeew, 2001; Simstich et al., 2003), possibly due to seasonal changes 

of the apparent vital effect (Jonkers et al., 2010). 
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3.4 Biomarker analysis 

Biomarker analysis was performed on 49 sub-samples (ca. 1 g) providing a centennial 

resolution. Prior to analysis, sub-samples were freeze-dried and stored at -20 °C. The general 

methodology was as described previously (Belt et al., 2012; Brown and Belt, 2012) with some 

modifications. Three internal standards (IS) were added to permit quantification of the 

biomarkers using gas chromatography-mass spectrometry (GC-MS) (Belt et al., 2012). 9-

octylhetadec-8-ene (9-OHD, 10 µL; 1 µg mL
-1

) and 7-hexylnonadecane (7-HND, 10 µL; 1 µg 

mL
-1

) were added for the quantification of IP25, while 5α-androstan-3β-ol (10 µL; 1 µg mL
-1

) 

was used to quantify brassicasterol. Subsequently, a total organic extract was obtained 

according to previous descriptions (Belt et al., 2012; Brown and Belt, 2012). 

Before fractionation into individual lipid classes, it was necessary to remove elemental sulfur 

from the TOEs that would otherwise have interfered with the GC-MS analysis. To do this, 

hexane (1 mL), tetrabutylammonium sulphite (TBA, 1mL) and 2-propanol (1 mL) were added 

to the TOEs and suspensions were shaken by hand for ca. 1 min. Thereafter, Milli-Q water (3 

mL) was added, and mixtures were shaken further (1 min) and centrifuged, after which, the 

lipid-containing hexane layer was decanted. This procedure was repeated twice more before 

the hexane was removed using a nitrogen stream. Partially purified TOEs were then separated 

into non-polar (hexane, 6 mL) and polar fractions (20:80 methylacetate/hexane, 6 mL) using 

open column chromatography (SiO2). Further separation of the hexane fraction into saturated 

and unsaturated components was carried out using glass pipettes containing silver ion solid 

phase extraction (SPE) material (Supelco discovery® Ag-Ion; 100 mg). After conditioning 

with acetone (3 mL) and hexane (3 mL), saturated (hexane, 1 mL) and unsaturated 

hydrocarbon fractions (including IP25) (acetone, 2 mL) were obtained. Polar fractions 

containing brassicasterol were derivatized using N,O-Bis(trimethylsilyl)trifluoroacetamide 

(BSTFA, 50 µL, 70 °C; 1h). 

All fractions were analysed using GC-MS with operating conditions as described by Belt et 

al. (2012). Identification of the lipids of interest was based on their characteristic GC retention 

times and mass spectra compared with those of reference compounds in total ion current 

chromatogram (TIC). Quantification of lipids was achieved by comparison of peak area 

integrations of selected ions with those of the internal standard in selected ion monitoring 

(SIM) mode (Brown et al., 2011; Belt et al., 2012). These ratios were normalized to 

instrumental response factors and sediment mass (and total organic carbon content) and also 
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converted to biomarker fluxes (µg/cm
2
/yr) (Belt et al., 2012) using the same method described 

previously for foraminifera. Concentrations of IP25 and brassicasterol were also combined to 

derive the so-called PBIP25 index that has the potential to provide semi-quantitative estimates 

of sea ice cover (Müller et al., 2011). 

 

4 Results and Interpretation  

Overall, the different proxies show distinct changes throughout the record time, so they are 

described here in terms of individual time intervals that reflect the main stages of 

palaeoceanographic evolution. These intervals are: early Holocene (ca. 9500 – 5800 cal yr 

BP), mid Holocene (ca. 5800 – 2200 cal yr BP) and late Holocene (ca. 2200 – 0 cal yr BP). 

 

4.1 Early Holocene (ca. 9500 – 5800 cal yr BP) 

The early Holocene (ca. 9500 – 5800 cal yr BP) is marked by the appearance of polar and 

subpolar planktic foraminifera, although the absolute abundances and fluxes remain relatively 

low (<2.46 #/g sediment and <0.04 #/cm
2
/yr) during the first part of this period (ca. 9500 – 

7300 cal yr BP) (Figure 4A; 5A). This could indicate an influence of sea ice at the core site 

(e.g. Carstens, 1997). Between ca. 7300 and 6500 cal yr BP, there are increases in 

concentration and flux of foraminifera towards 5.50 #/g sediment and 0.09 #/cm
2
/yr, 

respectively, most likely indicating increased influence of Atlantic water (e.g. Johannessen et 

al., 1994). After ca. 6500 cal yr BP, foraminiferal concentrations and fluxes fall rapidly 

towards 2.79 #/g sediment and 0.02 #/cm
2
/yr, respectively. 

Within the early Holocene (ca. 9500 – 5800 cal yr BP), the extent of fragmentation falls in the 

range 14 - 56 % with a mean value of 32 % (Figure 4B). The mean shell weight varies 

between 5 and 10 µg until ca. 7300 cal yr BP, followed by more consistent values (ca. 7.5 µg) 

towards ca. 5800 cal yr BP (Figure 4C). Although only a few data points of fragmentation 

were recorded between ca. 9500 and 7300 cal yr BP, the wide range in both fragmentation 

and mean shell weight could indicate fluctuating preservation conditions. The relatively high 

and consistent mean shell weight values between ca. 7300 and 5800 cal yr BP may reflect 

better preservation conditions, possibly related to an increased influence of Atlantic water. 

Previously, better calcium carbonate preservation has been associated with increased 
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production of organic matter in regions of higher Atlantic water input (e.g. Hebbeln et al., 

1998; Henrich et al., 2002). 

The foraminiferal assemblages in the early Holocene are dominated by N. pachyderma (ca. 95 

%) (Figure 5B), indicating Arctic conditions at the study site (Volkmann, 2000). Between ca. 

7300 and 5800 cal yr BP, the relative abundances of Turborotalita quinqueloba, N. incompta 

and Globigerinita glutinata show increased values, up to ca. 24, 27 and 4 %, respectively 

(Figure 5C-E). These species are associated with subpolar conditions and relatively warm 

Atlantic (sub-surface) water (Bé and Tolderlund, 1971; Johannessen et al., 1994; Carstens et 

al., 1997). These foraminiferal fauna changes between ca. 7300 and 5800 cal yr BP are most 

likely reflecting the HTM at the core site. In addition, T. quinqueloba has also been found to 

be characteristic of Arctic Front conditions in the western Barents Sea (Burhol, 1994), where 

it responds to a plentiful nutrient supply (Reynolds and Thunnel, 1985; Johannessen et al., 

1994). 

Studies of recent foraminiferal calcite and the isotopic composition of water masses by 

Lubinski et al. (2001) demonstrate that, in the Barents Sea, the planktic foraminiferal oxygen 

isotope signals are controlled mainly by temperature changes, since modern surface water 

temperatures vary much more than salinity. However, the water masses in the region were 

also influenced by meltwater and reduced salinities during the very early Holocene, but this 

influence ended around ca. 11 000 cal yr BP and thus, well before the onset of the current 

oxygen isotope record (Klitgaard Kristensen et al., 2013). Therefore, it is assumed that the 

stable oxygen isotope record of the current study is mainly controlled by temperature. During 

the early Holocene (ca. 9500 – 5800 cal yr BP), the δ
18

O record has a value of 3.87 ‰ (Figure 

6A). δ
18

O values then reduce to ca. 3.78 ‰ towards ca. 8800 cal yr BP, followed by a period 

(ca. 8800 – 7300 cal yr BP) characterized by more depleted values (ca. 3.58 ‰). This 

depletion (ca. 0.2 ‰) might indicate a small temperature rise, possibly indicating a gradual 

shift towards warmer conditions due to increased inflow of Atlantic water. The sharp 

enrichment in δ
18

O between ca. 7600 and 7300 cal yr BP is followed by values that fluctuate 

around ca. 3.70 ‰ until ca. 5800 cal yr BP. This possibly indicates cooler conditions after ca. 

7300 cal yr BP, and that the core site became more influenced by oceanic front conditions. 

Here, the relatively light δ
18

O values between ca. 8800 and 7300 cal yr BP coincide with high 

insolation values, thus indicating the HTM at the core site (Figure 6). Throughout the early 

Holocene (ca. 9500 – 5800 cal yr BP), δ
13
C values show depletion from 0.37 to 0.01 ‰ 

between ca. 9500 and 8500 cal yr BP (Figure 6B) consistent with reduced primary production 
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and/or increased stratification. This trend is reversed at ca. 5800 cal yr BP, with enriched δ
13

C 

values (ca. 0.80 ‰) indicating increased primary production and/or enhanced ventilation (e.g. 

Spielhagen and Erlenkeuser, 1994) (Figure 6B). 

The concentration and flux of the sea ice biomarker IP25 (Belt et al., 2007; Belt and Müller, 

2013; Brown et al., 2014) shows a rapid decrease (<200 cal yr) at the start of the early 

Holocene (ca. 9500 – 5800 cal yr BP), whereas those of brassicasterol increase (Figure 7A-

B). Consistent with these observations, a reduction in the PBIP25 index from 0.37 to 0.16 also 

indicates a reduction in sea ice cover with the presence of more open water conditions (Müller 

et al., 2011) (Figure 7D). From ca. 9300 to 6500 cal yr BP, IP25 values increase, but still 

remain relatively low (ca. 0.05 to 0.10 µg/g OC) (Figure 7A). On the other hand, 

brassicasterol shows an opposite trend, albeit with some fluctuations around ca. 23 µg/g OC 

(Figure 7B). Consistent with the foraminiferal assemblages and δ
18

O record, these biomarker 

data also indicate the occurrence of the HTM at the core site throughout the early Holocene. 

The biomarker data reflects the HTM between ca. 9300 and 6500 cal yr BP, after which, IP25 

abundances increase, suggesting termination of the HTM. The early Holocene is also 

characterized by a decreasing trend in TOC, although values remain relatively high (ca. 1.65 

to 2.00 %) (Figure 7C). The PBIP25 index shows the lowest values of the record (0.16 - 0.40) 

suggesting a period characterized by low or variable seasonal sea ice cover and influenced 

substantially by open water conditions (Müller et al., 2011) (Figure 7D). 

 

4.2 Mid Holocene (ca. 5800 – 2200 cal yr BP) 

Throughout the mid Holocene (ca. 5800 – 2200 cal yr BP), both planktic foraminiferal 

concentrations and fluxes show a general increase towards ca. 8.00 #/g sediment and ca. 0.15 

#/cm
2
/yr, respectively (Figure 4A; 5A). The mean shell weight remains relatively stable (ca. 7 

µg) with a small decrease towards the end of the interval, whereas the fragmentation record 

exhibits an overall decrease from ca. 42 to 16 %, indicating improved preservation (Figure 

4C-B). The relative abundances of T. quinqueloba and N. incompta reduce after ca. 5800 cal 

yr BP and remain relatively stable (ca. 3 - 4 %) towards ca. 2200 cal yr BP (Figure 5C-D). 

Throughout this period, N. pachyderma clearly dominates (ca. 90 %) the planktic 

foraminiferal fauna (Figure 5B), suggesting a relatively stable period characterized by a 

dominance of colder Arctic water (Volkmann, 2000). 



 
 

Paper II - 12 

 

The δ
18

O record remains relatively stable throughout the mid Holocene (ca. 5800 – 2200 cal 

yr BP) (Figure 6A) with relatively high values (ca. 3.70 ‰) most likely also indicating a 

decreased influence of Atlantic water. The δ
13

C record continues to increase from 0.76 

towards 0.90 ‰, indicative of increased ventilation (Spielhagen and Erlenkeuser, 1994) 

(Figure 6B), although increased δ
13

C values might also be attributed to an increase in primary 

production resulting from a stronger influence of oceanic front conditions. 

IP25 increases to ca. 0.25 µg/g OC during the mid Holocene (ca. 5800 – 2200 cal yr BP), while 

brassicasterol shows a decreasing trend to 10 µg/g OC (Figure 7A-B). Combined, the PBIP25 

values continue their increasing trend from the early Holocene (0.4 - 0.7) (Figure 7D), 

reaching values indicative of MIZ conditions according to Müller et al. (2011). As such, the 

biomarker data indicate a gradual increase in seasonal (spring) sea ice cover, most likely 

related to the reduced July insolation causing a cooling at the sea surface. 

 

4.3 Late Holocene (ca. 2200 – 0 cal yr BP) 

During the late Holocene (ca. 2200 – 0 cal yr BP), three episodes of increased values for both 

planktic foraminiferal concentrations and fluxes are observed between ca. 2200 and 2000 cal 

yr BP, ca. 1600 and 700 cal yr BP, and ca. 400 and 0 cal yr BP (Figure 4A; 5A). These three 

episodes show the highest fluxes and concentrations of the entire record (up to 0.16 #/cm
2
/yr 

and 10 #/g sediment, respectively). The degree of fragmentation also generally increases (to 

ca. 50 %), whereas the mean shell weight shows a general decrease towards ca. 4.5 µg (Figure 

4B-C). In addition to these general trends, the mean shell weight and, in particular, the 

planktic foraminiferal fragmentation, show highly fluctuating values (ca. 9 - 83 %) (Figure 

4C-B). Despite these fluctuations, however, this interval shows an overall change towards 

enhanced dissolution. This may be caused by an increased influence of the MIZ and its 

associated high surface productivity causing a reduced preservation of calcium carbonate 

(Huber et al., 2000; Scott et al., 2008). Additionally, brine rejection may form corrosive 

bottom water masses causing dissolution at the sea floor (e.g. Midttun, 1985; Steinsund and 

Hald, 1994). This has been observed for recent benthic foraminiferal faunas in the Barents 

Sea (Steinsund and Hald, 1994). 

The relative abundance of N. pachyderma shows a general decrease towards ca. 65 % 

suggesting a reduced dominance of Arctic water at the core site (Figure 5B). The 
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corresponding increasing trend in relative abundances of other species is also seen in their 

individual fluxes (Figure 5C-G). Thus, in the periods between ca. 2200 – 2000, 1600 – 700 

and 400 – 0 cal yr BP, T. quinqueloba and N. incompta both reach very high abundance and 

flux values. These changes argue for episodes of enhanced influence of Atlantic water and/or 

front conditions. After ca. 2000 cal yr BP, increasing values of G. bulloides (ca. 8 %) and in 

particular G. glutinata (ca. 5 %) mark the faunal assemblages (Figure 5F-E). The period from 

ca. 400 – 0 cal yr BP is characterized by a clear increase of G. bulloides to ca. 6 %, in 

addition to a remarkable increase of G. glutinata and G. uvula (both to ca. 7 %) (Figure 5F; 

5E; 5G). G. uvula has previously been associated with reduced salinities (e.g. Husum and 

Hald, 2012) and high food supply related to a productive oceanic front (Saito et al., 1981; 

Boltovskoy et al., 1996; Bergami et al., 2009). 

Both δ
18
O and δ

13
C show a general depletion within the late Holocene with values in the 

ranges 3.49 - 3.98 ‰ and 0.34 - 0.84 ‰ for δ
18

O and δ
13

C, respectively (Figure 6). Depleted 

values of δ
18

O most likely reflect warmer temperatures due to an increased influence of 

Atlantic derived water. The δ
13

C record shows a clear depletion towards values below 0.7 ‰, 

thus indicating enhanced stratification between the surface and sub-surface waters, likely 

related to a returned influence of Atlantic water. 

The late Holocene (ca. 2200 – 0 cal yr BP) is characterized by the highest abundances of IP25 

(0.35 µg/g OC) and relatively low (but stable) brassicasterol (12.5 µg/g OC) (Figure 7A-B). 

Although the TOC values fluctuate somewhat throughout the late Holocene, the absolute 

values (ca. 1.62 %) are the lowest within the entire TOC record (Figure 7C). Consistent with 

the opposing trends in the IP25 and brassicasterol records, the PBIP25 values reach their highest 

value (0.87) of the record at ca. 0 cal yr BP (Figure 7D). An increase in PBIP25 suggests a 

further extension in sea ice cover, reflecting Arctic Front conditions (Müller et al., 2011), 

most similar to modern conditions. 

 

5 Holocene palaeoceanographic evolution 

Our palaeoceanographic record from the Olga Basin shows generally gradual but distinct 

changes in seasonal sea ice distribution and Atlantic water inflow to the northern Barents Sea 

throughout the Holocene. These variations are discussed here, and placed in further context 

by comparison with previously published records from the region (Figure 1). In terms of sea 
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ice cover, we interpret our combined proxy data by proposing different seasonal sea ice 

scenarios. In order to obtain realistic representations for such variations in sea ice cover, we 

have considered known scenarios derived from modern and historical observations (NSIDC) 

(Figure 1B). For example, the modern sea ice context has been derived from maximum 

(March) and seasonal variability (April/August) in sea ice extent using satellite data obtained 

between 1981 and 2010 (NSIDC) (Figure 8D). In terms of temporal changes, historical data 

for the Barents Sea show variations in the mean sea ice edge position in April for four sub 

periods between 1870 and 2002 (i.e. 1870 – 1920; 1921 – 1961; 1962 – 1988; 1989 – 2002) 

(Divine and Dick, 2006). This north-easterly retreat of the sea ice edge since the second half 

of the 19
th

 century took place after a significant cooling in the second half of the 18
th

 century 

and occurred in a north-easterly direction (Divine and Dick, 2006). This key dataset illustrates 

that, even on a decadal time scale, the migration pattern of the sea ice extent associated with 

climatic conditions can reflect those observed during seasonal or annual sea ice edge change. 

Such observations and changes therefore provide precedent for our proposed sea ice scenarios 

(and changes to these) during the Holocene. 

 

5.2 Subpolar conditions and long productive summers ca. 9500 – 5800 cal yr BP 

The high relative abundances of N. pachyderma in the early part of the record indicate the 

dominance of Arctic water masses. Nonetheless, the increased abundances of subpolar species 

and of total planktic foraminifera between ca. 7300 and 5800 cal yr BP indicate a pronounced 

influence of Atlantic water inflow at the core site, most likely indicative of the HTM. 

Elevated planktic foraminiferal concentrations were also recorded in the north-eastern Barents 

Sea around ca. 9800 cal yr BP by Duplessy et al. (2001), who suggested an early intrusion of 

Atlantic water and high surface water productivity (Figure 1). Similarly, Klitgaard Kristensen 

et al. (2013) related their observed high planktic foraminiferal concentrations in the northern 

Barents Sea between ca. 7600 and 6500 cal yr BP to a renewed and stronger influence of 

Atlantic water (Figure 1). Berben et al. (2014) reached the same conclusion having found a 

strong increase in the planktic foraminiferal concentrations and relative abundances of 

subpolar species such as N. incompta and T. quinqueloba in the western Barents Sea at ca. 

10 000 cal yr BP (Figure 1). However, for the West Svalbard margin, Werner et al. (2013) 

associated high planktic foraminiferal fluxes ca. 8000 cal yr BP to ice-free or seasonally 

fluctuating sea ice margin conditions (Figure 1). 
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The depleted stable isotope (δ
18

O, δ
13

C) values between ca. 8800 and 7300 cal yr BP most 

likely reflect the HTM, with the strong enrichment in δ
18

O between ca. 7600 and 7300 cal yr 

BP probably corresponding to the termination phase of the HTM. The latter is consistent with 

the observations of Duplessy et al. (2001) (Figure 1) who observed decreasing δ
18

O values 

between ca. 10 000 and 7850 cal yr BP and attributed these to a deglacial warming with an 

increased influence of Atlantic water inflow. Light δ
18

O values between ca. 7850 and 6900 cal 

yr BP were associated with the abrupt termination of the HTM. In addition, Lubinski et al. 

(2001) linked decreasing δ
18

O values between ca. 10 000 and 6800 cal yr BP with a possible 

surface temperature increase of ca. 1 - 2 °C due to a return inflow of warm water (Figure 1). 

Klitgaard Kristensen et al. (2013) found low δ
18

O values between ca. 7600 and 6500 cal yr 

BP related to a possible return of stronger inflow of Atlantic water (Figure 1). Similar reports 

of low δ
18

O have be made for a nearby location in the western Barents Sea (ca. 10 000 cal yr 

BP; Berben et al., 2014) and for the southern Barents Sea (ca. 11 000 – 9500 cal yr BP; 

Risebrobakken et al., 2010) (Figure 1). 

Depleted δ
18

O values attributed to a stronger inflow of Atlantic water delivered by the SB 

have also been recorded at the western and northern Svalbard margin ca. 8000 cal yr BP 

(Slubowska et al., 2005; Werner et al., 2013) and in the Franz Victoria Trough ca. 7500 cal yr 

BP (Duplessy et al., 2001) (Figure 1). However, the depleted δ
18

O values reported in the 

current study do not correspond with this observed time-transgressive pattern of the SB and it 

is assumed, therefore, that throughout the HTM, the core site was influenced by Atlantic 

water entering the Barents Sea via the NCaC through the BSO. This conclusion is consistent 

with observations in the southern Barents Sea ca. 11 000 – 9800 cal yr (Risebrobakken et al., 

2010) and the north-western Barents Sea ca. 7000 cal yr BP (Klitgaard Kristensen et al., 

2013) (Figure 1). 

In our record, the increasing δ
13

C after ca. 8500 cal yr BP indicates that the early Holocene is 

further characterized by an increasing trend in primary production and/or less stratified water 

masses; however, maximum TOC values throughout this period suggest the former, and is 

consistent with previous findings from the northern Barents Sea (Duplessy et al., 2001; 

Lubinski et al., 2001), the western Barents Sea (Berben et al., 2014) and the West Svalbard 

margin (Werner et al., 2013) (Figure 1). 

Relatively low IP25 concentrations with increased brassicasterol abundances indicate reduced 

seasonal (spring) sea ice cover and longer (warmer) summers with open water conditions 
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suitable for phytoplankton production. The occurrence of reduced sea ice cover and longer 

summers is consistent with increased planktic foraminiferal concentrations (reported here and 

Carstens et al., 1997) and with longer ice-free seasons and a retreated ice margin in the 

northern Barents Sea (Duplessy et al., 2001) as well as increased phytoplankton production in 

the northern Fram Strait (Müller et al., 2009) (Figure 1). Reduced spring sea ice cover also 

indicates the HTM recorded at the sea surface between ca. 9300 and 6500 cal yr BP, which 

probably results from maximum summer insolation at 78° N. Similar conclusions regarding 

the timing and termination of the HTM based on IP25 records have been made for the Fram 

Strait (ending at ca. 8400 cal yr BP; Müller et al., 2009) and at the West Svalbard margin, 

where the last phase of the HTM was recorded ca. 8500 – 7000 cal yr BP (Müller et al., 2012) 

(Figure 1). 

Previously, Risebrobakken et al. (2011) emphasized that, throughout the HTM, high latitude 

radiative forcing was not responsible for the overall conditions of the water column and ocean 

dynamics. They suggested instead, that an intensified heat advection which peaked at ca. 

10 000 cal yr BP was the result of a major reorganization of the ocean circulation following 

the deglaciation. Additionally, atmospheric forcing further enhanced the transport of warm 

and salty water (Risebrobakken et al., 2011). As the surface layer was directly influenced by 

the high summer insolation, relatively high air temperatures might also have increased sea 

surface temperatures which could, additionally, have contributed to reduced seasonal sea ice 

cover. Further, Smedsrud et al. (2013) showed how increased inflow of Atlantic water via the 

BSO led to relatively warm and reduced sea ice conditions in the Barents Sea which caused 

an increased heat flux between the ocean and atmosphere, thus enhancing the formation of 

dense water. This led to a strong outflow through the BSX, causing a stronger inflow of 

Atlantic water and thereby maintaining an ocean feedback mechanism. Thus, a strengthening 

of warm and saline Atlantic water input into the Barents Sea might have contributed to the 

observed sea ice extent retreat, a possible physical mechanism corresponding to the 

previously proposed (and recent) ‗Atlantification‘ (Årthun et al., 2012). Consistent with these 

suggestions, relatively low sea ice biomarker (IP25) concentrations are accompanied by 

maximum brassicasterol abundances which, combined, indicate reduced sea ice cover during 

relatively short spring seasons, with longer summers leading to enhanced phytoplankton 

production within the proximity of the sea ice edge. Hence, throughout the early Holocene the 

sea ice edge was in the proximity of the core site at ca. 78° N (Figure 8A). The elevated 

brassicasterol concentrations might have resulted from lower seasonality shifts of the sea ice 
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edge or from longer and warmer summers, so the minimum (summer) sea ice position is less 

predictable compared to the maximum (Figure 8A). In any case, our proposed sea ice scenario 

suggests that water masses south of the study area were ice free, which agrees with open 

water conditions observed in the western Barents Sea (Berben et al., 2014) and the West 

Svalbard margin (Müller et al., 2012) (Figure 8A) during the early Holocene. 

 

5.1.1 Holocene Thermal Maximum: onset and termination 

Within the current study, the proxies indicate the timing of the HTM to be between ca. 9300 

and 5800 cal yr BP, although with some differences. The biomarker data record the HTM 

between ca. 9300 and 6500 cal yr BP, the stable oxygen isotope record indicate maximum 

temperatures between ca. 8800 and 7300 cal yr BP, whereas the planktic faunal assemblages 

argue for maximum temperatures from ca. 7300 to 5800 cal yr BP. Since all analyses were 

carried out on sediment material from the same horizons and the variations in timing (HTM) 

are larger than the radiocarbon dating errors in the depth-age model (Figure 3), these 

differences in occurrence and duration of the HTM between proxies demonstrate the 

variability in proxy-specific response time. 

Sea ice biomarkers record the HTM at the sea surface, which is influenced mainly by 

maximum insolation values. In contrast, the δ
18

O record and the faunal assemblages record 

the HTM within the sub-surface water masses which is the habitat of the polar planktic 

foraminifera (Volkmann, 2000). These sub-surface water masses are not influenced directly 

by solar insolation as this is mainly restricted to the sea surface (ca. upper 30 m) (Andersson 

et al., 2010; Risebrobakken et al., 2011). Hence, the HTM recorded by the oxygen isotopes 

and planktic foraminiferal fauna reflect warmer water temperatures linked to an increased 

influence of Atlantic water. A time-transgressive inflow of Atlantic water from south to north 

along the Norwegian and Svalbard margins as documented by Hald et al. (2007) most likely 

caused the lag in response time between biomarker and planktic foraminiferal data. 

A second lag in response time is observed between the stable isotope and planktic 

foraminiferal fauna data. The planktic foraminiferal fauna reflect an annual signal whereas, in 

the Arctic Ocean, the calcification of N. pachyderma is linked to phytoplankton blooms and 

occurs mainly in August (Kohfeld et al., 1996; Volkmann, 2000). However, sea-ice 

conditions may have caused a shift in the growing season (e.g. Farmer et al., 2008) and it has 
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also been found that planktic foraminifera may change their depth habitat for the calcification 

and thus reflect different temperatures compared to the general fauna (Simstich et al., 2003). 

In particular, N. pachyderma is found throughout the upper water column (50 - 100 m), but 

calcification occurs at depths between 100 - 200 m (e.g. Bauch et al., 1997; Stangeew, 2001; 

Simstich et al., 2003). Furthermore, the foraminiferal fauna response might also depend on 

factors other than temperature and salinity. For example, the subpolar species T. quinqueloba 

also depends on the available food supply (e.g. Volkmann, 2000) and increased nutrition 

might have followed later. Indeed, such a delay in food supply is suggested by increasing δ
13

C 

values which likely reflect enhanced primary production, possibly associated with increased 

seasonal sea ice cover. After ca. 6500 cal yr BP, the increased concentrations of sea ice 

biomarkers certainly argue for the appearance of a MIZ which is associated with a high food 

supply on which T. quinqueloba seems to thrive (e.g. Volkmann, 2000). Hence, the timing of 

increased relative abundances of subpolar species is probably related to a combination of 

enhanced Atlantic water influence and increased nutrition availability due to a strengthening 

of the seasonal sea ice cover. Such a conclusion agrees with the observation of the HTM 

associated with Atlantic water, high primary productivity and food availability in the northern 

Barents Sea (Duplessy et al., 2001). 

 

5.2 Well-ventilated water masses and moderated seasonality ca. 5800 – 2200 cal 

yr BP 

Throughout the mid Holocene, the relative abundances of the subpolar foraminifera decrease 

indicating a reduced influence of Atlantic water inflow. In addition, the clear and stable 

dominance of N. pachyderma demonstrate the prevailing presence of Arctic water at the core 

site. Correspondingly, the enriched δ
18

O values argue for lower temperatures consistent with 

previous records. Most notably, a similar cooler mid Holocene with a strongly reduced 

Atlantic water inflow and/or colder Atlantic water has been observed in the northern Barents 

Sea (Duplessy et al., 2001; Klitgaard Kristensen et al., 2013) (Figure 1) and it has also been 

suggested that Arctic water from the north-eastern Barents Sea might have influenced the 

western Barents Sea due to less heat advection from the south (Hald et al., 2007). In the 

eastern Fram Strait, Werner et al. (2013) observed cold conditions after ca. 5200 cal yr BP, 

with a profound decrease of T. quinqueloba and low planktic foraminiferal fluxes (Figure 1). 
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Compared with the early Holocene, lower TOC values indicate that the enriched δ
13

C values 

reflect better ventilation of the water masses throughout the mid Holocene, consistent with 

previous research (Spielhagen and Erlenkeuser, 1994). For the northern Barents Sea, Lubinski 

et al. (2001) suggested that enriched δ
13

C values might even reflect the ventilation conditions 

over a broad area (Figure 1) and similar δ
13

C trends have indeed been reported for the 

northern Barents Sea (Duplessy et al., 2001), the western Barents Sea (Berben et al., 2014) 

and the West Svalbard margin (Werner et al., 2013) (Figure 1). 

For the biomarkers, higher concentrations of IP25 with concomitant decreases in brassicasterol 

indicate an increased and consistent seasonal sea ice cover and similar IP25-based 

observations of sea ice have been linked to the mid Holocene Neoglacial cooling for the 

northern Fram Strait (Müller et al., 2009) and West Svalbard margin (Müller et al., 2012) 

(Figure 1). 

Overall, the climatic changes show a period marked by a continuous cooling trend with a 

dominance of cold Arctic water and an accompanying increase in seasonal sea ice cover. As 

the summer insolation decreased, it probably caused the surface layer to cool with increased 

production of seasonal sea ice. Consequently, the strongly reduced Atlantic water inflow 

could not have affected the sea ice distribution in the same way as was proposed for the early 

Holocene (i.e. via the ocean feedback mechanism). These changes are translated into a 

scenario consisting of an overall advance of the sea ice extent (Figure 8B). The minimum sea 

ice edge was probably further south compared to the early Holocene, consistent with previous 

observations in the northern Barents Sea after ca. 6000 cal yr BP. For example, Duplessy et 

al. (2001) recorded a southwards shift of the summer sea ice margin and Klitgaard Kristensen 

et al. (2013) argued for generally increased sea ice cover, with the MIZ advancing towards the 

south (Figure 8B). In the northern Fram Strait, Müller et al. (2009) found very low (almost 

absent) amounts of brassicasterol and increased concentrations of IP25, which also indicates a 

more general southwards advance of the minimum sea ice edge at this time (Figure 8B). 

During winter, we suggest that the maximum sea ice edge ranged between 76 - 77° N or, at 

least, further south compared to the early Holocene (Figure 8A-B) and corresponds well to the 

sea ice conditions inferred from IP25 measurements at the continental slope of western 

Svalbard (Müller et al., 2012) (Figure 8B). In the western Barents Sea, however, IP25 was 

mainly absent, reflecting predominantly ice free conditions during this interval (Berben et al., 

2014) (Figure 8B). 
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5.3 Stratified water masses and long icy winters ca. 2200 – 0 cal yr BP 

The general decrease of N. pachyderma and increased relative abundances of subpolar 

foraminifera, indicate a returned influence of Atlantic water during the late Holocene. In 

addition to the overall observed trend, the planktic foraminiferal concentrations and fauna 

show additional fluctuations that argue for intervals of varying Atlantic water influence, an 

observation supported by an overall depleting trend and periods of even more depleted δ
18

O 

values. These observations agree well with previous reports of more unstable oceanographic 

conditions throughout the late Holocene with episodic increases in Atlantic water into the 

northern Barents Sea (Duplessy et al., 2001; Lubinski et al., 2001), the western Barents Sea 

(Wilson et al., 2011; Berben et al., 2014) and the Svalbard margin (Jernas et al., 2013; Werner 

et al., 2013) (Figure 1). 

An overall depletion in δ
13

C values indicates enhanced stratification between the surface and 

sub-surface layers. A similar trend was found within the northern Barents Sea after ca. 3000 

cal yr BP and was attributed to decreased ventilation and/or decreased primary production 

(Duplessy et al., 2001; Lubinski et al., 2001; Risebrobakken et al., 2011) (Figure 1). In 

addition, Werner et al. (2013) suggested that gradually decreasing δ
13

C values at the West 

Svalbard margin could also be related to the density-driven downward migration of N. 

pachyderma as a response to the less-ventilated sub-surface waters (Kozdon et al., 2009) 

(Figure 1). The latter is suggested to be a result of the thickening of the surface layer due to 

the influence of sea ice and a freshening of the uppermost surface water layer. Werner et al. 

(2013) also found a similar increased in G. uvula throughout the late Holocene and noted 

similar findings at the south-west Svalbard margin (Rasmussen et al., 2007) (Figure 1) which 

were attributed to an increased contribution of cool productive coastal waters according to 

Husum and Hald (2012). A similar increased relative abundance of G. uvula was found in the 

western Barents Sea throughout the last ca. 1100 cal yr BP (Berben et al., 2014), and this was 

associated with slightly reduced salinities (Figure 1). However, since G. uvula is a rather 

small species, the increased relative abundance could also be created by the advection of tests 

by Atlantic water transport. 

An increase in sea ice during the late Holocene is also indicated from the biomarker (IP25) 

data. Previously, Berben et al. (2014) reported increased IP25 concentrations throughout the 

last ca. 1100 cal yr BP in the western Barents Sea, arguing for a south-westwards 

transgression of the sea ice edge (Figure 1). Further, and consistent with the episodes of 
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elevated planktic foraminiferal concentrations, the biomarker and TOC data also reveal 

episodes where the general trend is amplified (i.e. simultaneous increase in sea ice and 

phytoplankton biomarkers), most likely indicating intervals of intensified primary production. 

An intensified sea ice cover with intervals of sea ice fluctuations was also observed in the 

eastern Fram Strait throughout the last 3000 cal yr BP (Müller et al., 2012) (Figure 1). 

Compared to the early Holocene, the observed sub-surface warming versus a sea surface 

cooling might seem contradictory, but indicates that the late Holocene was most likely 

characterized by a strong vertical stratification and a decoupling between the atmosphere and 

the oceanic sub-surface. Summer insolation was lower during the late Holocene resulting in 

cooler atmospheric temperatures and potentially enhanced sea ice production and/or reduced 

sea ice melt. In addition to the stronger vertical stratification of the water column, the 

increased sea ice cover probably also limited the heat flux between the atmosphere and the 

sub-surface water masses. In terms of seasonality, we suggest that relatively long spring 

seasons with extensive sea ice cover and maximum IP25 would have been followed by shorter 

(and probably cooler compared to previous periods) summers with lower phytoplankton 

production (brassicasterol) (Figure 8C). Overall, the site was characterized by an extensive 

sea ice cover with the maximum (and possibly minimum) sea ice edge further south of the 

core site (Figure 8C). Our observations and interpretations are also consistent with intensified 

sea ice occurrence in the northern Barents Sea (Duplessy et al., 2001; Klitgaard Kristensen et 

al., 2013), increasing sea ice cover in the Fram Strait (Müller et al., 2009; 2012) and the 

western Barents Sea (Berben et al., 2014) (Figure 8C). Finally, we note that concentrations of 

IP25 and brassicasterol in surface sediment material from a nearby location (78.39° N, 32.07° 

E; Navarro-Rodriguez, 2014) are, respectively, slightly lower and higher than those in the 

upper sections of the NP05-11-70GC core. We interpret these data as representing a slight 

reversal in the extent of spring sea ice cover during recent decades (Figure 8D) and a return to 

more open water conditions during summer (c.f. Mid Holocene). Of course, precedent for 

such a reversal in sea ice extent is evident during the last ca. 100 yr from observational 

records (Divine and Dick, 2006), but the biomarker data provide further evidence that sea ice 

cover likely exceeded the modern extent during the (pre-industrial) late Holocene (Figure 8C). 
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5.2.1 Sub-surface warming versus increased sea ice extent 

The observed increase in sea ice extent corresponds well with the overall cooling throughout 

the late Holocene as recorded previously by various Arctic terrestrial (e.g. Bjune et al., 2009; 

Kaufman et al., 2009), ice core (e.g. Kaufman et al., 2009; Divine et al., 2011) and marine 

records (e.g. Slubowska et al., 2005; Skirbekk et al., 2010). The overall increased sea ice 

extent is most likely a direct result of the low insolation directly affecting the sea surface, 

possibly strengthened by a negative solar irradiance anomaly between ca. 2850 and 2600 cal 

yr BP which would have triggered the increased sea ice extent and decreased ventilation of 

the sub-surface waters. The probability of such a mechanism was illustrated further by a 

modelling experiment performed by Renssen et al. (2006). 

The increased influence of Atlantic water inflow also correlates well to previous studies 

arguing for warmer sub-surface water masses throughout the late Holocene in the Barents Sea 

(Lubinski et al., 2001; Duplessy et al., 2005; Risebrobakken et al., 2010; Wilson et al., 2011) 

and at the Svalbard margin (Jernas et al., 2013; Werner et al., 2013). The increased Atlantic 

water influence is attributed to prevailing positive North Atlantic Oscillation (NAO) 

conditions, amplified by stronger stratification among the upper layers (Lubinski et al., 2001; 

Duplessy et al., 2005). 

As it is suggested here that a positive NAO situation could have forced the general increased 

influence of Atlantic water, it might be that even more pronounced positive NAO conditions 

caused the observed intervals showing amplified conditions of Atlantic water inflow. Thus, 

Duplessy et al. (2005) correlated their minor fluctuations in temperatures to centennial to 

millennial-scale variations in the intensity of westerlies in the North Atlantic. These intervals 

also show further elevated levels of sea ice and phytoplankton biomarker concentrations. 

Müller et al. (2012) observed similar in-phase fluctuations of IP25 and phytoplankton 

biomarkers in the eastern Fram Strait and assumed that they might have been triggered by a 

temporarily strengthened inflow of Atlantic water and/or changed atmospheric circulation 

pattern and also argue that positive NAO-like conditions could have prevailed during intervals 

of elevated biomarker contents. 
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6 Conclusions 

Holocene palaeoceanographic evolution in the northern Barents Sea has been reconstructed 

using multi-proxy data obtained from a marine sediment core taken from the Olga Basin. The 

observed changes of Atlantic water inflow and seasonal sea ice cover have illustrated natural 

oceanic variability and some possible physical driving forces and aspects of ocean-sea ice-

atmosphere dynamics are discussed. Three major palaeoceanographic settings can be 

summarised as follows: 

 

The early Holocene (ca. 9500 – 5800 cal yr BP) 

Overall warm subpolar conditions, i.e. a pronounced inflow of Atlantic water, a reduced 

seasonal sea ice cover and an increased primary production, were determined, primarily, by 

the high summer insolation. The core site was influenced by Atlantic water entering the 

Barents Sea via the NCaC through the BSO which caused an increased heat flux between the 

ocean and the atmosphere. This led to an active ocean feedback mechanism that contributed to 

a reduced sea ice extent. Seasonally, the interval was characterised by short spring seasons, 

long productive summers and potentially less variability in sea ice. Some differences in the 

timing of the HTM between ca. 9300 and 5800 cal yr BP are attributed to proxy-specific 

responses. We suggest that sea ice responded most directly to solar insolation at the sea 

surface, whereas sub-surface water masses were more influenced by the inflow of Atlantic 

water. Stable isotopes (foraminifera) responded to changes in temperature and salinity 

changes, whereas the planktic foraminiferal distributions also depended on food availability. 

Furthermore, the latter two proxies reflect different seasons throughout the year and/or 

different depth habitats. 

The mid Holocene (ca. 5800 – 2200 cal yr BP) 

In this interval, an overall cooling trend was characterized by cold Arctic water, well-

ventilated water masses and an advanced seasonal sea ice cover. These are associated with the 

Neoglacial cooling, consistent with reduced summer insolation at high latitudes. Due to the 

lowered summer insolation, reduced atmospheric temperatures likely affected sea surface 

conditions and increased sea ice production. This interval was also characterized by a general 

increase southwards in sea ice edge position during winter and summer. 
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The late Holocene (ca. 2200 – 0 cal yr BP)  

This period was marked by an increased Atlantic water inflow, enhanced stratification and 

extensive seasonal sea ice cover. The overall increased sea ice cover was probably induced by 

lowered insolation. The observed sub-surface warming and sea surface cooling co-existed due 

to a decoupling between the atmosphere and the ocean, with the sea ice acting as a barrier 

between the two. Long spring seasons with extensive sea ice cover were followed by 

relatively short and less productive summers. Sea ice distribution was at its greatest extent 

within the entire record. Some reversal of sea ice expansion is proposed in recent decades. 

Elevated levels of Atlantic water inflow, primary production and seasonal sea ice cover 

suggest more unstable oceanographic conditions. These intervals are attributed to more 

pronounced positive NAO-like conditions that amplified the general trends. 
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Figure captions 

Table 1: Depth-age model of NP05-11-70GC calibrated using Calib 6.1.1 (Stuiver and Reimer, 1993), the 

Marine09 calibration curve (Reimer et al., 2009) and a local reservoir age (∆R) of 105 ± 24 after Mangerud et al. 

(2006). 

Figure 1: The modern oceanography is presented on a bathymetric map of the Barents Sea area. The core 

location of NP05-11-70GC is indicated by a green circle, whereas previously published records are indicated by 

number: 1) Risebrobakken et al. (2010) 2) Wilson et al. (2011) 3) Berben et al. (2014) 4) Sarnthein et al. (2003) 

5) Rasmussen et al. (2007) 6) Müller et al. (2012); Werner et al. (2013) 7) Skirbekk et al. (2010); Jernas et al. 

(2013) 8) Müller et al. (2009) 9) Slubowska et al. (2005); Jernas et al. (2013) 10) Klitgaard Kristensen et al. 

(2013) 11) Lubinski et al. (2001) 12) Duplessy et al. (2001); (2005) 13) Risebrobakken et al. (2011) 14) 

Duplessy et al. (2005). Northern Barents Sea Opening (NBSO), Barents Sea Opening (BSO), Barents Sea Exit 

(BSX). A) The main surface currents (Hopkins, 1991). Atlantic water (red): Norwegian Atlantic Current 

(NwAC), North Cape Current (NCaC), West Spitsbergen Current (WSC), Return Atlantic Current (RAC), 

Yermak Branch (YB) and Svalbard Branch (SB). Polar water (blue): Bear Island Current (BIC) and East 

Spitsbergen Current (ESC). Coastal water (black): Norwegian Coastal Current (NCC). B) Seasonal sea ice extent 

(April (blue) and August (orange)) for the period 1981 – 2010 (National Snow and Ice Data Centre (NSIDC) 

Boulder Colorado, www.nsidc.com). The observed sea ice extent for April (dotted) and August (dashed) from 

historical data for four sub periods between 1870 and 2002: 1870 – 1920 (red), 1921 – 1961 (yellow), 1962 – 

1988 (pink) and 1989 – 2002 (black) (Divine and Dick, 2006). 

Figure 2: Temperature (black) and Salinity (grey) profile at the NP05-11-70GC core site (78.40° N, 32.42° E). 

Water masses are defined according Gammelsrød et al., 2009. 

Figure 3: Depth-age model of NP05-11-70GC. A) Calibrated radiocarbon ages plotted versus depth with a linear 

interpolation between the dated levels. Error bars indicate the sampled depth intervals and a 2-σ error on the 

calibrated ages. B) Sedimentation rate versus depth. C) Resolution range versus depth. 

Figure 4: Planktic foraminiferal concentration, flux and preservation indicator analysis versus calendar years BP. 

The black diamonds on the Y-axis denote the AMS 
14

C converted to calibrated radiocarbon ages. The in grey 

highlighted periods are characterized by an increased influence of Atlantic water. A) Total planktic foraminiferal 

concentration (line) and flux (fill) versus age. B) Planktic foraminiferal fragmentation versus age. C) Mean shell 

weight of N. pachyderma versus age. 

Figure 5: Planktic foraminiferal fauna analysis versus calendar years BP. The black diamonds on the Y-axis 

denote the AMS 
14

C converted to calibrated radiocarbon ages. The in grey highlighted periods are characterized 

by an increased influence of Atlantic water. A) Total planktic foraminiferal concentration (line) and flux (fill) 

versus age. B-G) Species-specific relative abundance (line) and flux (fill) versus age. H) July insolation at 78° N 

(Laskar et al., 2004) (note the reversed axis) versus age. 

Figure 6: Stable isotopes analysis performed on N. pachyderma versus calendar year BP. The black diamonds on 

the Y-axis denote the AMS 
14

C converted to calibrated radiocarbon ages. The in grey highlighted periods are 

characterized by an increased influence of Atlantic water. A) δ
18

O measurements corrected for ice volume effect 

after Fairbanks (1989) versus age. B) δ
13

C measurements versus age. C) July insolation at 78° N (Laskar et al., 

2004) (note the reversed axis) versus age. 

Figure 7: Biomarker analysis versus calendar years BP: biomarker-specific fluxes (fill) and concentrations 

normalized to sediment (black line) and to total organic carbon (grey line). The black diamonds on the Y-axis 

denote the AMS 
14

C converted to calibrated radiocarbon ages. The in grey highlighted periods are characterized 

by an increased influence of Atlantic water. A) Sea ice biomarker IP25 versus age. B) Phytoplankton biomarker 

brassicasterol versus age. C) Total organic carbon versus age. D) PBIP25 (fill) and July insolation at 78° N (line) 

(Laskar et al., 2004) (note the reversed axis) versus age. 

Figure 8: Scenarios of the proposed biomarker production (scheme) and seasonal sea ice distribution (map) 

scenarios at the NP05-11-70GC core location (green circle). A-C) Proposed biomarker production and seasonal 

sea ice distribution scenarios for, respectively, the early Holocene, the mid Holocene and the late Holocene. The 

shaded areas represent the proposed variability of the sea ice edge whereas the numbers indicate the core 

locations of previous studies: 1) Berben et al. (2014), 2) Müller et al. (2012), 3) Müller et al. (2009), 4) Klitgaard 

Kristensen et al. (2013), and 5) Duplessy et a. (2001). D) Present day situation based on mean sea ice extent 

http://www.nsidc.com/
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(1981 - 2010) for March (black), April (blue) and August (orange) (National Snow and Ice Data Centre (NSIDC) 

Boulder Colorado, www.nsidc.com).  

http://www.nsidc.com/
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Table 1 

 

Lab ID Core depth 

(cm) 

Material Uncorrected  

AMS 14C age 

1σ Calibrated age 

2-σ range 

Calibrated age used in  

depth-age model (cal yr BP) 

Beta-331327 47 - 53 Benthic foraminifera 2780 30 2281 - 2496 2389 

Beta-346803 77 - 82 Benthic foraminifera 6110 40 6298 - 6536 6417 

Beta-331328 132 - 137 Benthic foraminifera 8870 50 9307 - 9527 9417 

Beta-331329 223 - 240 Benthic foraminifera > 43500    
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