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Abstract 

Two sediment cores HH14-002 GC and HH12-930 GC from Vestnesa Ridge in the eastern part of 

Fram Strain have been investigated to reconstruct the paleoclimate and paleoceanographic 

conditions during the last ~37,000 years, and to study possibly changes in emission of methane 

from the seabed through time. Core HH14-002 GC was taken from outside a pockmark, while 

core HH12-930 GC was taken from inside the pockmark.   

The two sediment cores HH14-002 GC and HH12-930 GC were divided into six lithological 

units based on the differences in magnetic susceptibility, lithology, concentration of IRD, grain 

size distribution and results from stable isotope analysis. HH14-002 GC show a similarity in 

magnetic susceptibility and lithology to the sediment cores in the study by Jessen et al. (2010), 

while HH12-930 GC show mainly similarity in lithology.  

An age model could be established by correlating the results from HH14-002 GC and HH12-930 

GC with Jessen et al. (2010). The age of the cores ranges from 37,829 to 14,070 cal. yr BP, and 

covers intervals from the mid-Weichselian to early Holocene. Deposition of mass transported 

sediments in HH14-002 GC and HH12-930 GC indicates that the Svalbard-Barents Sea Ice Sheet 

reached the shelf break at ~23,820 cal. yr BP, and is a sign of a fully glaciated shelf. After the 

deglaciation (~20,101 cal. yr BP) and the Heinrich event 1 (~17,652 cal. yr BP) fine-grained 

laminated sediments were deposited between 14,780 and 14,300 cal. yr BP by turbid meltwater 

plume. Due to increased bottom currents, parts of the Holocene is missing from HH14-002 GC.   

Based on the foraminiferal assemblage distribution, concentration of IRD, stable isotope 

analysis and the age model the paleoceanographic conditions could be reconstructed. The 

results indicate influence of Atlantic intermediate water during the upper stage of the mid-

Weichselian, and during the LGM, where the productivity was high with presence of seasonal 

sea-ice in the area. During Heinrich event 1 the water column was stratified and the productivity 

was low. The influence of Atlantic water was reduced, and the conditions were unstable. During 

the Bølling/Allerød Interstadials the conditions were slightly improved. The water column was 

less stratified, however, a layer of melt water was still present in the area. During the Younger 

Dryas, the surface layer was covered by a low-salinity melt water layer. 

Six periods with negative δ13C values from HH12-930 GC, which was retrieved from a 

pockmark, are interpreted to be caused by methane seepage. Three of the event can be linked 

to interstadial periods, and possibly methane seepage was caused by a combination of glacial 

retreat, increased sea level, eustatic unloading and seismic activity. 
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1. Introduction 
 

2. 1 Objectives 
 

The aim of this study is to reconstruct paleoclimate and paleoceanographic conditions of 

Vestnesa Ridge, and investigate changes in the gas activity related to changes in climate and 

oceanography during the last 30,000 years. 

 

 

1. 2 Background 
 

1. 2. 1 The Svalbard archipelago and continental slope 

 

The archipelago Svalbard is located between Norway and the North Pole in the north-

western Barents Sea (Figure 1). The total area of Svalbard is 62,160 km2. The archipelago 

stretches from 74°-81°N, and 10°-35°E, and consist of together seven larger islands; 

Spitsbergen, Nordaustlandet, Barentsøya, Edgeøya, Kong Karls Land, Prins Karls Forland and 

Bjørnøya (Ingólfsson, 2004). Approximately 60 % of Svalbard is covered by glaciers, where 

most of them terminate into the sea. The margin of Svalbard is characterized by a relatively 

narrow shelf, which is between 60 and 85 km wide, and extends approximately 1000 km in a 

north-south direction, with a relatively steep slope (up to 5°) (Elverhøi, et al., 1995; Faleide, 

et al., 1996). Due to dry climate in the central part of Spitsbergen, the glaciers are relatively 

small, compared to the west and east coast, where large valley glaciers and ice caps are 

more frequent (Ingólfsson, 2004). The north eastern part of Spitsbergen can be described as 

a polar desert due to a very dry climate (Ingólfsson, 2004). 
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Figure 1:  1: Overview map of the Nordic seas and eastern Arctic Ocean (modified from Jakobsen et al., 2012). 2: Bathymetry 
of western Svalbard margin. The red box shows the location of the study area.  
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1. 2. 2 Oceanography 
 

Fram Strait is situated between Svalbard and east Greenland, and is considered to be the 

most important connection between the Arctic Ocean and the North Atlantic Ocean (see 

Figure 1.1), and a is an ideal place to monitor the interoceanic exchange of heat, salt and 

volume (Quadfasel, et al., 1978; Quadfasel, et al., 1987). The Fram Strait is the only deep 

passage between the Arctic Ocean and the Greenland and Norwegian seas that permits 

exchange of deep water over a sill at about 2500 m (Rudels, et al., 1994). On the western 

side of the Fram Strait the sea ice is exported from the Arctic Ocean by the East Greenland 

Current (EGC) into the Greenland Sea (Quadfasel, et al., 1987). The eastern side is however 

ice-free almost throughout the year (Quadfasel, et al., 1987). The upper layers in the Fram 

Strait undergoes seasonal variations in temperature and salinity, due to local heating, 

melting and freezing effects (Quadfasel, et al., 1987). The Barents Sea is dominated by three 

water masses: coastal water, Arctic water and Atlantic water (Hald, et al., 1989; Loeng, 1991) 

(Table 1). 

 

Names of the water masses                          Characterististics of the water masses  

Main water mass   T, °C 

 

S (‰) 

Coastal Water (CW)  >2.0 <34.7 

Atlantic Water  

Atlantic Intermediate Water  

(AW) 

(AIW) 

 >3.0 

0 – 3  

>35.0 

34.7 – 34.9 

Arctic Water (ArW)  <0.0 34.3 – 34.8  

     

Table 1: Name, temperature and salinity of the water masses in the Barents Sea (modified from Loeng, 1991). 
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Atlantic Water (AW) transports salt and heat to the Arctic Ocean (Manley, 1995). It is 

transported by the North Atlantic Current (NAC), and continues as the Norwegian Atlantic 

Current (NwAC) (Figure 2) by following the continental slope of the Norwegian margin 

(Johannessen, 1986). The current continues north, where it splits into an easterly and a 

northern branch (Manley, 1995). One part branches off into the Barents Sea, the other flows 

northward and follows the slope to the Spitsbergen region (Johannesen, 1986). The northern 

branch, the West Spitsbergen Current (WSC), transports the Atlantic Water into the Arctic 

Ocean through the Fram Strait. This inflow is considered to be the major oceanic heat source 

for the Arctic Ocean (Aagaard & Greisman, 1975; Swift & Aaagard, 1981), and maintain ice-

free conditions on the west and north of Spitsbergen to around 80°-82° N (Aagaard, et al., 

1978). Towards the north and east in the Barents Sea, there is a general temperature 

decrease (Hald et al. 1989), and heat loss to the atmosphere and to sea ice (Rudels, et al., 

2005). The Atlantic Water is submerged below the colder, less saline Arctic Surface Water 

around 78° N in the Fram Strait (Johannessen, 1986), where it becomes an intermediate 

water mass, which is often referred to as Atlantic Intermediate Water (e.g Swift, 1986). This 

water mass has a temperature between 0° – 3 °C  and salinity between 34.7‰ to 34.9‰ 

(Swift & Aaagard, 1981). The water mass flows along the bathymetry of the western 

continental slope of Svalbard (Aagaard, K., 1975), and splits into three branches at 79.5°N 

(Manley, 1995). Below these water masses flows cold (-0.9°9 and more saline (>34.91 ‰) 

water, which is identified as Norwegian Sea Deep Water, and flows northward in the deep 

West Spitsbergen Current (Aagaard, et al., 1985; Rudels, et al., 2000; Langehaug & Falck, 

2012). This is however episodically; it is produced during winter by freezing and brine 

release in the Barents Sea and Storfjorden (Quadfasel, et al., 1988; Scahuer, 1995). These 

cold and dense plumes flow down the continental slope, entering the Atlantic Water, and 

entering the ambient water and the intermediate water as well (Quadfasel, et al., 1988). Ice 

export has been recognized as an important factor influencing the formation of North 

Atlantic Deep Water (NADW) (Aagaard & Carmack, 1989; Oppo & Lehman, 1995; Bischof & 

Darby, 1997). If the ice export increases, the salinity will decrease, and so will the deep 

water formation (Darby, et al., 2002). Atlantic Water is carried southward in the subsurface 

Atlantic Return Current, and is transported at the western side of Fram Strait as a part of the 

East Greenland Current (EGC) (Paquette, et al., 1985). 
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The Atlantic Water is relatively warm (>3° C) with salinity slightly above 35 ‰ (Coachman & 

Barnes, 1963). The Atlantic Layer is defined to range in depth from c. 200 m to between 600 

m to 800 m with temperatures >3°C (Coachman & Barnes, 1963). The Coastal Water has a 

temperature similar to the Atlantic Water (<2° C), but a lower salinity (<34.7 ‰) (Loeng, 

1991). 

Arctic water is characterized by temperature below 0°C and with salinity between 34.3-

34.8‰, while the core has a temperature of <-1.5°C and a salinity between 34.4 and 34.7‰ 

(Loeng, 1991), and dominates the upper part of the water column north of the Polar Front 

(Pfirman et al., 1994). North of the polar front, sea ice covers the region from fall to early 

summer (Pfirman et al., 1994), where it eventually retreat towards north and leaves a thin 

layer of surface water that is warmed by solar radiation (Mosby, 1938; Loeng, 1980; Loeng, 

1991). The water mass occupies the upper 150 m of the water column during winter, 

however, during summer it is covered by 5-20 m thick melt water with low salinity (31.0-

34.2‰) (Loeng, 1991).  

The Polar Front separates the cold, low-salinity polar waters (Arctic Water) from warmer and 

more saline waters (Atlantic Water), and constitutes the upper layer of the East Greenland 

Current (EGC) (Aagaard & Coachman, 1968; Foldvik, et al., 1988). The present position of the 

Polar Front is south and east of Greenland (Rudiman & McIntyre, 1981). Polar Water has 

salinity less than 34.4 ‰ and low temperatures (<0°C), however, the summer temperatures 

can reach 3° to 5°C since the layer is thin and strongly stratified (Swift & Aaagard, 1981). 

The input of North Atlantic Deep Water (NADW) is an important mechanism for the global 

thermohaline circulation (Dickson & Brown, 1994), and is formed when warm, upper-layer 

water gradually cools with increasing latitude (Böning, et al., 1996). 

 



6 
 

 

Figure 2: Overview map with the major surface currents in the Nordic Seas and around Svalbard. (Figure modified from 
Rasmussen et al., 2007). 
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1. 2. 3 Glacial history of Svalbard and the Barents Sea 
 

The investigation of the growth and retreat and the extent of the Barents Sea Ice Sheet 

(BSIS) throughout time has increased during the last decades, with focus on the Late 

Weichselian (Boulton, 1979; Landvik, et al., 1988; Andersen, et al., 1996; Mangerud, et al., 

1996; Landvik, et al., 1998; Jessen, et al., 2010). 

Results indicate that the Barents Sea has been subject to several glaciations (Sættem, et al., 

1992) during the last 2.6 Ma (Ma=106) (Larsen, et al., 1994; Myhre, et al., 1995), with intense 

erosion of the seafloor (Dimakis, et al., 1998). During the Late Weichselian unlithified glacial 

sediments together with glaciomarine diamicton were deposited in the Barents Sea (Faleide, 

et al., 1996). The timing of the onset of the maximum extent of the ice sheet has been 

debated. According to Elverhøi et al (1995) the ice sheet of the western Svalbard and north-

western Barents Sea advanced in two steps. The first advance was estimated to occur at 

approximately 26.9 calendar (cal) ka yr BP (22610±200 14C yr B P). A decline in δ13C and 

increased ice rafted debris (IRD) concentration on the western margin indicates the onset of 

glacial advance to the shelf at around 27 cal. ka yr BP (Jessen, et al., 2010). IRD is normally 

defined as terrigenous, coarse material (> 500 µm, or sometimes >63 µm) randomly 

distributed in deep – sea sediments (Elverhøi, et al., 1995). They are considered to be too 

heavy for transportation of ocean current (Ruddiman, 1977; Bond, et al., 1993; Andrews, 

2000). The IRD can be transported by sea ice and/or icebergs, or as a result of mass 

transport deposition. The Barents Sea Ice Sheet increased in size between 27 and 22.5 cal. ka 

yr BP with establishment of open-water between the Fram Strait and the North Atlantic 

Ocean, and with an increase in precipitation (Hebbeln, et al., 1994; Andersen, et al., 1996). 

Around 26 cal. ka yr BP the global sea level had almost reached its minimum (~120 meter), 

which in time correlates with the ice sheet advance to the shelf break (Peltier & Fairbanks, 

2006). The second advance occurred at 22.2 cal. ka yr BP (18860±150 14C yr BP), where the 

ice sheet reached the shelf edge (Elverhøi, et al., 1995; Andersen, et al., 1996; Dowdeswell & 

Elverhøi, 2002). At the same time the influence of Polar surface Water increased, indicated 

by decrease in magnetic susceptibility and high percent of the polar foraminifera species 

Neogloboquadrina pachyderma (s) (Jessen, et al., 2010). Jessen et al (2010) proposed that 

ice sheet reached the shelf break at the beginning of the Last Glacial Maximum (LGM 24 – 20 
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cal ka BP), and the shelf edge around 23.8 cal. ka years BP, where the entire western shelf of 

Svalbard was fully glaciated (Figure 3).  

During the LGM ice streams drained the Barents Sea Ice Sheet, which was mainly controlled 

by topography (Landvik, et al., 1998; Ottesen & Dowdeswell, 2009) (Figure 4). The ice sheet 

was thinner over the north-western part of Svalbard, so the ice sheet drained mainly along 

the major fjords, e. g. Kongsfjorden and Isfjorden (Landvik, et al., 2005). Between 24 and 

23.5 cal. ka yr BP mass transport sediments with low magnetic susceptibility (see 3.2.2) were 

deposited on the western Svalbard slope (Jessen, et al., 2010), which is taken as a diagnostic 

signal of a fully glaciated shelf (Laberg & Vorren, 1995; Vorren & Laberg, 1997; King, et al., 

1998; Dowdeswell & Elverhøi, 2002). The ice sheet remained on the shelf edge for at least 

3.0 ka years (Elverhøi, et al., 1995). Elverhøi et al (1993) propose that right after the Barents 

Sea Ice Sheet reached its maximum the disintegration started due to rising sea level.  

 

Figure 3: Reconstruction of the Eurasian Ice Sheet limit during the Last Glacial Maximum (LGM) (From Svendsen et al., 
2004a).   

The eastern and northern Barents Sea margin area were characterized by a relative high 

sedimentation rate (2-10 cm/ka), high fluxes of planktonic foraminifera and IRD, which could 

indicate ice-marginal to frequently open water-conditions with drifting icebergs (Nørgaard-

Pedersen, et al., 2003). High values of δ18O (4.5-4.8‰) in the Fram Strait suggest a near 

surface Atlantic Water mass (Nørgaard-Pedersen, et al., 2003). Nørgaard-Pedersen et al 
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(2003) reported decreased δ18O values from the central Fram Strait-Yermak Plateau-

Northern Barents Sea region during the late stage of the LGM (18.5-16 cal. ka yr BP). This 

decrease reflects an abrupt lowering of regional surface water salinities, which conceivably 

was caused by a discharge of isotopically light meltwater from the Barents Sea Ice Sheet 

during the early deglaciation (Jones & Keigwin, 1988; Elverhøi, et al., 1995), and possibly the 

Arctic Laurentide and the Innutitian Ice Sheet (Darby, et al., 2002).  

 

 

Figure 4: Reconstruction of the ice streams of the Late Weichselian Barents Sea Ice Sheet on the western and northern 
margin of Svalbard (Figure from Ottesen et al., 2007). 

Around 20.5 cal. ka year BP, when the inflow of Atlantic water was reduced and conditions 

were cold, the deglaciation began on the margin of Svalbard (Jessen, et al., 2010). On the 

northern and western part of Svalbard there was a constant presence of Atlantic Water at 

the bottom of the shelf since 15 cal ka BP (Ślubowska-Woldengen, et al., 2007). Jessen et al 

(2010) found a decline in δ18O-values, which is dated to occur 17.4 to 15.7 cal. ka yr BP. This 

event is found in the Fram Strait and in the Nordic Seas, where the Atlantic Water was 

reduced and stratified, due to a discharge of cold and relatively fresh water mass 
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(Rasmussen, et al., 1996a; Rasmussen, et al., 2007; Knies, et al., 1999; Bauch, et al., 2001). 

This event is correlated in time with the North Atlantic Heinrich Event 1 (Heinrich, 1988; 

Bond, et al., 1993) and linked to the deglaciation of Svalbard and the Barents Sea (e.g., 

(Jones & Keigwin, 1988; Elverhøi, et al., 1995; Andersen, et al., 1996). “Heinrich events” are 

cyclic episodes of icebergs discharge into the North Atlantic, which has been deposited since 

130,000 yr BP at a frequency of 6000-10,000 years (Heinrich, 1988). These brief events are 

also followed by a decrease of foraminiferal fluxes, sea surface cooling, and a distinct 

decrease in planktic δ18O, which can be an evidence of reduced surface salinities caused by 

melting of drifting ice (Bond, et al., 1992; Bond, et al., 1993). All these events, together with 

the influx of ice rafted debris are showed by Bond et al (1993) to coincide with cold stadials, 

and can be used as a marker for correlations among marine cores (Bond, et al., 1993). Jessen 

et al (2010) suggest that the meltwater layer was associated with extensive sea ice cover 

over the Svalbard margin, due to the fact that the low δ18O-values are accompanied by low 

to moderate concentration of IRD as well as low sedimentation rates. They suggest that the 

meltwater did not come from the Svalbard-Barents Sea Ice Sheet, but instead most likely 

came from the southern part of the retreating Fennoscandian Ice Sheet. After this event the 

flow of Atlantic Water resumed, and sedimentation rates and the concentration of IRD 

increased west of Svalbard (Jessen, et al., 2010). Prior to these catastrophic events, warmer 

periods (interstadial) tends to occur (Andersen, et al., 2004). These events, termed 

Dansgaard – Oeschger events, have been identified from oxygen isotopes from ice cores 

from Greenland, and shows twenty – four abrupt temperatures changes from the last 

interglacial, Eemian, to the Holocene. Bond et al (1993) reports that the Dansgaard – 

Oeschger events lasts for 6000 – 10, 000 years, where a gradual cooling is followed by a 

sudden warming, which forms a characteristically asymmetrical saw tooth shape. 

 According to Elverhøi et al (1995) the retreat of the ice sheet also occurred in two steps. The 

first began at 17.5 cal. ka yr BP (14815±180 14C yr BP) and the second between 14.8 cal. ka yr 

BP and 13.9 cal. ka yr BP (13040 and 12485±110 14C ka yr BP, respectively) where the ice 

sheet retreated from the inner shelf. Andersen et al (1996) suggest that the early break-up 

of the ice sheet occurred during the Bølling Interstadial, based on a light peak in δ18O in 

slope sediments which is inferred as a meltwater signal. During the early Bølling interstadial 

the ice sheet retreated rapidly, and laminated sediments from meltwater plumes were 
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deposited on the Svalbard margin at approximately 14.4 cal ka yr BP (Jessen, et al., 2010). 

This is interpreted as a sign of rapid retreat of the ice sheet in the Barents Sea (Jessen, et al., 

2010). At the onset of Bølling-Allerød Interstadials the sedimentation rate and IRD 

concentration increased (Jessen, et al., 2010). The sedimentation rate for the Bølling-Allerød 

is estimated to be high (Jessen, et al., 2010). Jessen et al (2010) consider a rise in solar 

insolation (Figure 5) and eustatic sea level to be the possible cause of the increased calving 

and melting of the ice. On the lower shelf this period is characterized by low accumulation 

rates of fine –grained and ice –rafted sediments, which was not affected directly by the early 

phase of the deglaciation, while on the upper slope a relative high amount of coarse 

sediments were deposited at the same time (Elverhøi, et al., 1995). At this time the inflow of 

Atlantic Water was increased (Koç, et al., 1993; Hald & Aspeli, 1997), but isolated below a 

cold and low-saline meltwater layer (Ślubowska, et al., 2005; Ślubowska-Woldengen, et al., 

2007). This could indicate a higher rate of iceberg calving, which could have been, according 

to Dowdeswell et al (1992), kept close to the shelf edge due to strong coastal currents, and 

thus didn’t reach the deeper part of the continental slope (Elverhøi, et al., 1995). The 

increase of Atlantic Water could, in a combination with increased solar insolation and 

eustatic sea level, be a cause of the rapid glacial retreat of the Barents Sea (Jessen, et al., 

2010). During this period there was extensive sea ice cover, and the productivity was low 

(Ślubowska, et al., 2005). The concentration of IRD transported from the inner shelves of 

Svalbard and the Barents Sea increased after the meltwater event (Jessen, et al., 2010). The 

ice sheet had a minor re-advance on the shelf west of Svalbard around 13.9 cal. ka yr BP 

(Calibrated by using Reimer et al., 2013;  12510±90 14C yr BP) (Elverhøi, et al., 1995).  

 

Figure 5: July Solar insolation [Wm-2] at 65°N-80°N (Berger  Loutre, 1991), during the last 18 000 cal yr BP (Ślubowska-
Woldengen, et al., 2007). 
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Throughout the Younger Dryas (12.6-11.5 cal. ka yr BP) the bottom waters had decreased 

temperature and salinity (Ślubowska-Woldengen, et al., 2007). This relatively cold period 

was characterized by low sedimentation rates, increased ice cover, and low biogenic 

production which reduced the concentration of foraminifera (Hald & Aspeli, 1997). 

Moreover, the glaciers advanced on Svalbard (figure 6) and Norway due to rapid climate 

changes (Vorren & Lyså, 1997; Lehman & Forman, 1992). During the Younger Dryas-

Preboreal transition the oxygenation and nutrient depletion of the intermediate water 

increased (Hald & Aspeli, 1997). The flow of Atlantic Water to the western and northern 

Svalbard margin was strong during the Early Holocene (10.8-6.8 cal. ka yr BP), and was 

possibly due to increased solar insolation and wind force that enhanced the flux of Atlantic 

Water and/or thermohaline circulation (Ślubowska-Woldengen, et al., 2007). The 

accumulation of hemipelagic mud dominated the slope, and the deposition of ice-rafting 

material was low (Andersen, et al., 1996). The sea surface temperatures on the continental 

margin of West Spitsbergen were warmer from 11.2-8.8 cal ka years BP than at present 

(Hald, et al., 2004), and ice rafting from sea ice and icebergs were reduced (Rasmussen, et 

al., 2013). The glacier cover on Svalbard was significantly reduced during the Early and Mid-

Holocene (8.2 -4 cal. ka years BP) (Svendsen & Mangerud, 1992). Throughout the mid to late 

Holocene (6.8-1 cal. ka yr BP) the bottom water masses was fresher and colder, and the 

glacier re-advanced to the present-day conditions (Ślubowska-Woldengen, et al., 2007).  
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Figure 6: Figure from Mangerud and Landvik (2007) that shows the approximately limit of the Younger Dryas ice sheet, and 
the extent of the Barents Sea Ice sheet during the LGM (Last Glacial Maximum). 

 

1. 2. 4 Climate 
 

Even though Svalbard is situated far north, the mean temperature during winter is 

remarkably high, and temperatures above freezing can occur (Hagen, et al., 1993). The Mean 

Annual Temperature (MAT) is measured to be -6°C on the west coast of Svalbard (Hagen, et 

al., 1993; Hisdal, 1998). The temperature gets lower and more continental further inland on 

Svalbard (Hagen, et al., 1993), where the temperature can be as low as -15°C in the 

mountains (Ingólfsson, 2004).  

Relatively warm and saline water transported by the West Spitsbergen Current, a northern 

branch of the Gulf Stream, and large-scale air circulation is the reason for the mild climate 

(Hagen, et al., 1993). This also creates areas of open water-conditions during winter (Hagen, 

et al., 1993). The large-scale air circulation creates a low pressure area near Iceland, and 

high air pressure area over Greenland, which results in mild air that gets transported 

towards Svalbard (Hagen, et al., 1993).  



14 
 

Measurements from Isfjord Radio (Figure 7) shows that the mean annual temperature rose 

by 4°–5°C between 1912 and 1920 (Dowdeswell, et al., 1997). Between 1975 and 2000 the 

mean annual air temperature in Longyearbyen is -5.8°C (Ingólfsson, 2004).   

 

Figure 7: Metrological records from Isfjord Radio, Svalbard (78704°N, 13738°E) in mean July and mean annual temperature 
(from Dowdeswell et al., 1997). 

 

 

 

 

 

 

Figure 8: Metrological records of fluctuations in annual precipitation at Isfjord Radio, Svalbard (78704°N, 13738°E) (from 
Dowdeswell et al., 1997). 

In the central Spitsbergen, together with the eastern and western coast of Svalbard the 

precipitation is 400-600 mm (Figure 8), though near sea level the precipitation is relatively 

low with 200 mm (Ingólfsson, 2004). Due to the orographic effect, the precipitation is higher 

on the glaciers, but rarely exceed 2-4 meters of snow (Hagen, et al., 1993). 

The ice cover in the Fram Strait today is variable, with permanently and seasonally ice-free 

areas (Vinje, 1975; Vinje, 1985). 
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1. 3 Gas hydrates  
 

Gas hydrates, also called gas clathrates, are ice-like substrate which consists of light 

hydrocarbons, entrapped by a rigid cage of water molecules (Hustoft et al., 2009). Together 

with water, gas hydrates can be composed with different molecules; methane, which is the 

most common naturally occurring type of gas hydrate (Kvenvolden and McMenamin, 1980), 

ethane, propane, normal butane, nitrogen, carbon dioxide and hydrogen sulphide (Sloan, 

1998). Gas hydrates can be found in environments with high hydrostatic pressure and low 

temperature, typical stored in the pore space of the upper most depth zone of sediments at 

high latitude and on continental margins (Dickens et al., 1995; Haq, 1998; Hustoft et al., 

2009; Rajan et al. 2012). The zone where gas hydrates are stable lies between the sediment-

water interface and the sub-bottom depth where the geothermal transects the CH4-hydrate-

water equilibrium curve (Figure 9) (Kvenvolden, 1988), and depends on the profile and 

intercept (bottom water temperature) of the geothermal (Dickens et al., 1995). Due to the 

restricted conditions, the gas hydrates are confined to the upper few hundred meters of 

sediments, also called the gas hydrate stability zone (GHSZ) (Hustoft et al., 2009). The 

occurrence of gas hydrates below the permafrost in the Arctic has been established by 

petroleum exploration drilling, where marine and seismic studies together with Deep Sea 

Drilling Project cores have indicated the presence of gas hydrates in the sediment 

(Kvenvolden and McMenamin, 1980). On seismic data, gas hydrates can be recognized by an 

anomalous seismic reflector, which is commonly called a bottom-simulating reflector (BSR), 

where the base mimics the seafloor (Kvenvolden, 1988; Hustoft et al., 2009). The BSR 

coincides with the predicted transition boundary at the base of the gas hydrate zone 

(Kvenvolden, 1988). Methane formed during sediment burial is inclined to migrate towards 

the surface since it is buoyant (Judd and Hovland, 2007). According to Judd and Hovland 

(2007) low temperature and high pressure conditions favour the formation of gas hydrates 

that also inhibit migration in deep water. Mud diapirs and gas chimneys, which are 

associated with gas hydrates (Heggeland, 1996; Bünz et al., 2012) forms in some seabeds 

due to pressure that builds up in the sediment. As a result, pockmarks may be formed on the 

seafloor, or lead to seeps with no seabed morphological features (Judd and Hovland, 2007). 

Pockmarks are depressions in the seabed, which varies in sizes, however, the most common 

shape is standard circular and elliptical (Hovland and Judd, 1988). 
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Figure 9: The hydrate stability field in Polar Regions. This example if from offshore Norway, where the geothermal gradient 
is 50°C/km (Chand & Minshull, 2003). Figure from Chand and Minshull (2003). 

The CH4 originates from free gas, either from below the BSR or by being released from gas 

hydrate dissociation. Within the sulfate-methane transition zone (SMTZ) (Figure 10), which is 

typical a zone of few centimeters (Iversen & Jørgersen, 1986; Niewöhner, et al., 1998; 

Treude, et al., 2005), groups of methanotrophic archaea and sulfate-reducing bacteria can 

consume up to 90 % of the CH4 in the sediments, where the overall reaction is CH4+𝑆𝑂4
2− → 

𝐻𝐶𝑂3
−+HS-+H2O (Barnes & Goldberg, 1976; Borowski, et al., 1996; Boetius, et al., 2000; 

Hinrichs & Boetius, 2002; Treude, et al., 2003; Reeburgh, 2007). The depth of the SMTZ and 

the sulfate (𝑆𝑂4
2−) profile can be controlled by the intensity of the upward methane fluxes, 

if the sediment characteristics and the sulfate diffusion from seawater into the sediment are 

considered constant (Consolaro, et al., 2015). The precipitation of methane-derived 
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authigenic carbonate gives rise to negative δ13C values, and forms the production of 

bicarbonate from AOM: CA2++2𝐻𝐶𝑂3
− →CaCO3+CO2+H2O (Kulm & Suess, 1990; Greinert, et 

al., 2001; Snyder, et al., 2007). DIC derived from the oxidation of CH4 in the pore space of 

adjacent sediments are observed to give low δ13C values in benthic foraminifera tests 

(Wefer, et al., 1994; Rathburn, et al., 2003; Hill, et al., 2004b; Martin, et al., 2007; Panieri, et 

al., 2009; Panieri, et al., 2012; Panieri, et al., 2014). 

 

 

 

 

 

 

 

 

 

 

 

Figure 10: Schematic diagram showing how the SMTZ varies with the methane flux if the flux of sulphate (𝑆𝑂4
2−) from the 

seawater and the characteristics of the sediments are constant (Consolaro, et al., 2015). Figure modified after Borowski et al 
(1996) by Consolaro et al (2015. 

In recent years there has been more scientific attention regarding the gas hydrate in 

the Arctic and climate, since the warming of the Arctic occurs at a rate ~2 times faster than 

at lower latitudes (Graversen, et al., 2008). Methane reservoir are considered an important 

reservoir for organic carbon (Kvenvolden, 1988), and has a ~25 times higher global warming 

potential than CO2 (IPCC, 2007), which could potentially be released and enter the 

atmosphere and the ocean (Krey, et al., 2009). This can increase acidification and reduce 

oxygen concentration in the water column (Biastoch, et al., 2011). Gas hydrates also form a 

potential natural resource (Haq, 1998), and it is estimated that ~104 Gt of carbon is present 
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in the shallow geosphere at subsurface depth of <200 m (Kvenvolden, 1988), and free gas 

trapped beneath (Kennett, et al., 2000). In addition, to have an impact on global warming, 

the gas hydrates are a potential submarine geo-hazard, since changes in pressure and 

temperature affect their stability, which could lead to slope stability (Kvenvolden, 1993). Gas 

hydrate prevent sediments compaction, which due to climatic changes makes it an 

important factor in creating weak layers (McIver, 1982), and can result in methane to be 

released into the atmosphere and further contribute to climatic changes (Nisbet, 2002; 

Kennett, et al., 2003). The “Storegga Slide” complex is a submarine slide dated to ~8.2 ka yr 

BP (Halfidason, et al., 2004), and is considered to be the largest exposed submarine slide in 

the world (Bugge, 1983). The trigger to this enormous slide is thought to be sediment load 

and earthquake related to deglaciation (Bryn, et al., 2005). Also, reduced methane gas 

hydrate stability could have facilitated or contributed to the slope failure (Mienert, et al., 

2005). In the study by Mienert et al (2005) they discuss the sensitivity of gas hydrate stability 

in the Storegga Slide complex to changes in bottom water temperature and sea level since 

the Last Glacial Maximum (LGM), and if the hydrate stability was a result of post-glacial 

bottom warming. Methane hydrate provinces are widespread in the Arctic (Biastoch, et al., 

2011), and approximately >95 % of the Arctic’s gas hydrate reservoir exist in the deep water 

(Ruppel, 2011). Gas hydrates in ocean sediments are stable when water depths exceed 300 

meters and water temperatures approach 0°C (Figure 8) (Kvenvolden, 2000). They are found 

in outer continental margins in sediments on the slope and rise, where the temperature and 

bottom water is cold (Kvenvolden, 1998), and the pressure is high (Biastoch, et al., 2011). 

Recent discoveries suggest that the stability of the gas hydrates at ~400 meter is affected by 

current ocean warming in the Arctic Ocean (Shakhova, et al., 2010; Ferré, et al., 2012; 

Berndt, et al., 2014). In regions with presence of gas bubble-plumes a net increase of 1°C at 

400 meter water depth in the period 1975 to 2008 was observed (Westbrook, et al., 2009), 

while the West Spitsbergen Current showed a net increase of 0.8°C between 1997 and 2010 

in the Fram Strait (Beszyczynska-Möller, et al., 2012). A possibly increase in methane release 

activity in the eastern part of Vestnesa Ridge, offshore west of Svalbard, have been detected 

in 2010 (Bünz, et al., 2012) and in 2012 (Smith, et al., 2014). To reconstruct past marine 

methane emissions, analyses of carbon isotope (δ13C) of benthic foraminifera is used 

(Kennett, et al., 2000). In the past, release of methane from methane bearing hydrates in the 

sediments beneath the sub – seabed have contributed to rapid climate – warming event in 
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the Quaternary glacial – to – interglacial transitions (Kennett, et al., 2003). Thermal 

destabilization of methane hydrates are suggested to be linked to episodes of bottom – 

water warming, and may have driven abrupt decline in δ13C of oceanic dissolved inorganic 

carbon (DIC) (Kennett, et al., 2000; de Garidel-Thoron, et al., 2004; Hill, et al., 2004a). Millo 

et al (2005) reports negative planktic and benthic δ13C values between 40 and 85 ka in a 

sediment core from the southwester Greenland Sea. Negative values were observed at peak 

Dansgaard – Oeschger stadial 22 (85 ka), and matches a major peak in atmospheric CH4 

concentration. During this period Atlantic Intermediate water caused a bottom – warming of 

up to 8°C, which is suggested to be a trigger gas hydrate instability (Millo, et al., 2005). Smith 

et al (2001) concluded that there could be a parallel to negative δ13C values and 

deglaciations and the retreat of ice sheet, and linked the negative values to dissociation of 

gas hydrates  to reduction of ice load and intrusion of warm bottom water.  

In a study by Consolaro et al (2015), records of benthonic and planktonic foraminifera from 

Vestnesa Ridge have been investigated, and shows negative carbon isotope excursions (-

4.37‰) for the Bølling-Allerød interstadial and -3.41‰ for the Early Holocene. δ13C values of 

the last deglaciation from the Kara Sea have values from -0.5 to 0.3‰ (Lubinski, et al., 2001) 

and -1 to 0‰ in the northern Barents Sea (Wollenburg, et al., 2001). Surface sample of dead 

specimens of the benthic foraminifera Cassidulina neoteretis from the active Håkon Mosby 

mud volcano in the Barents Sea shows negative δ13C values (-1.65 to -2.82‰) (Mackensen, 

et al., 2006). The negative values in the Bølling-Allerød is interpreted to be due to methane-

derived authigenic carbonates (Consolaro, et al., 2015). Authigenic carbonates is the result 

of the anaerobic methane oxidation coupled with sulphate reduction by consortia of archaea 

and bacteria (Kulm, 1986; Hovland, et al., 1987; Boetius, et al., 2000; Greinert, et al., 2001). 

Benthic foraminifera from a methane seeps at Hydrate Ridge, Oregon, exhibits significant 

shift in δ13C values, where the values varies from -1.28 to -5.64 ‰, and living benthic 

foraminifera from the same site are reported to have δ13C values ranging from -0.4 to -

21.2‰ (Hill, et al., 2004b).  

 Consolaro et al (2015) suggest that a combined effect of rise in sea level, increased seismic 

activity and high sedimentation load could possibly have led to gas hydrate dissociation on 

the seabed on Vestnesa Ridge. Deposition of large amount of glacigenic sediments on the 

upper continental slope occurs during full –glacial conditions when the ice sheet have 
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reached the continental shelf break (Elverhøi, et al., 1998; Dowdeswel & Siegert, 1999). This 

does not coincide with the timing of the gas venting documented by Consolaro et al (2015). 

During the deglaciation the sedimentation rate amplified (40-50 cm/ka) (Consolaro, et al., 

2015), and from 14.6 to 14.3 cal. ka yr BP the sedimentation rate increased a lot (500 cm/ka) 

(Jessen, et al., 2010). However, it is not known if a minor sediment load could affect the pore 

pressure and the stability of the gas hydrate (Consolaro, et al., 2015).  

In recent years, there have been reported similar negative foraminiferal δ13C values 

interpreted as evidence for methane release in Quaternary records (Kennett, et al., 2000; 

Smith, et al., 2001; Keigwin, 2002; Millo, et al., 2005; Cook, et al., 2011; Hill, et al., 2012). In a 

study by Kennett et al (2000) they identified four episodes of brief, but still massive release 

of methane from the continental margin of Santa Barbara Basin during late Quaternary 

interstadials, indicated by negative δ13C values (Figure 10). They inferred it to be resulted by 

sediment failure due to dissociation of gas hydrate, which is associated with millennial-scale 

bottom-water changes. 

 

Figure 11: Figure showing stadial-interstadial modes of methane flux (here form Santa Barbara Basin). (A) During 
interstadial warm intermediate activate methane flux (B) by destabilized the gas hydrates. (Figures modified from Kennett 
et al., 2000). 

 

Smith et al (2001) documented three excursion of negative δ13C values from the East 

Greenland continental shelf caused by release of methane, which occurred during the 

deglaciation. The mechanism for the expulsion from the seafloor is thought to be from 

pressure release when the ice sheet retreated. A study by Panieri et al (2014) identified five 
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intervals of events with methane emission from the seafloor during the last 23.5 cal ka yr BP 

on the Vestnesa Ridge, West Svalbard continental margin. They dated one of the methane 

emission events to occur during the LGM, the second, which is the largest, pre-dates the 

Bølling-Allerød Interstadials, the third a few hundred years after the Younger Dryas and the 

last coincides with the Early Holocene. There is a correlation with regional and global 

climatic events, and they conclude that the methane emission is a result of one or more 

geological processes, but no evidence of correlation to increased bottom-water temperature 

during these events.  
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1. Study area 
 

2. 1 Vestnesa Ridge 
 

Vestnesa Ridge (Figure 11.2) is a SE-NW to E-W bending elongated sediment drift situated at 

79° N, offshore western Svalbard in the eastern Fram Strait (Hustoft et al., 2009) 

(Figure11.1). The Fram Strait contains marine sediment records of both ice sheet 

interactions and bottom water flow, and is the only deep-water connection between the 

Arctic Ocean to the North Atlantic (Howe, et al., 2008). A CTD record taken at Vestnesa Ridge 

reveals the present-day oceanographic conditions in the study area (Figure 12). The West 

Spitsbergen Current transports warm, saline Atlantic Water to the area (Aagaard, et al., 

1978). The AW is submerged, and continues as Atlantic Intermediate Water into the Arctic 

Ocean and in the East Greenland Current (Swift, 1986). Below these water masses flows the 

cold (-0.9° and more saline (>34.91 ‰) Greenland Sea Intermediate Water (Aagaard, et al., 

1985; Rudels, et al., 2000; Langehaug & Falck, 2012). The crest of the Vestnesa Ridge is 

located at water depth between 1200 and 1300 m (Bünz et al., 2012) (Figure 13). Between 

500 and 1200 meters water depth the slope of Vestnesa Ridge is approximately 1.5° to 2°, 

and beyond 1200 m the slope angle is c. 0.5° (Howe, et al., 2008). Vestnesa Ridge contains 

>2km of sediments of contouritic, downslope and hemipelagic origin (Vogt, et al., 1994; 

Vogt, et al., 1999). Bottom currents erodes the shelf, and sediments are transported and 

deposited at the contourite drift (Rebesco, et al., 2013). Investigation of sediment cores 

from Vestnesa by Howe et al (2008) revealed that the Holocene was dominated by muddy-

silty contourites with abundant IRD (Howe, et al., 2008).  
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Figure 12: 1: Overview map over study area offshore NW-Svalbard. 2: Bathymetry map over Vestnesa Ridge showing 
pockmark-field on the crest of the ridge (modified from Hustoft et al (2009)).  
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Figure 13: CTD profiles based on data from measurements during the scientific cruise to the Fram Strait in 2012. The 
location of the CTD is 79.00.176°N, 006.55.707°E at 1217 m water depth. (AW=Atlantic Water, GSIW= Greenland Sea 
Intermediate Water).  
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Vestnesa Ridge area is known for its gas-hydrate and venting system, and is one of the 

northernmost documented oceanic gas hydrate provinces, where the crest of Vestnesa 

Ridge is impaled with fluid flow features (Hustoft et al. 2009; Bünz et al., 2012). The gas is 

thought to be derived from decay of organic matter (Vogt, et al., 1994), however, recent 

study by Smith et al (2014) suggest that it is a thermogenic source that is supplying methane 

to the area. According to Bünz et al (2012) the seafloor pockmark can vary in size up to 700 

m in diameter. Bünz et al (2012) documented active pockmarks on Vestnesa Ridge, where 

methane flares reached up to 800 meters in the water column. However, the reason to what 

triggers the increase in gas expulsion from the seafloor sediments is unclear according to 

Bünz et al., 2012.  

 
 

 
 
Figure 14: Sub – bottom profile across the Vestnesa Ridge sediment drift, and location compared to the upper continental 
slope. (Figure modified from Howe et al., 2008). 
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3. Materials and methods 
 
Two sediment cores were investigated in this study. One of the gravity cores, HH14-002, 

were collected during a scientific cruise in July, 2014 (Rasmussen et al., 2014) (Figure 15.1), 

with the research vessel R/V Helmer Hanssen of the University of Tromsø, arranged by 

CAGE. 

The other gravity core, HH12-930, was collected during a teaching cruise in July 2012 

(Rasmussen et al., 2014) (Figure 15.2). For further details about the position and times see 

Table 1. 

  

2. 1 Sediment cores  
 

On board on R/V Helmer Hanssen the 6 meter gravity corer consist of a steel barrel with an 

inner diameter of 11 cm, which is attached to a 1600 kg weight. The gravity corer is attached 

to a wire, which can be lowered to as deep as 3000 m into the water column. By using 

gravity the gravity corer can penetrate the sediments. At the bottom, a core catcher is 

placed to better cut into the sediments and a core cutter to close the system and make sure 

that the sediments doesn’t fall out during the transport to the surface. Vacuum is produced 

when a valve at the top of the instrument is closed. The core cutter acts also as a knife to cut 

through the sediment, so it enters the plastic tube inside the gravity core.  

When the gravity core is retrieved on board, the plastic tube is pulled out of the steel barrel 

and divided into preferable 1-meter sections. As a final point, the sections are cleaned, 

marked and enclosed with plastic caps. The sections were stored in a cooling room (~4 °C) 

until further investigation.  
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Table 2: Information about the gravity cores and the core station location used in this mater thesis. 
(Rasmussen and Forwick, 2012; Rasmussen, et al., 2014). 

 

3. 2 Chirp data 

Sub-bottom chirp profiler are high-resolution frequency-modulated marine sources. The 

vertical resolution is dependent upon the bandwidth of the source, and can produce real-

time sediment profile of the top 30 meter of unconsolidated sediments (Quinn, et al., 1998).  

The seismic profiles (Figure 15) was collected during cruises in 2012 and in 2014 by using 

EdgeTech 3300-HM hull-mounted sub-bottom profile. The pulse mode was 1,5-9,0 kHz 

during the collection of HH14-002 GC. 

 

 

 

 

 

 

Station  Date Time 

(UTC) 

Location Latitude (N) 

Longitude 

(E) 

Water 

depth 

(m) 

Recovery 

(cm) 

Comment 

HH14-002GC  22/07-

14 

0928 Vestnesa, 

Edge of pockmark 

2 

79.00.605° 

006.54.484° 

1211 413 4 sections 

#4=113 

cm 

         

HH12-930GC  27/07-

12 

- Vestnesa, 

pockmark 

2,pogophor site 

79.00.585° 

006.54.461° 

1211 538 6 

sections, 

smell of 

gas in 

lower 

parts 
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Figure 15: Chirp data showing the coring site of 1) HH14-002 GC and 2) HH12-930 GC. 
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3. 3 CTD (Conductivity, temperature, depth) 
 

During a scientific cruise in 2012, CTD measurements were collected (Figure 12) by using 

Seabird 911 Plus CTD (?). The instrument is lowered into the water and measures 

continuously from the surface to the bottom. By doing this, information throughout the 

entire water column can be received. Temperature and conductivity are measured against 

the depth, and the conductivity is then calculated into salinity. The CTD was collected from a 

site close to sediments core HH12-930 GC; 79.00.176°N, 006.55.707°E at 1217 m water 

depth. There is a decrease in temperature and salinity with increasing depth, while the 

density is increasing. 

 

3. 4 Laboratory work  
 

The laboratory work took place at the Department of Geology at UiT, the Arctic University of 

Tromsø, Norway. Samples analysed for 13C/12C and 18O/16O were sent to the Geological Mass 

Spectrometer Laboratory at The University of Bergen, Norway. Radiocarbon dates were 

analysed at the 14Chrone Centre, Queen’s University, Belfast, United Kingdom. 

 

3.  4. 1 Description, opening and logging of the cores 
 

Gravity core HH14-002 GC was split lengthwise into two halves using a circular saw and a 

knife to separate the two sections. One of the sections was marked as archive, and the other 

as a work-half. After the sections were labelled and cleaned, they were packed in plastic, 

duly marked and kept in a cold room (~4°C) until further use. The surface of the work-part 

section was later cleaned and studied for a lithological log. The other gravity core, HH12-930, 

was opened in 2012 on board the cruise vessel, carefully wrapped in plastic and sealed and 

stored in a cold room. 
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3. 4. 2 Magnetic susceptibility (MS) 
 

The core HH14-002 GC was measured for magnetic susceptibility with a Barrington loop 

sensor (MS2C) on board on R/V Helmer Hanssen. Because the measurement were done at 

low resolution (5 cm interval), the magnetic susceptibility was measured again. Both HH14-

002 GC and HH12-930 were removed from the cooling room approximately 24 hours before 

the measurements so that they could obtain room temperature, due to the fact that 

temperature may influent the result (Weber, et al., 1997). Core HH14-002 and HH12-930 GC 

the magnetic susceptibility was measured a second time with a hand-held Barrington point 

sensor (MS2E) every 2 cm. The hand-held point sensor were used since the loop sensor 

cannot be used on splitted cores. 

Magnetic susceptibility measures the ability of the sediment to magnetise. Variations of the 

magnetic susceptibility in sediment core is controlled by the mineralogy, concentration and 

grain size distributed in the sediments (Robinson, et al., 1995; Rasmussen, et al., 1996a), 

which can be ferromagnetic, paramagnetic or antiferromagnetic. Intervals that are relatively 

low are commonly composed by fine grained sediments, like clay and silt, while high values 

can be linked to coarser material, preferable in the 63 µm to 1 mm fraction (Rasmussen, et 

al., 1996a). The magnetic susceptibility is measured by the oscillator circuit in the sensor 

which produces a pulse of low intensity magnetic field (2 kHz for the point sensor and 0,565 

kHz for the loop sensor). Material near the sensor that has magnetic susceptibility will cause 

the oscillator frequency to change, which is converted into magnetic susceptibility values. 

The magnetic susceptibility of ocean sediments is dependent on changes in glacial activity, 

and oceanography; the magnetic susceptibility of the sediments from the North Atlantic and 

southern Norwegian Sea correlates with the bottom current strength and therefor the 

intensity of the deep water formation in the Nordic Sea (Rasmussen, et al., 1996a; 

Rasmussen, et al., 1998; Kissel, et al., 1997; Moros, et al., 2002). However, the correlation is 

overprinted by changes in sediment provenance, like ice rafting containing material that is 

non-magnetic or highly magnetic (Andrews, et al., 1995; Grousset, et al., 1993; Robinson, et 

al., 1995; Stoner, et al., 1996; Pirrung, et al., 2002). Meltwater plumes (Lekens, et al., 2005; 

Rasmussen, et al., 2007) and mass transportation on glaciated margins (Robinson, et al., 

2000; Kuijpers, et al., 2001; Rasmussen, et al., 2007) can significant influence the magnetic 

susceptibility (Jessen, et al., 2010).  
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3. 4. 3 Color images 
 

The scanning images of the cores were taken by using Jai L-107CC 3 CCD RBG Line Scan 

Camera, which is installed on the Avaatech XRF core scanner. The resolution was set to be 

70 µm. Before the images were taken, the surface of the two cores, HH14-002 GC and HH12-

930 GC, were cleaned and smoothed with a plastic card. The cores have been taken out of 

the cooling room for more than 24 hours, which reduces reflections on the surface since 

most the pore water on the surface is evaporated  

 

3. 4. 4 X-ray photography 
 

X-ray photography is a non-destructive technique to imaging technique, that allows physical 

structures in sediment records to be revealed and analysed (Migeon, et al., 1999). 

X-ray photographs was taken at the UiT, the Arctic University of Tromsø with the Geotek X-

ray core imaging system (Figure 14). This provides information about the internal structures 

of the cores, such lithological variations, presence of ice-rafted debris, and degree of 

bioturbation and location of eventual shells. When the X-rays travels through a material, the 

attenuation depends on the density of the material. Material with high density, like clasts 

and shells, will appear whiter, while mud, which has low density, will seem darker. This ratio 

can be adjusted, depending on perforation. The X-ray photo of HH12-002 GC was taken prior 

to splitting of the core, while the X-ray photos of HH12-930 GC were taken after the splitting.  
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Figure 16: 3D model of the MSCL-XCT (Figure taken from http://www.geotek.co.uk/products/mscl-xct).  

3. 4. 5 Sediment sampling 

 

For core HH14-002 GC were first sampled at every 4 cm. Then from 4 cm to 49 

approximately every 10 cm were used. From 49 cm to 156 every 4 cm were used. From 163 

cm to 412 irregular intervals from 10 cm to 5 cm were used. For HH12-930 GC every 5 cm 

were sampled. Each sample was cut into 1 cm slices using an osmotic knife to easily cut 

through the sediment and a spatula. The equipment was cleaned after each sample was 

taken. The samples were put in labelled and weighed plastic bags. The samples were 

weighed and samples from HH14-002 GC were kept in a freezer and later dried in a freeze-

dryer. The freeze dryer that was used was Christ: Alpha 1 – 4 at the Geology Department 

Laboratory, UiT, Arctic University of Tromsø. However, due to an unfortunate event the 

freeze dryer was out of order, so the samples from HH12-930 GC had to be dried in an oven 

(40°C). After the samples were dried the dry weight were determined. The samples were 

then wet sieved using a 63 µm, 100 µm and 0, 5 mm size fractions, where the sediments 

were retrieve from the sieve using distilled water and collected  in labelled filter paper. The 

residue samples were dried in an oven (40°C) until dry, then weighed and put in labelled 

sample glasses.  

http://www.geotek.co.uk/products/mscl-xct


34 
 

Grain sizes over 0.5 mm was counted after weighing by using a binocular microscope (Leica 

CLS150X – MZ125). The density of the total 0.5 mm was calculated by dividing the number of 

grains with the weight (No. IRD pr g).  

 

3. 4. 6 Accelerator Mass Spectrometry (AMS) and radiocarbon dating 
 

3. 4. 6. 1 Principle 
 

Radioactivity is a phenomenon where the decay of unstable atoms emits nuclear particles 

and radiant energy (Faure & Mensing, 2005). Some isotopes are considered radioactive, like 

14C which is therefore the radioactive form of carbon, and are referred as unstable isotopes, 

while 12C and 13C are stable isotopes.  

14C is continually being produced in the atmosphere by nuclear reactions, which is further 

incorporated into CO2 molecules due to oxidation (Faure & Mensing, 2005). The CO2 is 

stored in the global reservoirs; the atmosphere, the hydrosphere, and enter the biosphere 

through photosynthesis, where plants absorbs the CO2 (Lowe & Walker, 1997). After the 

death of the organism, the absorption of atmospheric CO2 ends, and no replacement will 

take place, however, the 14C will continue to decay at a controlled rate (Faure & Mensing, 

2005). The half-life of 14C is 5,730 years, meaning that half of the original 14C will remain 

after 5730 years (Bowman, 1990). The radioactive isotope of carbon can hence be used to 

determine the age of substances containing organic material. This radiometric dating 

technique is called radiocarbon dating, or carbon-14-dating. The method rests on 

fundamental assumptions; (a) the production of 14C is constant over time, (b) that the 14C:12C 

ratio in the biosphere and hydrosphere is in equilibrium with the atmosphere, (c) the decay 

rate of 14C can be established, and (d) it has existed a closed system since the death of the 

organism (Bowman, 1990). 

 

3. 4. 6. 2 Accelerator Mass Spectrometry (AMS) and 14C dating  

 

Together four samples containing c. 1200 specimens of the planktic foraminiferal species 

Neogloboquadrina pachyderma sinistral (s) (see Table 2) were collected from different 

intervals in HH14-002 GC. Two samples with 1200 N. pachyderma (s) in each and two 
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samples containing bivalve shells from HH12-930 GC were collected (see Table 3). Only well 

– preserved samples with no signs damage were collected, since it could indicate re-

deposition. The samples from HH14-002 GC and HH12-930 GC were sent to the 14CHRONO 

Centre at Queens University in Belfast, United Kingdom, for AMS 14C dating. Based on the 

results retrieved from Belfast, the sedimentation rate could be calculated from a calibrated 

radiocarbon dates (see below). 

 

Lab reference Core Depth (cm) Species 

UBA-28217 HH14-002GC 215.5 N. pachyderma (s) 

UBA-28218 HH14-002GC 259.5 N. pachyderma (s) 

UBA-28219 HH14-002GC 275.5 N. pachyderma (s) 

UBA-28220 HH14-002GC 323.5 N. pachyderma (s) 

Table 2: This table shows the laboratory reference, the name of the core, depth and what kind of 
species dated. The selected intervals contained large quantities of the planktonic foraminifera 
Neogloboquadrina pachyderma (sinistral).  

 

 

Lab reference Core Depth (cm) Species 

UBA-30294 HH12-930GC 298 N. pachyderma (s) 

UBA-30295 HH12-930GC 320.5 Shell (Vesicomyidae) 

UBA-30296 HH12-930GC 433 N. pachyderma (s) 

UBA-30297 HH12-930GC 508 Shell fragment 

Table 3: Laboratory reference, name of the core, depth and what kind of material was used for 
dating. In this core not only planktic foraminifera was used, but shell and shell fragments as well. 
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The principle of accelerator mass spectrometry is based on how the atomic weight is a 

controlling factor which decides on how great the deflection of a charge particle moving 

through a magnetic field in a straight path will be; the lighter the weight, the superior 

amounts of deflection (Linick, et al., 1989). If the particles travels by very high speed, 

however, and are subject to high voltage difference, the mass spectrometers can 

discriminate between 14C and 14N, which has a similar weight, and detect a very small 

number of 14C atoms in the a sample (Linick, et al., 1989). 

14N, a non-radioactive isotope of nitrogen, has a very similar weight to 14C, complicates the 

measurement of 14C, since 78% of the atmosphere consists of nitrogen (Linick, et al., 1989). 

However, due to the fact that nitrogen does not form negative ions, the AMS-instrument is 

able to eliminate most of the 14N (Linick, et al., 1989). 

 
 

3. 4. 7.3 Calibration and marine reservoir effects 

 

To calibrate the 14C dates retrieved from the 14C accelerator mass spectrometry, the program 

Calib 7.0.4 (Stuvier & Reimer, 1993) was used. The program makes the conversion from 

radiocarbon age to calibrated calendar years (cal. yr. BP) by calculating the probability 

distribution of the sample’s true age. The calibration data set was set to “Marine13.14C” 

(Reimer, et al., 2013), which is a “global” marine calibration data set, and used since the 

samples were of marine origin. The marine reservoir age (ΔR) was set to be 0, since core 

HH14 – 002 GC is collected from the deep sea. The σ2 dating uncertainty was used, where 

the mean calibrated age was calculated, and is presented as calibrated calendar years before 

present (cal yr BP).  

 

 

3. 4. 8.  Stable isotopes  

For the stable isotope analysis, the planktic foraminifer Neogloboquadrina pachyderma (s) 

and the benthic foraminifera Cassidulina neoteretis were used. From 0 – 412 cm 64 samples 

were examined using a binocular microscope (Leica CLS150X – MZ12s). Only undamaged 

foraminifera with no contaminations was used. Not all off the samples contained sufficient 

material to be analysed. All of the measurements of stable oxygen and carbon were 
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analysed using a Finnigan MAT 253 mass spectrometer with a Kiel IV device at the Geological 

Mass Spectrometer (GMS) laboratory at the University in Bergen. The precision for δ18O was 

±0.06‰ and ±0.03‰ for δ13C. All the isotope values are presented per mill (‰). 

3. 4. 8. 1 Principle 

 
Changes in isotopes can be measured and interpreted to improve the understanding of 

geological, biological, hydrological and atmospheric processes on Earth (Faure & Mensing, 

2005).  

The isotopic composition of carbon and oxygen in carbonate fossils are dependent on the 

ambient temperature and/or the isotopic composition of carbon and oxygen sources (Poole, 

1994). This is a result of chemical reactions such as condensation of water, evaporation, and 

physical processes like diffusion (Faure & Mensing, 2005).  

Geochemical analysis of the test calcified by foraminifera have increased the last decades 

(Katz, et al., 2010). By assuming that the isotopic composition is only a function of the 

temperature and the isotopic composition of the ambient water (Poole, 1994), the oxygen 

and carbon isotopic composition of fossil benthic and planktic foraminifera can be used to 

reconstruct paleoclimate and paleoceanographic conditions, together with ocean 

paleocirculation patterns, ice-volume, sea-level and the carbon cycle, and how these record 

varies through time (Katz, et al., 2010). Foraminiferal species precipitate their test in isotopic 

disequilibrium, and one of the controlling factors are the vital effect (Poole, 1994). Vital 

effect is manifested by disequilibrium isotopic composition and in almost all cases gives rise 

to depletions in the heavy isotope (Gossman, 1987). In microfossils variation in carbon 

isotope content is caused fractionation as a result of different vital effect (Jansen, 1989). The 

benthic species Cassidulina neoteretis is in equilibrium with the ambient water in terms of 

oxygen isotope composition (Poole, 1994). Neogloboquadrina pachyderma (s) has been 

reported to be in disequilibrium with the ambient water, which results in vital effect 

(Kozdon, et al., 2009). The results are expressed as δ (‰ vs. PDB). 

Benthic foraminifera provides information on the conditions in and on the seafloor, such as 

for example the food and oxygen availability, since they are abundant in the upper 1 cm of 

sediment (Katz, et al., 2010). Planktic foraminifera can be found in the surface waters, and 

reflects water temperature, as well as food availability (Katz, et al., 2010).  
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3. 4. 8. 2 Oxygen isotope 

Oxygen is the most abundant chemical element in the Earth’s crust, and consists of three 

stable isotope: 𝑂8
16 , 𝑂8

17 , and 𝑂8
18  (Faure & Mensing, 2005). The isotopes have different 

masses, which affects the mass of the element they bond with, like H2O. Water molecules 

consist of either the heavy or the light isotope, where the light water molecules have a 

higher velocity in gas than the heavy molecules (Faure & Mensing, 2005).  

During the last decades the use of stable oxygen isotope ratios (18O/16O) has become a 

standard too indicate the paleotemperature (Urey, 1947; McCrea, 1950; Epstein, et al., 

1953). The foraminifera tests, which is made up of calcium carbonate, record the seawater 

(δw ), and therefor reflects (1) the global ice volume and (2) region/local river-water input (3) 

evaporation/precipitation for shelf and surface waters (Katz, et al., 2010). Isotopic analyses 

are expressed in terms of the PDB standard (Epstein, et al., 1953), and its isotopic 

composition corresponds to the SMOW (Standard Mean Ocean Water) scale (Craig, 1965). 

According to Zeebe (1999) the δ18O of the foraminiferal calcite decreases with 

increasing pH, or 𝐶𝑂3
2−.  

During the calcifying of the tests a temperature-dependent fractionation occurs, were the 

“light” H2O16 evaporates easily, which produces 16O-enriched precipitation (Katz, et al., 

2010). The precipitation falls like snow, which leads to the glacial ice and river runoff to be 

enhanced with 16O-molecules during glacial periods (Katz, et al., 2010), while the oceans is 

rich in the heavier 18O-molecule. However, during interglacial periods, the 16O-enriched 

precipitation returns to the ocean via snow melt (Katz, et al., 2010). These variations, and 

the fluctuations in ice-sheet size, have an effect on the mean ocean value (δw), which in turn 

changes the δ18Ocalcite value, however, a temperature increase of 1°C can cause a ~0.23‰ 

decrease in the measured δ18Ocalcite (Katz, et al., 2010). The δ18O value of ice sheets is 

estimated to be -35 to -40 ‰, while the mean δ18O ocean value is 0‰ (Katz, et al., 2010). 

Approximately 3 % of the world’s ocean was removed during the last glacial maximum when 

the global sea level was lowered by ~120±5 m, which caused a δw value that was 1.2‰ 

higher than present (Katz, et al., 2010). A shift to heavier isotopic values in marine records 

mainly reflects an increase in storage of H2
16O, which implies a significant increase in 

volumes of continental land ice (Lowe & Walker, 1997). 



39 
 

The polar species Neogloboquadrina pachyderma (s) inhabit the subsurface ocean layers, 

and during reproduction it settles below the pycnocline (Simstich, et al., 2003). In these cold 

deep subsurface waters the N. pachyderma (s) wraps its initial test with a secondary crust 

made of calcite (Simstich, et al., 2003), which is in the upper 50 meter north of the Fram 

Strait (Bauch, et al., 1997). The isotopic signal which the foraminifera has accumulated 

throughout its life, reflects the whole depth range it inhabited (Simstich, et al., 2003), which 

is preserved in the sediment after its death. 

 

3. 4. 8. 3 Carbon isotope 

Carbon has two naturally occurring stable isotopes: 13C and 12C (Walther, 2009), which are 

incorporated into carbon dioxide (CO2) molecules in the atmosphere due to oxidation (Lowe 

& Walker, 1997). CO2 is exchanged between the atmosphere and the ocean (Smetacek, 

1999), and is a part of photosynthesis, which lead to the surface waters to be enriched in 12C 

than the deep waters. Foraminifera builds its test by extracting CaCO3 from the sea water 

(Armstrong & Braiser, 2005). The carbon isotopic ratio 13C/12C is expressed as δ13C, and is a 

function of temperature and isotopic composition of the dissolved inorganic carbon (DIC) in 

seawater (Urey, 1947; Graham, et al., 1981; Gossman, 1987; McCorkle & Keigwin, 1990), and 

is generally reported relative to PDB (Peedee formation belemnite from South Carolina) 

(Walther, 2009). Broecker (1982) suggested that carbon isotopes could provide a proxy for 

changing CO2 throughout the ice ages. They revealed that the δ13C in benthic and planktonic 

foraminifera has varied throughout the last 130,000 years and can, together with the δ18O 

record, show changes in ventilation of the ocean and past productivity. The δ13C-values in 

the upper water masses tends to be greatest during glacial phases and least during 

interglacial stages (Armstrong & Braiser, 2005), while the 13C/12C ratio in carbon dissolved in 

the deep ocean is lower during glaciations (Shackelton, 1977). Measurements of carbon 

isotopes from deep-sea sediments can be used to obtain the history of the mean 13C content 

of dissolved CO2 in the ocean (Shackleton, 1987), provide information on the history of the 

carbon cycle, paleoproductivity (Armstrong & Braiser, 2005) and deep water formation and 

ventilation of the ocean (Berger & Vincent, 1986). Analysis of δ13C in planktonic 

foraminifera can show prior changes in productivity in the upper layers of the oceans, also 

the fluctuation of 12C in surface waters (Shackleton & Pisias, 1985).  
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Bacterial decay of organic matter beneath the sediment –water interface releases 12C –

enriched CO2 back to the pore water (Armstrong & Braiser, 2005), which could influence the 

infaunal foraminifera taxa (McCorkle & Keigwin, 1990). Cassidulina neoteretis is reported to 

have a test 1.5‰ lighter than the equilibrium (Poole, 1994). Cassidulina neoteretis is an 

infaunal species, so the carbon isotopes composition can be affected by the oxidation of 

organic matter within the sediments which can be local (Poole, 1994) 

 

3. 4. 8. 4 Stable isotope (δ18O and δ13C) analyse 

For the stable isotope analyses two species of foraminifera were used; the planktic 

foraminiferal species N. pachyderma (s) and the benthic foraminiferal species Cassidulina 

neoteretis. Approximately 30 specimens of N. pachyderma (s) and 30-50 of C. neoteretis 

were picked for the stable isotope analysis. The two species were picked in the size fraction 

≥100 µm, and only undamaged foraminifera with no signs of contamination were collected. 

The samples were analysed at the Geological Mass Spectrometer Laboratory at the 

University of Bergen, using a ThermoFinnigan MAT253 IRMS mass spectrometer with a Kiel 

III device. The precision for δ18O was ±0.06 ‰ and ± 0.03 ‰ for δ13C (relative to the PDB 

standard). 

For both core HH12-930 GC and for HH14-002 GC samples with sufficient number of 

specimens were analysed. For both cores all samples were carefully examined to look for N. 

pachyderma (s) and C. neoteretis in a microscope (Leica CLS 150X-MZ125).  

  

3. 4. 9 Foraminifera distribution analysis 
 

For foraminifera picking and counting from core HH14-002 GC the size fraction ≥100 µm was 

used. To pick and identified the foraminifera a binocular microscope (Leica CLS150X – 

MZ12s) was used. Each sample was evenly distributed over a picking tray with 45 identical 

squares, with a collecting tray placed underneath to retrieve the picked and counted 

foraminifera. The picking tray and collecting tray was cleaned after each sample. For the 

samples that were considered too large to fit the picking tray, a sampler splitter was used to 

split the sample evenly 50/50. 
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Since the samples contains both planktic and benthic foraminifera a minimum 300 

specimens of each was picked, counted and identified to species level and percentages 

calculated. At least 300 specimens are required for statistical reliability (Knudsen, 1998). 

However, in some of the samples the amount of foraminifera were too low for 

quantification. Approximately 600 specimens of planktic and benthic foraminifera were 

counted and identified in a total of 64 samples. Samples containing less than 80 individuals, 

is considered to be uncertain, and thus not representative and will be removed from the 

results.  
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4. Foraminifera 
 

Foraminifera are single celled organisms, that either live amongst the marine plankton or on 

the seafloor. Foraminifera can be found in mostly every marine environments; from fresh 

water to the deep sea, and from the tropical to the Arctic areas. They are adapted to 

tolerate different salinities and temperatures, and can be found in saltmarshes, shallow 

brackish water in estuaries, on the seafloor on the continental shelf or in the deep ocean 

(Armstrong & Braiser, 2005). Their tests are composed of either calcite, aragonite (secreted 

minerals), agglutinated or organic matter (tectin) (Armstrong and Brasier, 2005). Calcareous 

species are well preserved in most oceanic sediments, however, due to high levels of 

carbonate undersaturation of bottom waters, the carbonate tends to be dissolved at abyssal 

depths (Corliss, 1985). Because foraminifera are easy to study, abundant and diverse, they 

are an important for the study of the biostratigraphy and as well global correlation and, 

paleoenvironments and climatic reconstruction (Armstrong & Braiser, 2005). 

4. 1 Dominating species 
 

4. 1. 1 Planktic foraminifer 

 

Planktic foraminifera lives in the surface layer of the open ocean. Controlling factors for the 

species relative abundance are salinity, temperature and seawater chemistry (Schiebel & 

Hemleben, 2005). The quantity of the species vary with season, water masses and water 

depth (Schiebel & Hemleben, 2005). The coiling direction of the species Neogloboquadrina 

pachyderma can be used as an indicator of sea-surface temperature (Ericson, 1959; Bandy, 

1960). Additionally, the narrow temperature range of planktic foraminifera have become 

useful as a tool to reconstruct the paleotemperature, in particularly the sea surface 

temperature (Hutson, 1980; Pflaumann, et al., 1996; Waelbroeck, et al., 1998; Pflaumann, et 

al., 2003). 
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4. 1. 1. 1 Neogloboquadrina pachyderma (Ehrenberg, 1861) 
 

The most abundant planktic species in both H14-002 GC is the left coiled Neogloboquadrina 

pachyderma (sinistral). This polar species makes an important proxy for determine 

temperature, salinity, sea ice and nutrient conditions in the past (Kohfeld & Fairbanks, 

1996), and could reflect polar surface water and glacial conditions (Bauch, et al., 2001). It 

reflects /records ambient water properties at varying depths below the thermocline from ca. 

25 m to 250 m water depth (Simstich, et al., 2003). Neogloboquadrina pachyderma (sinistral) 

is the dominant planktic species found in surface samples north of the Arctic Front in the 

Greenland, Iceland and Norwegian Sea (Pflaumann et al., 1996). In these areas it is most 

abundant in sea surface temperature (SST) <5°C and during summer <8°C (Pflaumann, et al., 

1996). Moreover, Neogloboquadrina pachyderma (sinistral) could indicate temperatures 

below 5 – 6 °C (Jansen, et al., 1983).  

 

4. 1. 2 Benthic foraminifera  
 

Benthic foraminifera live either within the top 200 – 10 mm (infaunal) or on the seafloor 

(epifaunal). The abundance of the species are controlled by temperature, salinities 

(Mackensen, et al., 1985; Mackensen, et al., 1995) food supply and oxygen (Gooday, 1994; 

Gooday & Rathburn, 1999). Their tests are composed of different material, however, 

calcareous tests are the most abundant (Armstrong & Braiser, 2005). After death, they are 

incorporated in the sediment and therefor becomes a part of the geological record. The 

study of benthic foraminifera is an important tool in Quaternary stratigraphy and 

reconstruction of paleoenivronmetnal, palaeoceanography and paleoproductivity (Hald & 

Vorren, 1987; Gooday, 1994; Kaiho, 1994; Gooday & Rathburn, 1999; Sejrup, et al., 2004; 

Rasmussen, et al., 2007; Rasmussen & Thomsen, 2015). 
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4. 1. 2. 1 Cassidulina neoteretis (Seidenkrantz, 1995) 

 

Cassidulina neoteretis is a shallow infaunal species (Mackensen & Hald, 1988; Wollenburg & 

Mackensen, 1998; Husum & Hald, 2004a), and lives in areas of fine grained, organic-rich, 

terrigenous mud (Mackensen, et al., 1985). It is found in arctic and Antarctic to subarctic 

water masses, and is mainly a deep-sea species (Seidenkrantz, 1995). It thrives in cold water 

conditions and can be an indicator of glaciomarine paleoenvironments (Mackensen & Hald, 

1988), and high salinities, where it is rarely found at salinities <32‰ (Steinsund, et al., 1994). 

Recent distribution of Cassidulina neoteretis is restricted to areas influenced by chilled 

Atlantic water (Mackensen & Hald, 1988), commonly flowing as a subsurface current (cf. 

Jennings & Helgadottir, 1994). On the continental slope of the Norwegian slope, Cassidulina 

neoteretis dominates the benthic foraminifera assemblage where the bottom water has a 

temperature c. – 1°C and with salinities ~34.92‰ (Mackensen & Hald, 1988). Cassidulina 

neoteretis is frequently accompanied by high abundance of planktic foraminifera (Polyak & 

Mikhailov, 1996), and associated to phytoplankton blooms (Gooday & Lambshead, 1989) 

and to productive area (Mackensen, et al., 1985). 

 

4. 1. 2. 2 Cassidulina reniforme (Nørvangi, 1945) 

 
Cassidulina reniforme is the most common calcareous foraminifera on the Arctic shelves 

(Polyak, et al., 2002). It is an infaunal species, which occupy the upper few mm’s of the 

sediment (Hald & Korsun, 1997), and requires a silty muddy substrate (Mackensen, et al., 

1985) of Arctic waters at depth that is normally shallower than 100 meters (Mudie, et al., 

1984). It prefers high salinity (Steinsund, et al., 1994) and low temperatures (<2°C) and 

seasonal sea-ice cover (Polyak, et al., 2002). Cassidulina reniforme is an opportunistic 

species, and frequently dominates foraminiferal assemblage in environments that are 

stressed/unstable (Osterman & Nelson, 1989). It is typical of areas with little or no influx of 

temperate water (Holtedahl & Bjerkli, 1982), and prefers cold Intermediate Waters (Hald & 

Korsun, 1997), such as the homohaline Greenland Sea Intermediate Water (Hald & Vorren, 

1987). Cassidulina reniforme is frequent in glaciomarine environments (Sejrup, et al., 1981; 

Vilks, et al., 1989), with varying and/or reduced salinity (Hald & Vorren, 1987), and proximal 
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to the glaciers (Mackensen & Hald, 1988). Due to its small size, Cassidulina reniforme can be 

subject to redisposition in sandy muds downslope (Mudie, et al., 1984). 

 

4. 1. 2. 3 Melonis barleeanum (Williamson, 1858) 

 
Melonis barleeanum is an infaunal foraminifer (Jennings, et al., 2004) that lives in fine-

grained sediments rich in organic matter, which can be an indicator of high surface 

productivity (Caralp, 1989). It is considered to be highly adaptable to change in food 

availability and/or altering environmental conditions, also it can adjust from infaunal to 

epifaunal if needed (Linke & Lutze, 1993). In the Barents Sea it appears to be restricted to 

the chilled Atlantic water, and prefer temperatures around 4°C (Hald & Steinsund, 1992), 

and is restricted to low salinity (Steinsund, et al., 1994). Melonis barleeanum is considered to 

indicate increased influx of chilled Atlantic – derived water to the Arctic Ocean (Polyak & 

Solheim, 1994; Polyak & Mikhailov, 1996), and can be an indicator of influx of organic matter 

to the sea floor (Jennings, et al., 2004). Some hypotheses relate Melonis barleeanum to 

bottom currents (Murray, 1984), and others linked it to high sedimentation rate 

(Mackensen, et al., 1985). Together with Islandiella norcrossi it indicates inflow of Atlantic 

Water that changed the bottom water conditions towards increased salinities and probably 

higher temperatures (Ślubowska, et al., 2005). 

 

4. 1. 2. 4 Islandiella norcrossi (Cushman, 1933) 

 
Islandiella norcrossi is an arctic species (Jennings, et al., 2004) found on the Arctic shelf and 

slope, and which thrives in cold water (Mudie, et al., 1984). It is a dominate species from 660 

to 1200 meter in the Norwegian – Greenland Sea (Belanger & Streeter, 1980). It reflects 

increased flux of organic matter (Jennings, et al., 2004), increased productivity and presence 

of seasonal sea – ice cover (Steinsund, et al., 1994). It prefers relatively high and stable 

bottom water salinities (Korsun & Hald, 1998), and relatively low temperatures and not too 

reduced salinities (Steinsund, et al., 1994). It could be an indicator of increased inflow of 

Arctic Water (Wilson, et al., 2011). In the modern environment, Islandiella norcrossi is 

abundant in distal glaciomarine sediments with ice rafted debris and marine mud (Korsun & 

Hald, 1998). The species is observed in the Central Deep of the Barents Sea that is filled with 
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winter bottom water and characterized by relatively low sedimentation rates (Steinsund, et 

al., 1994). 

4. 1. 2. 5 Elphidium excavatum forma (f) clavatum (Cushman, 1944) 

 

Elphidium excavatum forma (f) clavatum is possibly the most important species in the 

Quaternary record of the Arctic shelf (Vilks, 1981). In the Barents Sea it is abundant in areas 

of sea – ice cover and/or influence of nearby glaciers, and is confined to Arctic Water with 

winter sea-ice cover (Steinsund, et al., 1994). It prefers reduced salinity (30-34‰), relatively 

low temperatures (<1°C) (Miller, et al., 1982; Steinsund, et al., 1994) and can be found in 

areas with high turbidity, like proximal to glaciers (Steinsund, et al., 1994). It is thought to be 

a glaciomarine indicator (Hald & Korsun, 1997; Korsun & Hald, 1998). The species is 

considered an opportunist, since it is found in areas with relatively low number of 

foraminifer’s pr. gram sediment (Steinsund, et al., 1994). In the northern part of the Barents 

Sea it is abundant in cold bottom waters where the temperatures are lower than 2°C (Sejrup, 

et al., 2004).  

 

 

 

 

4. 1. 2. 6 Stainforthia loeblichi (Feyling-Hanssen, 1954) 

 

Stainforthia loeblichi is an infaunal species, which prefers fine-grained mud (Steinsund, et al., 

1994). It is found in cold waters (~0°C), and areas covered by seasonal sea-ice (Steinsund, et 

al., 1994). This Arctic species is considered to be opportunistic and taking advantage of 

pulses of high productivity (Gustafsson & Nordberg, 2001). 

Stainforthia loeblichi has a similar distribution pattern of N. labradorica (see 4. 1. 2. 8) 

(Polyak, et al., 2002).  

 
 

4. 1. 2. 7 Cibicides lobatulus (Walker & Jacob, 1798) 

 
Cibicides lobatulus is an epifaunal species, which is found attached to exposed solid surface 

like rocks and algae, and prefers salinities >32‰ (Steinsund, et al., 1994). It is associated 
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with strong bottom current (Hald & Vorren, 1984; Husum & Hald, 2004b), which prevents 

sedimentation of fine grained material (Klitgaard Kristensen & Sejrup, 1996), and is also 

related to warm, saline Atlantic Water (Mackensen, et al., 1985). 

 
 

4. 1. 2. 8 Nonionellina labradorica (Dawson, 1860) 

 

Nonionellina labradorica is a deep infaunal species associated with buried organic matter 

(Corliss, 1991; Hunt & Corliss, 1993). It prefers slightly sandy sediments, low temperatures 

(<1°C) and reduced salinities (33-34‰) (Steinsund, et al., 1994). It is found in glaciomarine 

environments distal to glaciers (Korsun & Hald, 2000), but also in deep basins with relatively 

warm bottom water and low oxygen (Mudie & Aksu, 1984; Williamson, et al., 1984). This 

Arctic species has its maximum concentration along the oceanic polar front (Steinsund, et 

al., 1994), and is associated to Atlantic Water in arctic fjords (Hald & Korsun, 1997). It is also 

found on the slopes of banks in areas with high organic production (Steinsund, et al., 1994). 

Near the surface sediment, Nonionellina labradorica feeds on fresh phytodetritus (Jennings, 

et al., 2004), and may reflect increased nutrient supply (Korsun & Hald, 1998).  

(Hald & Steinsund, 1992) 
 

 

4. 1. 2. 9 Oridorsalis umbonatus (Reuss, 1851) 

 

Oridorsalis umbonatus occupies the uppermost centimeter (0 – 4 cm) of the sediment 

(Rathbum & Corliss, 1994; Schmiedl, et al., 1997). It is can occur as an epifaunal and infaunal 

species (Rathbum & Corliss, 1994), and prefers temperatures below ~4°C (Rathmann & 

Kuhnert, 2008). It is common up to 1200 meter in recent sediments (Jansen, et al., 1983), 

and as well a common deep – sea benthic foraminifera in the present Norwegian/Greenland 

Sea and Arctic Ocean (Belanger & Streeter, 1980; Sejrup, et al., 1981). The species can 

tolerate low food supplies and prefers well – oxygenated pore waters (Mackensen, et al., 

1985). It has been reported to dominate periods with an ice-covered sea surface (Jansen, et 

al., 1983). It correlate with low organic carbon content (Mackensen, et al., 1985), and can be 

adapted to conditions with reduced surface productivity (Jansen, et al., 1983).  
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4. 2 Sub – dominating species 
 

4. 2. 1 Planktic species  
 

4. 2. 1. 1 Neogloboquadrina pachyderma (Ehrenberg, 1861) 

Neogloboquadrina pachyderma (dextral) is a planktonic foraminifera that resemble the 

sinistral Neogloboquadrina pachyderma, but preferable coils its test dextral. It has been 

suggested that the coiling direction is a genetic trait, and that Neogloboquadrina 

pachyderma (dextral) and Neogloboquadrina pachyderma (sinistral) should be considered 

two different species (Darling, et al., 2006). Darling et al (2006) propose a new name for the 

dextral Neogloboquadrina pachyderma to be N. incompta. It is a temperate species that 

prefers temperatures around 12°C (Schmidt, et al., 2004). 

 

4. 2. 1. 2 Globigerinita glutinata (Egger, 1893) 

Globigerinita glutinata is a near-surface dwelling species (Shackleton & Vincent, 1978) which 

is found near areas of upwelling and in transitional waters (Bé & Tolderlund, 1971). 

 

4. 2. 1. 3 Turborotalita quinqueloba (Natland, 1938)  

Turborotalita quinqueloba is a subpolar species (Bauch, 1994), which indicates the advance 

of the Arctic Front (dividing the Arctic and Atlantic waters), or Polar Front (dividing polar and 

Arctic waters) (Johannessen, et al., 1994). Recent, it is found as far north as in the Nansen 

Basin, where is lives in the upper 500 of the water column and occupies the deeper layers of 

the Atlantic Intermediate Water (Carsten & Wefer, 1992). 

 

4. 2. 2 Benthic species  

 

4. 2. 2. 1 Epistominella exigua (Brady, 1884) 

Epistominella exigua is a benthic foraminifera with calcareous tests. The benthic specie is 

considered an opportunist and is adapted to pulsed nutrient supply, and is relatively 

abundant in the Northeast Atlantic (Gooday, 1993). It correlates with high seasonal primary 

production (Sun, et al., 2006), and is largely controlled by the presence of organic material 

on the seafloor. 
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4. 2. 2. 2 Triloculina tricarinata (d'Orbigny, 1826) 

Triloculina tricarinata is a benthic foraminifera. This miliolid species is found in fine sandy 

mud (Wang & Chappell, 2001), and in depth below 2400 meter in the central North Atlantic 

(Hermelin & Scott, 1985). 

 

4. 2. 2. 3 Quinqueloculina lamarckiana (d’Orbigny, 1839) 

Quinqueloculina lamarckiana is a deep – water species (Cann, et al., 2000). The species is 

found at approximately 300 m to 1000 m depth, and prefers temperatures around 3.9°C to 

6.7°C, and salinities ranging from 34.3 ‰ to 34.5‰ (Bandy & Arnal, 1957). 

 

4. 2. 2. 4 Buccella spp.                                                                                                                  

This group prefers temperatures around 0 – 1 °C and salinities from 33 ‰ to 34 ‰, and is 

frequent around areas with seasonally sea ice formation (Steinsund, et al., 1994). 

 

4. 2. 2. 5 Pyrgo williamsoni (Silvestri, 1923) 

Pyrgo williamsoni is a benthic foraminifera with porcelacous test, which requires a full 

marine environment to thrive (Schoning, 2002). It is an epifaunal species and is found in the 

deep – sea areas in the Norwegian Sea (Corliss & Chen, 1988) 

 

In addition, five other species were identified, but due to the relatively low abundance per 

samples in the sediments core, they will not be included in the results. These species 

includes Buccella frigida (Cushman, 1921), Lagena elongata (Dunikowski, 1879), Elphidium 

spp, Pullenia bulloides (d'Orbigny, 1846) and Stainforthia spp. 
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5. Results 

The most important results from HH14-002 GC and HH12-930 GC will be presented and 

described in this chapter. The two sediment cores are divided into lithological units (14 – 1 

to 14 – 6 for HH14 – 002 GC, and 12 -1 to 12 – 6 for HH12 – 930 GC), based on x – ray 

photography, grain size distribution, and variation in magnetic susceptibility (Figure 15 to 18 

and figure 22 to 25).  

In chapter 5. 1. 7 the results from the stable isotope analysis in HH14 – 002 GC will be 

presented, and divided into the same units as the lithological units (14 – 1 to 14 – 6).  

The results from the foraminiferal distribution pattern in core HH14 – 002 GC will be 

presented in chapter 5. 1. 8, where the foraminiferal units are defined. 

 

5. 1 HH14-002 GC 

Core HH14 – 002 GC has been described by visual inspection and measured for magnetic 

susceptibility (Figure 17) and x-ray photography (Figure 18) and color photography (Figure 

15). Based on these data a lithological log has been made (Figure 17 and 18). Data of percent 

grain size distribution and concentration of clasts over 0.5 mm (Figure 18) will presented 

with the color photography and the lithology. Foraminifera distribution pattern are resented 

in 5. 1. 7. Fine-grained sediments dominate the lithology, with abundance of coarser 

material, most likely ice rafted debris. The color of the sediments throughout the core varies 

(See figure 17 and figure 18). By studying the x-rays photography of core HH14-002 GC it is 

possible to detect subsurface features as clasts, laminations/layering and shells. Three 

intervals with relatively high amount of IRD occurs in the core. The values of the magnetic 

susceptibility vary throughout the core, where the highest values are 48 (10-5) SI, and the 

lowest values are c. 10 (10-5) SI.  
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Figure 17: The figure shows core image and a lithological log of the core, together with the different units plotted against 
depth (cm). The color of the sediments are indicated. The position where shell fragments were observed is also indicated. 
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Figure 18: X – ray photograph, lithological log, color of the sediments and the six different units plotted against depth (cm). 
Clasts and layers with higher density is appears as darker. In the lower part of the core a clast were observed. It is not so 
visible on the x – ray photograph. This could be due to the position of the core when the x – ray photograph was taken.  
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Figure 19: The photo of the core together with the magnetic susceptibility. The lithology of the core is also indicated, but 
simplified.
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Figure 20: The lithology and photography of the core, together with number of IRD per gram and the grain sizes. The different units are indicated. 
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5. 1. 1 Unit 14 – 1: 

The uppermost unit (14 – 1) (0 – 70 cm down – core) is rather massive in the upper 35 cm 

and consist of dropstones (Figure 20). Mud is dominant in this unit (68 – 99 %) with sand (5 – 

15 %), where the amount of dropstones decreases with depth, and layering increases. The 

dropstones are visible on the x – ray photograph (Figure 18), and so are the layering in the 

lowermost part of the unit. From 0 cm – 8 cm the color of the sediment is dark greyish 

brown (4/2 2.5y), and from 8 cm – 70 cm the color is olive brown (4/3 2.5y) (Figure 17). The 

magnetic susceptibility varies, but is moderately high (Figure 19).  

 

5. 1. 2 Unit 14 – 2: 

Unit 14 – 2 (70 – 160 cm) is relatively homogenous; it contains relatively little dropstones, 

except in the upper and lower part. In this interval laminated is found, which is clearly visible 

on the x – ray photography (Figure 18). The unit consist of relatively high amounts of mud 

(92 – 100 %), and little sand (4 %). The color at the upper part of this unit is olive grey (4/2 

5y) and shifts to dark grey (4/1 2.5y) at the lower part (Figure 17). The magnetic 

susceptibility decreases, and stays low throughout the unit (Figure 19).  

 

5. 1. 3 Unit 14 – 3: 

In unit 14 - 3 (160 – 180 cm) there is a drop in the mud-content (from c. 98 to 84 %), and 

both the concentration of sand and dropstones increases (Figure 20). On the x – ray 

photography the dropstones are highly visible (Figure 17). The color is uniform; dark greyish 

brown (4/2 2.5y) (Figure 17). The magnetic susceptibility – values starts to increase at 

160cm, and then drops at approximately 180 cm (Figure 19).  

 

5. 1. 4 Unit 14 – 4: 

Unit 14 - 4 (180 – 290 cm) contains relatively little dropstones (Figure 20), however, some 

dropstones can be observed on the x – ray photography (Figure 16), together with layering 

throughout the whole unit. The unit consist of high amounts of mud (85 – 98 %), with varied 

concentrations of sand (2 – 10 %) (Figure 20). From 240 cm to 270 cm shell fragments were 

observed visually. The color in this unit varies (Figure 17 and 18). From 180 cm the magnetic 
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susceptibility – values increase, and shows several episodes of high and low values (Figure 

19). At the transition to unit 5 at 290 cm the values decreases rapidly (Figure 19). 

 

5. 1. 5 Unit 14 – 5: 

Unit 14 – 5 (290 – 315 cm) contains high amounts of dropstones, which is visible on the x – 

ray photography (Figure 18). At this relatively short unit (280 – 312 cm) there is a drop in the 

mud concentration (to c. 65 %), and an increase in sand (30 %) (Figure 20). The color of this 

unit is very dark grey (3/4 5y) (Figure 17 and 18), and clearly visible on the x – ray 

photography as a relatively darker part of the core, which could imply higher density (Figure 

18). At 290 cm the magnetic susceptibility – values drop from 45 (10-5) SI to 17 (10-5) SI, and 

continues to drop for c. 20 cm (Figure 19).  

 

5. 1. 6 Unit 14 – 6: 

The lowermost unit 14 – 6 (312 – 413 cm), contains some dropstones and a clast at ca 385 

cm (Figure 17 and 18), which can be observed on the x – ray photography in the upper part 

of the unit (Figure 19). The unit has a relatively high concentration of mud (95 – 98 %) 

(Figure 20). Above the clast at 385 cm a sand lenses was observed. The amount of sand 

drops as well (<7 %). Layering in the upper and in the lower part can be observed on the x – 

ray photography (Figure 18). The middle part is somewhat massive. In the upper and lower 

part of this unit, shell fragments were visually observed. The upper part of this unit is 

dominated by olive (4/3 5y) - olive grey (4/2 5y) sediments, which shifts to olive brown (4/3 

5 y) at 372 cm (Figure 18). From 372 cm the color of the sediments are olive grey (4/2 5y), 

and then changes to light olive brown (5/3 2.5y) at 398 cm (Figure 18). Toward the bottom 

of the core the color shifts from olive grey (4/2 5y) to olive (4/3 5y) (Figure 18). In the upper 

part of the unit the magnetic susceptibility – values increases, and reaches the highest 

values (47 (10-5) SI) throughout the core at 319 cm (Figure 19). From 319 to 330 the values 

decreases more or less gradually.  
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5. 1. 7 Foraminiferal assemblage units in HH14 – 002 GC 

In the 64 (>100 µm size - fraction) samples that were analyzed, 28 different foraminifera 

species were identified. The planktic foraminifera (Figure 21) and the nine most dominate 

benthic species will be presented (Figure 22), together with the planktic, benthic flux and 

concentration (Figure 21 and 22, respectively). The five sub – dominated species will be 

presented (Figure 23), but nearly discussed later. The species that dominates the different 

units will be emphasized. In all of the units the planktic assemblages are dominated by 

Neogloboquadrina pachyderma (s), while the benthic faunas are dominated by Cassidulina 

neoteretis, and other. The result from the foraminifera distribution analysis is divided into six 

different faunal units (14 – A to 14 – F), which are close to the boundaries of the lithological 

units (unit 14 – 1 to 14 – 6), and will be presented from the bottom of the core (412 cm) to 

the top (0 cm). 
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Figure 21: Distribution (%) of the planktic species plotted against depth (cm), together with the planktic flux of foraminifera 
((number of planktic foraminifera/cm2/ka)*103), concentration of planktic foraminifer and P:B ratio. The different faunal 
units are indicated on the figure. The dashed lines indicates samples in the core which contains less than 80 foraminifera, 
and is there for considered as a non – representative sample. 
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Figure 22: Distribution (%) of the dominating benthic species, together with the flux of benthic foraminifera ((number of 
benthic foraminifera/cm2/ka)*103), and the concentration of benthic foraminifera plotted against depth (cm). The different 
faunal units are indicated on the figure. The dashed lines indicates samples in the core which contains less than 80 
foraminifera, and is there for considered as a non - representative sample. 
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Figure 23: The sub – dominating species constitute for an insignificant part of the total fauna. The different units are 
indicated.  

 

Unit 14 – F (412 – 318 cm) 

The dominant planktic species in the lowermost unit (14 – F) is dominated by 

Neogloboquadrina pachyderma (s) (Figure 21). This planktic species constitutes between 98 

% and 80% of the planktic fauna. Cassidulina neoteretis accounts for between 100 % and 2 % 

of the total benthic assemblage in this unit (Figure 22), and is clearly the dominating benthic 

species. In addition, other species that peak in this zone is Melonis barleeanum, Islandiella 

norcrossi, Elphidium excavatum f. clavatum and Stainforthia loeblichi (Figure 22). The 

diversity of the arctic species Cassidulina reniforme remain low, but stable throughout this 

unit. Other species that has minor peaks in this zone is Nonionellina labradorica, Oridorsalis 

umbonatus and Cibicides lobatulus. The benthic flux of foraminifera is low (Figure 22). The 

planktic flux is moderate, and the P:B ratio is relatively high (Figure 21).  
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Unit 14 – E (315 – 290 cm) 

In the relatively short unit 14 – E there is a decrease in the planktic and benthic flux (Figure 

21 and 22, respectively). The benthic assemblage is dominated by Cassidulina reniforme, 

Melonis barleeanum, Islandiella norcrossi and Elphidium excavatum f. clavatum (Figure 22). 

The percent of Cassidulina neoteretis decreases. The benthic flux decreases (Figure 22). The 

amount of benthic species decreases at the end when the planktic species 

Neogloboquadrina pachyderma (s) and the planktic flux and P:B ratio increases (Figure 21).  

Unit 14 – D (290 – 180 cm) 

In in this unit Neogloboquadrina pachyderma (s) dominates the planktic fauna (Figure 21). 

The planktic flux and P:B ratio decreases at the after 290 cm (Figure 21). At 245 cm 

Neogloboquadrina pachyderma (s) decreases, and the subpolar species Neogloboquadrina 

pachyderma (d) dominates 20 % of the planktic fauna (Figure 21). Cassidulina neoteretis 

dominates benthic fauna (Figure 22). Other species that inhabits the benthic fauna, 

especially in the beginning, is Islandiella norcrossi (up to 60 %) and E. excavatum f. clavatum 

together with Cibicides lobatulus (Figure 22). The diversity of Cassidulina reniforme and 

Melonis barleeanum stays low, but stable throughout the unit (Figure 22).  

Unit 14 – C (180 – 160 cm) 

Neogloboquadrina pachyderma (s) dominates the planktic fauna (Figure 21). Both the 

planktic and benthic fluxes decreases, and the P:B ratio is moderate (Figure 21 and 22, 

respectively). Elphidium excavatum f. clavatum reaches its highest value, and occupies 50 % 

of the fauna at the beginning of this unit (Figure 21). Cassidulina neoteretis increases when 

Elphidium excavatum f. clavatum decreases (Figure 22). Other species that occupies the 

assemblage is Islandiella norcrossi and Melonis barleeanum (Figure 22). Cibicides lobatulus 

and Nonionellina labradorica have stays relatively low in this unit, but remains stable 

throughout the unit.  

Unit 14 – B (160 – 70 cm) 

The planktic flux decline (Figure 21), while the benthic increases, but are varying (Figure 22). 

The P:B ratio is at its lowest in this unit (Figure 21). Neogloboquadrina pachyderma (s) is the 

dominating planktic species (Figure 21). The abundance of Cassidulina neoteretis varies 

(Figure 22). There is an increase in Cassidulina reniforme, which dominates up to 60 % of the 

benthic fauna (Figure 22). Towards the upper and lower part the diversity of Cassidulina 
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reniforme decreases, and Islandiella norcrossi increases. Cassidulina reniforme has a peak at 

the beginning of the unit, together with Cibicides lobatulus.  

 

Unit 14 – A (70 – 0 cm) 

The flux of planktic and benthic foraminifera increases in the middle of the unit (Figure 21 

and 22, respectively), and decreases towards the uppermost part of the core. The P:B ratio is 

moderate (Figure 21). Neogloboquadrina pachyderma (s) is the dominating planktic species 

(Figure 21). Cassidulina neoteretis dominates the benthic, but decreases after 20 cm (Figure 

22). Melonis barleeanum increases towards the top of the core (Figure 22). Islandiella 

norcrossi increases at the beginning and at the middle part of the unit. There is a small 

increase of Cibicides lobatulus at the top of the core.  
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5. 1. 8 Stable isotope analysis 

The stable isotope analysis consist of together four results; two δ18C and two δ13C (Figure 

24). The measurements from N. pachyderma (s) will be referred as planktic, and 

measurements from C. neoteretis as benthic. The uppermost part of the measurements are 

missing due to no or too little material in the samples. The stable isotope results are divided 

into the same units as the lithological units (Figure 17, 18, 19 and 20). 

The measurements of the stable isotopes in unit 14 – 1 starts at 19 cm (planktic) and 29 cm 

(benthic) (Figure 24). From the start point to approximately 60 cm the oxygen values stays 

moderate (4.2 – 3.9 ‰ and 5. 2 – 5 ‰). The carbon isotope fluctuates a bit at this interval; 

the planktic values for varies from c. -0.18 ‰ to 0.15‰, while the benthic values goes from 

0.2 ‰ to 0.38 ‰. 

At unit 14 – 2 (Figure 24) the oxygen isotopes values for benthic stays relatively high from 70 

cm to 160 cm, and moderate for the planktic in the same interval. For the carbon isotopes 

there is a slightly drop (from 0.38 ‰ to -0.1 ‰) in the benthic from 70 cm to 135 cm, and 

increases  from 135 cm to 160 cm, while the planktic remains negative from 80 cm to 160 

cm, except from a minor increase with values just over 0 ‰. 

In unit 14 – 3 1(160 cm to 180 cm) (Figure 24) the stable isotopes values of both planktic and 

benthic makes a drop towards negative values. 

In unit 14 – 4 (180 cm to 290 cm) (Figure 24) both the benthic and planktic oxygen isotopes 

values increases for. For the planktic the values fluctuates from 4.75 ‰ to 4.48 ‰, while the 

values for benthic varies from 5.57 ‰ to 5.38 ‰. For the carbon isotope the benthic values 

decreases after 180, and then increases after 200 cm where the values varies between (-1.2 

‰ to -0.6 ‰). The planktic carbon isotope increases after 180cm and stays relatively high 

until a decrease towards unit 14 – 5. 

In unit 14- 5 (290 cm – 315 cm) both the planktic and benthic oxygen and the carbon isotope 

values decreases (Figure 24). 

Towards unit 14 – 6 (Figure 24) the planktic and benthic carbon isotope increases, until 295 

cm where the planktic values decreases. The planktic oxygen isotope values oscillates and 

varies between 4.6 ‰ to 3.6 ‰, whereas the benthic oxygen isotope decreases from 5.4 ‰ 

to 4.7 ‰ towards the bottom of the core. 
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Figure 24: The benthic (C. neoteretis) and planktic (N. pachyderma (s)) carbon and oxygen isotope record plotted against depth (cm), and divided into units. The values of the benthic and 
planktic oxygen isotope is presented as reverse.
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5. 2 HH12-930 GC 

Sediment core HH12-930 GC was retrieved from within a pockmark, Vestnesa Ridge. The 

core has been visually studied to determine the color of the sediments using a “Munsell soil 

color charts” (Figure 25 and 26). It was taken x – ray photo (Figure 26) and a color 

photography (Figure 25) of the core, and measured for magnetic susceptibility every 2 cm 

(Figure 27). Grain size distribution were carried out for every 5 cm, same with counting clasts 

<0.5 mm (Figure 28) and stable isotope analysis, which will be presented in chapter 5. 2. 7. 

The lithology is presented in a lithological log (Figure 25 and 27), and is mainly the same as in 

HH14 – 002 GC; fine grained sediments, with coarser material, however, in this core a layer 

containing high abundance of shell was observed. The shell layer can be observed on the x – 

ray photography as white due to lower density compared to clasts, which appears as darker. 

Clasts appears frequently in the upper 170 cm of the core, and less frequently in the middle 

and lower part. The core contains as well layer of varying colors, especially in the lower part 

of the core, which is visible on the color photography, and can be studied on the x – ray 

photography due to density differences. The magnetic susceptibility flocculates throughout 

the core, where the peaks could be linked interglacial periods (Rasmussen, et al., 1996a). 

Throughout the core the magnetic susceptibility is low compared to HH14 – 002 GC, except 

from the upper part of the core (0 – 50 cm). The magnetic susceptibility has somewhat 

similar pattern to the magnetic susceptibility from HH14 – 002 GC, and parts of the core can 

possibly be correlated to Jessen et al (2010). Most of the parts of the magnetic susceptibility 

seems to be disturbed for unknown reasons. The core was divided into together six units, 

where the upper unit is named 12 – 1 and the lowermost unit 12 – 6. The units are based on 

lithological differences, which could reflect different sedimentological environment. The six 

units will be presented separately, where the lithology, x – ray photography, color and the 

magnetic susceptibility will be described.  
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Figure 25: The figure shows the image of the core HH12-930 GC with the lithological log and the six different units. The color 
of the sediments are indicated. This core contained whole shells and shell fragments. 
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Figure 26: X – ray photo, lithological log, color of the sediments and the six different units found in HH12-930 GC plotted 
against depth (cm). Clasts and layers with higher density is appears as darker, while the shells is whiter.  
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Figure 27: The photo of the core HH12-930 GC together with the magnetic susceptibility. The magnetic susceptibility shows 
some disturbance after 180 cm. A simplified version lithology of the core is also indicated. 
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Figure 28: A photo of the core and a simplified version of the lithology and the core, together with number of IRD per gram and the grain sizes plotted against depth (cm). The six different are 
indicated on the figure.
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5. 2. 1 Unit 12 - 1 

Unit 12 – 1 consist of the upper 180 cm of the core. In this unit there is high abundance of 

material coarser than 0.5 mm. These are visible on the x – ray photo (Figure 26). Intervals 

with sand occurs as well. However, mud is the dominant (97 – 85 %) grain size in this unit 

(Figure 28). Layering and lamination is spares in the upper part (Figure 25 and 26). In the 

uppermost part of the unit the color is dark greyish brown (4/2 2.5y) and shifts to olive 

brown (4/3 2.5y) at 40 cm. At 60 cm the color is again dark greyish brown (4/2 2.5y), which 

shifts to greyish brown (5/2 2.5y) at 80 cm, and further to olive grey (4/2 5y). At 160 cm the 

color is dark yellowish brown (4/6 10yr), and shifts to olive grey (4/2 5y) again at 170 cm 

(Figure 25 and 26). The magnetic susceptibility flocculates in this unit. From 3 cm to 90 cm 

the values reaches its maximum throughout the core, and varies between 16 (10-5 SI) and 32 

(10-5 SI). After 90 cm the values decreases. From 100 cm to 180 cm the values flocculates 

again, but the values are lower (4 (10-5 SI) to 12 (10-5 SI)) (Figure 27). 

5. 2. 2 Unit 12 – 2 

In unit 12 – 2 lamination/layering increases, and is visible on x- ray photography (Figure 26). 

The lamination/layering continues from 180 cm to 280 cm. The dominant grain size in this 

unit is mainly mud (98 – 100 %), but coarser material is present in the upper part (Figure 28), 

and can be observed on the x – ray photography on the lowest part of the unit (Figure 26). 

The whole unit consist of dark grey (4/2 5y) sediments (Figure 25 and 26). The magnetic 

susceptibility values varies and is relatively low from 180 cm to 220 cm (2 (10-5 SI) to 8 (10-5 

SI)). From 220 cm to 260 cm the values increases (8 (10-5 SI) to 12 (10-5 SI)), and is more 

stable (Figure 27). 

5. 2. 3 Unit 12 – 3 

Unit 12 – 3 consist of coarser material (> 0.5 mm) in the upper part and lamination/layering 

in the lower part (Figure 25 and 26). There is also a lenses with sand in the middle part. Mud 

is dominant grain size, but the amount has decrease (88 %). The amounts coarse sediments 

(> 0.5 mm) has increased, together with the quantities of sand (Figure 28). The color shifts 

from dark grey (4/1 5y) to very dark grey (3/1 5y) (Figure 25 and 26). The magnetic 

susceptibility varies, and the values shifts between 8 (10-5 SI) and 12 (10-5 SI), and is mainly 

the same as in the lower part of 12 – 2 (Figure 27). 
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5. 2. 4 Unit 12 – 4  

The lithology of unit 12 – 4 (300 cm – 390 cm) varies; intervals with high abundance of 

coarser sediments (>0.5 mm), sand lenses and lamination/layering occurs (Figure 25 and 26). 

There is a drop in mud content (60 %) at 330 cm, and where the abundance of sand and 

grain size coarser than 0.5 mm increases (Figure 28). In this unit a 20 cm thick layer with 

shells and shell fragments was observed. By study one of the shells, it is assumed that the 

species is “Vesicomyidae”, but since the shells were missing important parts to be 

completely identified, it is just an assumption. The color of the sediments in this unit varies 

compared to the units above (Figure 25 and 26). At the top of this unit (300 cm) the color is 

light olive grey (6/2 5y), and shifts to olive grey (4/2 5y) at around 315 cm. From 315 the 

color changes to dark grey (4/1 5y). This interval contains shell and shell fragment, and can 

be observed in the x-ray photo (Figure 26). From 340 cm to 355 cm the color shifts from grey 

(5/1 5y) to brown (4/2 5y), and to dark grey (4/1 5y). From 380 cm to 390 cm the color is 

olive (4/4 5y) (Figure 25 and 26). The value of the magnetic susceptibility is varying between 

4 (10-5 SI) and 24 (10-5 SI) (Figure 27). There are some small peak throughout the unit, where 

the highest peak is located at 375 cm.  

 

5. 2. 5 Unit 12 – 5  

Unit 12 – 5 is 20 cm thick (390 cm – 410 cm), and consist of an interval with high abundance 

of coarse material (>0.5 mm) (Figure 28). The mud content has dropped down, which varies 

between 72 % and 84 %. The units contains a lenses with sand. The color shifts from very 

dark grey (3/1 5y) to dark grey (4/1 5y) in this unit (Figure 25 and 26). The values of the 

magnetic susceptibility consist of a peak (15 (10-5 SI)) in the middle of this unit, and then 

decreases (8 (10-5 SI)) toward 410 cm (Figure 27). 

 

5. 2. 6 Unit 12 – 6  

The lowermost unit (410 cm – 538 cm) consist of varied lithological features; intervals with 

moderate abundance of coarser material (>0.5 mm), and especially in the upper part, there 

are occurrence of lamination/layering and zones with sand lenses (Figure 28). At ca 485 cm a 

clast can be found, which is visible on the x – ray photography (Figure 26). Above and below 
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this clast, sand lenses were observed (Figure 25 and 26). In this unit the mud content has 

increased (93 % to 97 %). The color is particularly diverse in this unit (Figure 24 and 26). 

Between 411 cm to 430 the color changes from light olive grey (6/2 5y) to pale yellow (7/3 

5y). From 430 cm to 467 cm the color changes from dark grey (4/1 5y) to brownish yellow 

(6/6 10yr), and further to darker color; very dark greyish brown to dark greyish brown (4/2 

2.5y). From 467 cm to 487 cm the color is olive grey (4/2 5y)/olive brown (4/4 2.5y). Towards 

the bottom of the core the color shifts between dark grey (4/1 5y) to olive grey (4/2 5y), and 

towards dark grey (4/1 5y) again. In this unit the values of the magnetic susceptibility is 

variable, but moderate - low (3 (10-5 SI) to 14 (10-5 SI) (Figure 27).  
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5. 2. 7 Stable isotope analysis  

The stable analysis is based on measurements of N. pachyderma (s) and C. neoteretis. The 

results consist of four results; planktic and benthic oxygen isotope (δ18O) and planktic and 

benthic carbon isotopes (δ13C) (Figure 29). The stable isotopes are divided into the same 

units as seen the lithological units (Figure 25, 26, 27 and 28). The lowermost part of unit 12 – 

6 lack the benthic isotope measurements due to insufficient material. 

In unit 12 – 1 (0 cm – 180 cm) the planktic and benthic δ18O values are low to moderate, and 

varies between 3.75 – 3.0 ‰ and 4.8 – 4.4 ‰ (Figure 29). The oxygen values increases after 

ca 100 cm (Figure 27). The benthic δ13C values stays between 0.0 – -0.5 ‰ from 0 to 100 cm 

and then drops to -2.1‰ after 123 cm (figure 27). The values increases to -1.0‰ after 130 

cm (Figure 29). The planktic δ13C values varies between 1.8 to -1.8 ‰ and stays relatively 

unaltered throughout the unit (Figure 27). 

The planktic and benthic δ18O increases in Unit 12 – 2 (180 – 260 cm), and varies between 

4.1 – 4.8 ‰ and 5.3 – 5.4 ‰, respectively (Figure 29). The planktic δ13C values relatively 

unchanged (~0.0 – -1.9 ‰) (Figure 29). The benthic δ13C values decreases towards -2 ‰ in 

the lower part of the unit (Figure 29). 

In unit 12 – 3 (260 – 300 cm), both the planktic and benthic δ18O values decreases to a 

minimum (2.0‰ and 4.6 ‰, respectively) (Figure 29). The planktic δ13C values stays 

unaltered, and the benthic δ13C values varies between -1.0 and -2.0 ‰ (Figure 29). 

The planktic and benthic δ18O values increase from 3.6 to 4.75 ‰ and 5.3 to 5.6 ‰, 

respectively, towards unit 12 – 4 (300 – 390 cm) (Figure 29). The planktic δ13C values makes 

a decrease to -3.47 ‰ at ca 353 cm, however, the values stays relatively unchanged 

throughout the unit (Figure 29). The benthic δ13C values flocculates, and ranges between -

1.0 to -3.5 ‰ (Figure 29). The minimum benthic δ13C value throughout the unit occurs at 353 

cm (3.5 ‰) and at 368 cm (-2.57 ‰) (Figure 29).  

In the relatively short unit 12 – 5 (390 – 410 cm) the planktic δ18O and benthic values makes 

a slightly increase of 0.2 ‰, while the benthic δ18O values remains stable at 5.5 ‰. The 

benthic δ13C values increases to moderate values (-1.4 ‰), and the planktic δ13C values 

decreases to -2.42 ‰ at 388 cm, and to -2.26 ‰ at 403 cm (Figure 29). Toward the upper 

part of unit 12—6 the values declines to -6.08 ‰ (413 cm) (Figure 29). 
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In unit (12 – 6; 410 – 538 cm) the planktic δ18O values increases to high values (4.0 – 4.75 ‰) 

(Figure 27). The benthic δ18O makes s drop after 400 cm, and decreases to 4.8 ‰ (Figure 29). 

The benthic δ13C values varies between -1.0 and -3.5 ‰ (Figure 29). In the upper part of this 

unit the planktic δ13C values reaches -6.08 ‰ (413 cm). The values makes a drop from -0.07 

‰ (458 cm) to -4.07 ‰ at 463 cm (Figure 29). The values increases, and then declines 

drastically at 488 cm (-3.64 ‰), and continuous to decrease to a minimum value at 518 cm (-

10.44 ‰) and at 528 cm (-11.34 ‰) (Figure 29). 
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Figure 29: Stable isotope for sediment core HH12 – 930 GC. The planktic δ13C value stays relatively uniform from 0 to 488 cm when the values drops to -3.64 ‰ and continuous to decline 
towards -11.34 ‰. The planktic and benthic δ18O values seem to be slightly increasing toward the bottom of the core, except in unit 14 – 3, were the values drops to a minimum.
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6. Chronology and establishment of an age model 
 

6. 1 HH14-002 GC  

The chronology of HH14 – 002 GC is based on four AMS radiocarbon dates from the planktic 

foraminifera N. pachyderma (s). The four samples was send to the 14CHRONO Centre at 

Queens University in Belfast for AMS 14C dating. The dating are based on the mean values of 

the σ2 range. The four dating range from 215 cm to 323 cm in the core, leaving the upper 

part and some of the lower part of the core with no radiocarbon age (Figure 30). This was 

because there was not sufficient material to be dated in these intervals.  

 

6. 1. 1 Radiocarbon dates 

The radiocarbon dates were converted to calibrated ages using Calib 7.0.4 (Stuvier & Reimer, 

1993), and the calibrating data set that was used was Marine13 (Reimer, et al., 2013). ΔR 

was set to be zero. The calibrated dates ranges from 20,101 cal. yr BP to 26,486 cal. yr BP 

(Table 4).  

 

Core Lab 
ref. 

Depth (cm) Species 

 

14C uncalibrated yr 

 

Cal. yr BP 2σ 
range 

Cal. yr BP 

2σ mean 

HH14-

002GC 

UBA-
28217 

215.5 N. 

pachyderma 

(s) 

17,059±77 19,857-20,344 20,101 

HH14-

002GC 

UBA-
28218 

259.5 N. 

pachyderma 

(s) 

18,533±103 21,677-22,294 21,986 

HH14-

002GC 

UBA-
28219 

275.5 N. 

pachyderma 

(s) 

19,590±85 22,856-23,430 23,143 

HH14-

002GC 

UBA-
28220 

323.5 N. 

pachyderma 

(s) 

22,635±111 26,111-26,861 26,486 

Table 4: The laboratory reference, together with the 14C dates and the calibrated ages. 
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Figure 30: Calibrated radiocarbon dates plotted against depth. The sampling depth is shown by black dots.  
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6. 1. 2 Sedimentation rate 

The linear sedimentation rate in Fram Strait is estimated by Hebbeln and Wefer (1997) to be 

2.4 – 3.0 cm/ka during glaciations and 1.2 – 1.3 cm/ka for interglacial periods. The 

controlling factor for variations in the sedimentation rate in the Fram Strait is the intensity of 

ice rafted debris, bottom topography and bottom currents (Gard, 1987). 

 

The linear sedimentation rate was calculated by assuming that the sedimentation rate has 

been constant between the radiocarbon dates. Four radiocarbon dates establish together 

three linear sedimentation rate (Table 5). The linear sedimentation rates are presented as 

cm/ka (103) against depth (cm).  

 

Core Depth (cm) Species 

 

14C cal year BP 

 

Cal. yr BP 

2 σ mean 

   Sedimentation rate 

(cm/ka) 

HH14-

002GC 

215.5 N. 

pachyderma 

(s) 

17,059±77 20,101 23.34 cm/ka (between 259.5 

and 215.5) 

HH14-

002GC 

259.5 N. 

pachyderma 

(s) 

18,533±103 21,986 13.83 cm/ka (between 275.5 

and 259.5) 

HH14-

002GC 

275.5 N. 

pachyderma 

(s) 

19,590±85 23,143 14.36 cm/ka (between 275.5 

and 323.5) 

HH14-

002GC 

323.5 N. 

pachyderma 

(s) 

22,635±111 26,486  

Table 5: Table showing form which depth the dating were sampled, 14C years, calibrated calendar years and the linear 
sedimentation rate.  

 
 
 
The sedimentation rate covers the three lowermost units in the core (unit 14 – 4 to unit 14 – 

6), so the sedimentation rate for upper part of the core is unknown. Between the upper 

radiocarbon dates the sedimentation rate is estimated to be 23.34 cm/ka. The two samples 

were taken from 215 cm and 259 cm, where the samples were dated to 20101 cal. yr BP and 

21986 cal. yr BP, respectively. For the middle the sedimentation rate were estimated by 

material sampled from 259 cm and 275 cm, where the samples from 275 cm were dated to 
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23143 cal. yr BP. This part covers an age span of 1157 years. The sedimentation rate 

decreases in this interval down to 13.82 cm/ka. In the lower part the sedimentation rate is 

estimated by using the age from 275 cm and from 323 cm, which was dated to 26486 cal. yr 

BP. The sedimentation rate was estimated to be 14.358 cm/ka in the lower part. The average 

sedimentation rate for this core is calculated to be 17.1726 cm/ka. 
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6. 2 HH12-930 GC 

In HH12 – 930 GC the chronology is based on two samples contain N. pachyderma (s), one 

contain shell fragment of unidentified species and one with a shell which is believed to be of 

the species Vesicomyidae. The samples were sent to 14CHRONO Centre at Queens 

University in Belfast for AMS 14C dating. The dating range from 298 cm to 508 cm in the 

core (Figure 31). The dating are also based on the mean value of the σ2 range. The upper 

part of the core contains no dating due to lack of material.  

6. 1. 1 Radiocarbon dates 

The dating were calibrated ages using Calib 7.0.4 (Stuvier & Reimer, 1993), and the 

calibrating data set that was used was Marine13 (Reimer, et al., 2013). ΔR was set to be 

zero. The dating will be presented as cal. yr BP (calibrated calendar years before present). 

The four dating range from 18429 cal. yr BP to 37829 cal. yr BP (see Table 6). 

 
 

Core Lab 
ref. 

Depth (cm) Species 

 

14C cal year BP 

 

Cal. yr BP 2σ 
range 

Cal. yr BP 

2σ mean 

HH12-

930GC 

UBA-
30294 

298 N. pachyderma 

(s) 

15,572±68 18,235-18,623 18,429 

HH12-

930GC 

UBA-
30295 

320.5 Shell 

(Vesicomyidae) 

18,254±86 21,351-21,881 21,616 

HH12-

930GC 

UBA-
30296 

433 N. pachyderma 

(s) 

25,022±180 28,214-29,056 28,635 

HH12-

930GC 

UBA-
30297 

508 Shell fragment 34,074±554 36,427-39,231 37,829 

Table 6: Laboratory references, species of the samples material together with the 14C age and the mean calibrated calendar 
dates. 
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Figure 31: The calibrated calendar years plotted against depth of core HH12 – 930 GC. 

 
 
 
 

6. 1. 2 Sedimentation rate 

To estimate the sedimentation rate, it is assumed that the sedimentation rate has been 

constant between the radiocarbon dates. The depth and the age between two intervals was 

used to calculate the sedimentation rate, which is the same procedure as for HH14 – 002 GC 

(see 6. 1. 2). Together three sedimentation rates for core HH12 – 930 GC was calculated 

(Table 7).  
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Core Depth (cm) Species 

 

14C cal year BP 

 

Cal. yr BP 

2 σ mean 

Sedimentation rate (cm/ka) 

HH12-

930GC 

298 N. pachyderma 

(s) 

15,572±68 18,429 7.06 cm/ka (between 298 

and 320.5) 

HH12-

930GC 

320.5 Shell 

(Vesicomyidae) 

18,254±86 21,616 16.03 cm/ka (between 320.5 

and 433) 

HH12-

930GC 

433 N. pachyderma 

(s) 

25,022±180 28,635 8.16 cm/ka (between 433 

and 508) 

HH12-

930GC 

508 Shell fragment 34,074±554 37,829  

Table 7: The depth, 14C age, calibrated calendar age and the calculated sedimentation rate for HH12 – 930 GC. 

 

The sedimentation rate is estimated to be 7.06 cm/ka between 298 cm and 320.5, and 

increases to 16.03 cm/ka at 320.5 cm to 433 cm. Between 433 cm and 508 cm the 

sedimentation rate decreases down to 8.16 cm/ka (See table 7). 

The four radiocarbon dates covers together the lowermost part of unit 12 – 3, upperpart of 

unit 12 – 4 and upper and lower part of unit 12 – 6. The sedimentation rate and the age of 

unit 12 – 1 and unit 12 – 2 is unknown. The sedimentation rate between 298 cm and 320.5 

cm is estimated to be 7.06 cm/ka, and increases between 320.5 and 433 to 16.03 cm/ka. 

Between 433 cm and 508 cm the sedimentation rate decreases to 8.16 cm/ka. The average 

sedimentation rate for core HH12 – 930 GC is calculated to be 10.42 cm/ka. 
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6. 3 Correlation and age model 
A study by Jessen et al (2010) demonstrate that sediments core from the Western Svalbard 

slope can be used for correlation and as a chronological tool. The sediment core varies from 

water depth between 630 m to 1880 m, and are collected between 76° to 80°N (Figure 29a). 

All of the cores in Jessen et al (2010) showed clear similarities in lithology and magnetic 

susceptibility (MS), and penetrated into mass transported material and laminated, fine 

grained sediments. Both of these layers show low magnetic susceptibility values (Figure 32). 

A stacked MS – chronology provides eight absolute dating extending from 8355 to 27,500 cal 

yr BP (Figure 32) (Jessen, et al., 2010). Two of the ages used in HH14-002 GC were estimated 

by using linear regression and all of the calibrated 14C ages from the core. 
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Figure 32: A) Eleven sediments cores collected from the western Svalbard slope. B) Stacked magnetic susceptibility based on the eleven sediment cores. The ages are indicated in calibrated 
years BP. (TP=Tie-Point). (Both figure A) and B) are from Jessen et al (2010)). 
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Figure 33: Four of the sediment cores from the western Svalbard slope (76°24 to 79°37’N) from Jessen et al (2010). All of the four cores contained laminated sediments (between tie-pint 5 and 
6) and mass transported deposits (between tie-point 7 and 6) which shows relatively low magnetic susceptibility. Figure from Jessen et al (2010).
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The cores HH14 – 002 GC and HH12 – 930 are taken offshore western Svalbard (Figure 12 

and 15). The two sediment cores HH14 – 002 GC and HH12 – 930 GC show similarities in 

lithology and grain size distributions (Figures 17, 20 and figures 25 and 28, respectively) and 

similarities to the lithology and magnetic susceptibility patterns published by Jessen et al. 

(2010).  

The magnetic susceptibility in HH12 – 930 GC (Figure 27) is disturbed for unknown 

reasons (see discussion below), however the upper part of HH12 – 930 GC shows a similar 

pattern as in the upper part of HH14 – 002 GC. Unit 14 – 1 and 12 – 1 both contains mud rich 

in clast (Figures 18 and 28, respectively), and the magnetic susceptibility in the upper part of 

unit 12 – 1 (Figure 27) shows a similar pattern to the pattern seen in the magnetic 

susceptibility of unit 14 – 1 (Figure 19). The thickness of this layer in HH14 – 002 GC is 70 cm 

(Figure 17 and 18), while in HH12 – 930 GC the layer is 180 cm thick (Figure 24 and 25). In 

unit 14 – 2 and unit 12 – 2 fine – grained, laminated sediments can be observed (Figures 17, 

18 and figures 25 and 26, respectively). The thickness of the laminated layers in unit 14 – 2 

and 12 -2 varies between 91 cm to 80 cm, respectively.  

The laminated layers are younger than 20,101 years in core HH14-002 and located 55 

cm above this date, and younger than 18,429 years in core HH12-930 and located 38 cm 

above this date. The laminated layers probably correlate closely in time with the laminated 

layers found in cores from the western Svalbard margin by Jessen et al. (2010) and with 

similar age as the tie – points 5 – 6 (14,300 and 14,780 cal yr BP, respectively). In core HH14-

002 GC the magnetic susceptibility values are also low as in the records from Jessen et al. 

(2010) (Figure 19). 

Below both of the laminated layers in unit 14 – 2 and 12 – 2 deposits with high 

abundance of coarse material are observed. This layer (unit 14 – 3) is 20 cm thick in HH14 – 

002 GC (Figure 15). The coarse material is visible on the x – ray photo (Figure 18) and by its 

dark color in otherwise light-colored sediments (Figure 17). In HH12 – 930 GC the layer (unit 

12 – 3) is 40 cm thick (Figure 25). On the x – ray photo (Figure 26) the coarse material is 

clearly visible in the upper part of this unit and as in in HH14-002GC it stands out by its 

darker color (Figure 25). Both units 14 – 4 (Figure 17 and 18) and 12 – 4 (Figure 25 and 26) 

show layering. The grain sizes in HH14-002 GC and HH12-930 GC (Figure 18 and 28, 

respectively) and the color of the sediments (Figure 17 and 25, respectively) varies. In unit 

14 – 5 (Figure 20) and unit 12 – 5 (Figure 28) the abundance of coarse material increases, 
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and the amount of mud drops. In HH14 – 002 GC the magnetic susceptibility decreases in 

this unit (Figure 19). The coarse layers show obvious similarities to the coarse layers found in 

Jessen et al. (2010), both in lithology, color and magnetic susceptibility values (core HH14-

002, only). Also the layers are framed by dates of 23,143 years in core HH14-002 right above 

the coarse layer and by 28,635 years in core HH12-930 23 cm below the layer and thus 

probably correlate in time with Jessen et al. (2010), who dated the layer to 24,000 years. 

In unit 14 – 6 and unit 12 – 6 the amount of mud increases (Figure 19 and 28, 

respectively), and in both cores a clast deposited below a sand lense can be observed at 385 

cm in HH14 – 002 GC (Figure 17 and 18) and at 485 cm in HH12 – 930 GC (Figure 25 and 26). 

This clast could potentially have been deposited simultaneously, however, due to lack of 

absolute dating this correlation is rather uncertain.  

By comparing the lithology, grain sizes and parts of the magnetic susceptibility a correlation 

between the units in HH14 – 002 GC and HH12 – 930 GC is possible and further a correlation 

to the stack of Jessen et al. (2010) (Figure 35).  

 

The magnetic susceptibility in HH14 – 002 GC (Figure 19) shows some of the same patter as 

seen in the stacked magnetic susceptibility (Figure 32). The layer in unit 14 – 5 is possibly the 

similar layer observed in Jessen et al (2010), which is indicated in figure 32 in between TP7 

and TP8, and given an age of 23,820±260 cal yr BP (Jessen, et al., 2010). The two dating in 

HH14 – 002 GC gives unit 14 – 5 an age between 23,143 and 26,486 cal yr BP, which is in 

good agreement with TP7 and TP8 in Jessen et al (2010) (Figure 32), which has calculated an 

average age of the mass transported deposition to be 23,820 ±260 cal yr BP. Jessen et al 

(2010) also describe fine – grained, laminated sediments with low magnetic susceptibility, 

which is found between TP5 (14,300 ±260) and TP6 (14,700±220) (see Figure 29). This layer 

is deposited on top of clast rich mud (Jessen, et al., 2010). A layer similar to the laminated, 

fine – grains sediments in Jessen et al (2010) can be found in unit 14 – 2, which also shows 

laminated layers (Figure 17 and 18) and a drop in magnetic susceptibility (Figure 17). This 

layer contains high amount of mud (Figure 20). The laminated layer is deposited on top of 

mud rich in clasts (unit 14 – 3) (Figures 17 and 18). Due to the similar lithology and magnetic 

susceptibility correlation between unit 14 – 2 and the laminated layer in Jessen et al (2010) 

is possible (Figure 32b). This gives unit 14 – 2 an age of 14,300±260 cal yr BP (TP5) in the 

upper part (70 cm) (Figure 32 and 33) and the lower part of the unit (160 cm) an age of 
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14,780±220 cal yr BP (Figure 33).The upper part of the magnetic susceptibility of HH14 – 002 

GC (Figure 19) shows some of the same pattern as in TP4 in the stacked magnetic 

susceptibility (Figure 32) in Jessen et al (2010). By correlating TP4 with the similar pattern in 

the magnetic susceptibility in unit 14 – 1 gives an age of 14,070 ±210 cal yr BP at ca 22 cm 

(Figure 33).  

By correlating the similar pattern in the magnetic susceptibility in core JM03 – 374PC2 in 

Jessen et al (2010) (Figure 32) with the lower part of 14 – 6 (Figures 15 and 16), the age at ca 

400 cm in HH14 – 002 GC could be 30,070 cal yr BP (Figure 33). 

By combining the similar lithology and magnetic susceptibility, correlation between Jessen et 

al (2010) and HH14 – 002 GC can be possible, and further an age model for HH14 – 002 GC 

can be established. Together five absolute age control point (TP4 – 8) from Jessen et al 

(2010) can be correlated to HH14 – 002 GC (Figure 34).
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Figure 34: The figure shows correlation between A) stacked magnetic susceptibility from sediment core from the western 
Svalbard slope, B) the lithology and magnetic susceptibility of JM03-373PC2 and the legend of the lithology of JM03-373PC2, 
C) the magnetic susceptibility and lithology of HH14 – 002 GC. All the ages is indicates as cal yr BP. Figure 31A and B are 
from Jessen et al (2010). (* dating from a core in Jessen et al (2010)).  
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The correlating between HH14 – 002 GC, stacked magnetic susceptibility and lithology from 

Jessen et al (2010) (Figure 34) can be used to further correlate with HH12 – 930 GC). The two 

distinct layers, the mass transported deposition and the laminated layer, in Jessen et al 

(2010) (Figure 31 and 32) which is observed in HH14 – 002 GC (Figure 31C) can also be found 

in HH12 – 930 GC (Figures 25, 26 and 27). By further correlating the results from figure 31 

with HH12 – 930 GC (Figure 34) it can provide an age model for HH12 – 930 GC. 
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Figure 35: The figure shows correlation between A) stacked magnetic susceptibility from the western Svalbard, B) lithology and magnetic susceptibility from JM03 – 373PC2, C) HH14 – 002 GC 
and D) HH12 – 930 GC. B2) illustrate the legend for JM03-373PC2 and E) the legend for HH14 – 002 GC and HH12 – 930 GC. At ca 400 cm (HH14 – 002 GC) the dating showing 30,070 cal yr BP is 
from core JM09 – 373PC (Jessen, et al., 2010). In the lower part of HH14 – 002 GC and HH12 – 930 GC layers containing clast and sand lenses have been correlated. All the ages is indicated as 
cal yr BP. (Figure A, B1 and B2 are from Jessen et al (2010).)
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By combining the dating from HH14 – 002 GC and HH12 – 930 GC and the dating from Jessen 

et al (2010) (Figure 35) a “new” sedimentation for each of the cores can be calculated. The 

linear sedimentation rate was calculated by assuming that the sedimentation rate has been 

constant between the radiocarbon dates. The depth and the age (Figure 36) between two 

intervals was used to calculate the sedimentation rate (Table 8 and 9). 

 

 

Core/ref Age (cal. yr 
BP) 

Depth (cm) Sedimentation rate 
(cm/ka) 

 

Jessen et al (2010)      14070 24.5  

Jessen et al (2010) 14300 69.5 195.65 

Jessen et al (2010) 14780 159.5 187.5 

Linear regression 17,652 180 7.31 

HH14 – 002 GC 20101 215.5 14.49 

HH14 – 002 GC 21986 
 

259.5 23.34 

HH14 – 002 GC 23145 275.5 13.81 

Jessen et al (2010) 23820 307.5 47.41 

HH14 – 002 GC 26486 323.5 6.00 

Jessen et al (2010) 30070 399.5 21.2 

Linear regression 31,479 412 8.87 

Table 8: Sedimentation rate for HH14 – 002 GC with dating from Jessen et al (2010). The sedimentation rate is based on the 
depth between two dating. 
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Core/ref Age (cal. yr 
BP) 

Depth (cm) Sedimentation rate 
(cm/ka) 

 

Jessen et al (2010)      14070 55.5  

Jessen et al (2010) 14300 178.5 534.78 

Jessen et al (2010) 14780 258.5 166.6 

HH12 – 930 GC 18429 298.5 10.96 

HH12 – 930 GC 21616 319.5 6.59 

Jessen et al (2010) 23820 398.5 35.8 

HH12 – 930 GC 28635 433.5 7.27 

HH12 – 930 GC 37829 508.5 8.16 

Table 9: Sedimentation rate for HH12 – 930 GC with dating from Jessen et al (2010). 
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Figure 36: Graph show the dates from HH14 – 002 GC and HH12 – 930 GC plotted against depth. The dating are marked on 
the graph with the depth. Dating marked * are from correlated from Jessen et al (2010). 
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7. Interpretation 

The interpretation will be based on the results from HH14 – 002 GC and HH12 – 930 GC, 

which include grain size distribution, number of IRD per gram (Figures 20 and 28, 

respectively) and magnetic susceptibility (Figures 19 and 27, respectively), together with the 

stable isotope analysis (Figure 24 and 29, respectively) and the relative abundance of 

planktic (Figure 21) and benthic (Figure 22) foraminifera from HH14 – 002 GC. However, due 

to disturbed signal of magnetic susceptibility below 180 cm in HH12 – 930 GC (Figure 27), it 

will not be given so much emphasis in the interpretation.  

Both of the cores have been correlated with Jessen et al (2010) to establish an age model 

together with the calibrated 14C ages (Figure 35). Based on this the two cores can be divided 

into seven different time intervals: the Middle Weichselian (>37,829 – 30,070 cal yr BP); the 

LGM (Last Glacial Maximum) (30,070 – 20,101 cal yr BP); Heinrich Event 2 (23,820 cal yr BP); 

Early deglaciation (20,101 cal yr BP); Heinrich Event 1 (c. 18,429 – 14,780 cal yr BP); 

Bølling/Allerød Interstadial (14,780 -<14,070 cal yr BP); Early Holocene (<14,070 cal yr BP). 

HH14-002 GC and HH12-930 GC contain both a muddy layer rich in clasts (Figure 37 and 38, 

respectively), laminated sediments (Figures 37 and 38, respectively) with high sedimentation 

rate (Table 8 and 9, respectively), possibly Heinrich Event 1 (Figures 37 and 38, respectively) 

and mass transported sediments (Figure 37 and 38, respectively), which correlated with 

Jessen et al (2010) (Figures 32 and 33). However, the intervals “Middle Weichselian” and 

“Early Holocene” applies only for HH12 – 930 GC. 
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Figure 37: Proxy data for HH14 – 002 GC. The image to the left shows color of the sediments. The dark color seem to be related to coarse – grained material, and increased IRD. The benthic flux 
increases during the Bølling/Allerød, and stays low during Heinrich Event 1 and 2. It appears that the flux of planktic foraminifera increases after Heinrich Event 1 and 2. During the Heinrich 
Event 2 the magnetic susceptibility is extremely low, while the value is high during the rest of the LGM. All ages are presented as cal. yr BP. LGM = Last Glacial Maximum, H2 = Heinrich Event 2, 
H1 = Heinrich Event 1. 
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Figure 38: Proxy data for HH12 – 930 GC. The magnetic susceptibility in this core appears to be disturbed, as it does not show the distinct drop at Heinrich Event 2. The boundary between the 
Mid – Weichselian and the LGM is unclear, however, it is correlated with a similar layer found in HH14 – 002 GC found just above 30,070 cal yr BP. The boundary between the early deglaciation 
and Heinrich Event 1 is uncertain, but is estimated to be at a peak in IRD as seen in HH14 – 002 GC.  All ages are presented as cal. yr BP. LGM = Last Glacial Maximum, H2 = Heinrich Event 2, H1 
= Heinrich Event 1
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Figure 39: The dashed lines indicates samples in the core which contains less than 80 foraminifera, and is there for 
considered as a non -  representative sample, and therefore not taken into account. The Heinrich Event 2 contained few 
foraminifera, compared to Heinrich Event 1. During the rest of the LGM after Heinrich Event 2 C. neoteretis is dominating. All 
ages are presented as cal. yr BP. LGM = Last Glacial Maximum, H2 = Heinrich Event 2, H1 = Heinrich Event 1 
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Figure 40:  The dashed lines indicates samples in the core which contains less than 80 foraminifera, and is there for 
considered as a non - representative sample. The uppermost part of the core contained very few foraminifera. N. 
pachyderma (s) is the dominating planktic species throughout the whole core. The P:B ratio is calculated by the 
concentration of planktic foraminifera divided by the concentration of benthic foraminifera.  All ages are presented as cal. yr 
BP. LGM = Last Glacial Maximum, H2 = Heinrich Event 2, H1 = Heinrich Event 1.
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Figure 41: Figure showing stable isotope analysis for sediment core HH14 – 002 GC. The planktic and benthic δ18O values stays relatively high after 23,820 cal yr BP. Heinrich Event 1 differs 
from Heinrich Event 2 by low  isotopic values, while the Bølling/Allerød Interstadials is characterized by moderate isotope values. The benthic δ18O value in the bottom of the core is low. All 
ages are presented as cal. yr BP. LGM = Last Glacial Maximum, H2 = Heinrich Event 2, H1 = Heinrich Event 1. 
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Figure 42: Stable isotope analysis for sediment core HH12 – 930 GC. The δ13C (carbon) and δ18O (oxygen) isotope are divided into intervals based on the different values that appears down – 
core. The Mid- Weichselian is characterized by extreme low planktic carbon values. The Last Glacial Maximum (LGM) is characterized by high oxygen values, while. Heinrich Event 1 (H1) 
appears to have low benthic and planktic oxygen values. After H1 the oxygen values seems to have a decline upward in the core. 



  

102 
 

 

7. 1 Mid – Weichselian (> 37,829 cal yr BP – 30,070 cal yr BP) 

This interval is found in HH12 – 930 GC (Figure 38). The x – ray photo (Figure 26) shows 

relatively homogenous sediments with IRD in the lower part, which could indicate a glacial 

environment. The high content could imply presence of high concentration of icebergs with 

sediments in the area. The content of IRD decreases towards 37,829 cal yr BP (Figure 38). 

The low to moderate content of IRD further up (Figure 38) could reflect that the 

temperature in the ocean was relatively warm, which would imply that the icebergs would 

have melted before reaching the area (Jessen, 2015). It could also imply that there was little 

ice rafting, due to little calving or that the iceberg contained only small amounts of 

sediments. This again could indicate a shift from slightly warmer conditions (interstadials) 

periods to more glacial conditions, and probably mark the OIS (oxygen isotope stage) 3/2 

boundary (35 ka). The content of mud decreases towards the lower part (Figure 35). The 

sedimentation rate for HH12 – 930 GC between 37,829 cal yr BP and 28,635 cal yr BP is 

estimated to be 8.16 cm/ka (Table 9). The sediments have very varying colors; from very 

dark greyish brown to brownish yellow (Figure 25 and 26), which could indicate imprints of  

Compared to HH14-002 GC, HH12-930 GC seems to have a lower content of IRD (Figure 37 

and 38, respectively) after 37,070 cal. yr BP and into the LGM. 

 

7. 2 > 30,070 – 20,101 cal yr BP (The last glacial maximum) 

This interval is represented by unit 14 – 6 to parts of unit 14 – 4 (412 cm to 215) (Figures 17, 

18, 19 and 20), and by unit the upper part of 12 – 6 to unit 12 - 4 (490 cm to 310 cm). In 

HH14 – 002 GC five ages covers this interval; 30,070 cal yr BP (from Jessen et al., 2010), 

26,486 cal yr BP, 23,143 cal yr BP, 21,986 cal yr BP and 20,101 cal yr BP (Figure 37). In HH12 

– 930 GC the age is between 28,135 cal yr BP and 21,616 cal yr BP (Figure 38). The oldest 

ages in HH14 – 002 GC are 30,070 cal yr BP, which is situated below a layer containing a clast 

and sand lenses, and 31,479 cal yr BP at 412 cm (Figure 37). Similar layer containing a clast 

and a sand lenses is found at 485 cm in HH12-930 GC (Figure 38). The layer in HH12 – 930 GC 

is younger than 37,829 cal yr and older than 28,635 cal yr (Figure 38). The layers in HH14-

002 GC and HH12-930 GC contains high content of IRD (Figure 37 and 38, respectively). 
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Major meltwater events can be identified by low δ13C and δ18O values (Duplessy, et al., 

1988; Stein, et al., 1994a; Stein, et al., 1994b), indicated by the low planktic and benthic δ18O 

and planktic δ13C values and is observed HH14 – 002 GC (Figure 41). The low planktic δ18O 

could indicate the presence of meltwater, and the low planktic δ13C could indicate that the 

ventilation in the surface water was decreased as also suggested by Spielhagen and 

Erlenkeuser (1994). The low isotope values could correspond in time with Heinrich Event 3, 

which occurred approximately 27,000 14C yr BP (between 30,085 and 32,539 cal yr BP) 

(Bond, et al., 1993).  The relative abundance of N. pachyderma (s) is high, which indicates 

glacial conditions and polar surface water (Bauch, et al., 2001). C. neoteretis could indicate 

the presence of chilled Atlantic water (Figure 39), probably flowing as a subsurface current 

(cf. Jennings & Helgadottir, 1994), with high salinity indicated by the presence of C. 

reniforme (Steinsund, et al., 1994). The presence of I. norcrossi indicates that the 

productivity was relatively high (Steinsund, et al., 1994). From 30,070 cal yr BP to 26,486 cal 

yr BP there is a high flux of planktic foraminifera (Figure 40), and an increase in the relative 

abundance of N. pachyderma (s) (Figure 40), which indicates glacial conditions and polar 

surface waters (Bauch, et al., 2001), and also an increase in sea – ice cover (Carsten & Wefer, 

1992). 

Throughout the LGM the δ18O values in both HH14-002 GC (Figure 41) and HH12-930 (Figure 

42) GC is relatively high. Negative planktic δ13C value is identified in HH12-930 GC during the 

first stages of LGM, and one at base of Heinrich Event 2, and at the upper part of LGM both 

benthic and planktic δ13C are observed (Figure 42). These negative δ13C values are 

interpreted to represent low flux of methane, similar to the interpretation of Consolaro et al 

(2015).  

The rest of the interval in HH14 – 002 GC is characterized by a layers with moderate to high 

abundance of coarser material or ice rafted detritus (IRD) (Figure 37) which is visible on the x 

– ray photo (Figure 18). This is increase in IRD is also observed in in HH12-930 GC (Figure 38). 

Both of these coarse grained layers can be correlated with Jessen et al (2010) (Figure 32 and 

33) and give it an age of 23,820 cal. yr BP (Figure 36). The increase in the concentration of 
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IRD could imply more glacial environment (Bond & Lotti, 1995; Voelker et al, 2002). With a 

more interstadial environment the iceberg would cause the icebergs to melt due to warmer 

surface water before being deposited in the area (Jessen, 2015). This interval shows also 

areas with sand lenses (37) and layered sediments are observed (Figure 37), which according 

to Andersen et al (1996) could indicate semi – permanent bottom currents. The magnetic 

susceptibility in HH14-002 GC varies, and has a distinct drop at 315 – 290 cm (Figure 37), 

which corresponds to unit 14 – 5 (Figure 15, 16, 17, 18). This is according to Kuijpers et al 

(2001) characteristic for sediments mixed by mass flow processes. This distinct drop in 

magnetic susceptibility and sudden increase of coarse sediments could be interpreted to 

have been caused by the deposition of mass transported sediments, and intense ice rafting 

(Jessen, et al., 2010; Chauhan, et al., 2015; Jessen & Rasmussen, 2015). This event 

correspond in time with Heinrich Event 2 in the North Atlantic (Bond, et al., 1993; Jessen, et 

al., 2010; Rasmussen & Thomsen, 2013; Zamelczyk, et al., 2014) 

After 23,820 cal yr BP the planktic δ18O shows high values (4.7 – 4.4 ‰) in HH14-002 

GC (Figure 37) probably related to an increase in salinity and temperature in the surface 

water, and possibly inflow of warm, saline Atlantic water as suggested by Spielhagen and 

Erlenkeuser (1994). The increase in δ13C could indicate more ventilated surface water, and 

that there was limited ice – cover (Spielhagen & Erlenkeuser, 1994) 

C. neoteretis peaks throughout this interval (Figure 39), which could indicate the 

presence of Atlantic Water, flowing as a subsurface current (cf. Jennings & Helgadottir, 

1994) and low bottom temperature (-1°C) (Mackensen & Hald, 1988). C. reniforme and E. 

excavatum f. clavatum peaks occasionally in this interval (Figure 39), which is typical for the 

high Arctic glacially influenced environment (Ślubowska-Woldengen, et al., 2007). At 350 cm 

there is an increase of M. barleeanum (Figure 39), which could indicate bottom water 

current (Murray, 1984), and increased sedimentation rate (Mackensen, et al., 1985) and 

increase of chilled Atlantic water (Polyak & Solheim, 1994; Polyak & Mikhailov, 1996). The 

higher relative abundance of I. norcrossi (Figure 39) indicates increased flux of organic 

matter (Jennings, et al., 2004), higher productivity and the presence of seasonal sea – ice 
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cover (Steinsund, et al., 1994). M. barleeanum and I. norcrossi together indicate that the 

bottom water has changed towards increased salinities and higher temperature, due to 

increased inflow of Atlantic water (Ślubowska, et al., 2005). 

The flux of benthic and planktic foraminifer’s decreases (Figure 39 and 40, 

respectively), which could indicate a more unstable environment. This is indicated by the 

increase of E. excavatum f. clavatum and C. reniforme (Figure 34). E. excavatum f. clavatum 

is found in areas with high turbidity with low salinities and temperatures (Steinsund, et al., 

1994). It is also considered an opportunist, which is found in areas with low number of 

foraminifera per gram sediments (Steinsund, et al., 1994). C. reniforme is also considered an 

opportunist, and is adapted to stressed and unstable environments (Osterman & Nelson, 

1989). There is an increase of C. lobatulus, which is associated with strong bottom current 

(Hald & Vorren, 1984; Husum & Hald, 2004b).  

From 23,820 cal yr BP to 20,101 cal yr BP the magnetic susceptibility in HH14-002 GC varies, 

but decreases slightly after 23,643 cal yr BP (Figure 37). This could, together with increase in 

relative abundance of N. pachyderma (s) (Figure 40) indicate an inflow of Polar surface water 

and a weakened current strength (Jessen, et al., 2010). The high abundance of N. 

pachyderma (s) could indicate glacial conditions until a slightly increase in the subpolar 

species N. pachyderma (d) at 240 cm (Figure 40). N. pachyderma (d) prefers temperatures 

around 10-12°C (Schmidt, et al., 2004), and indicates warmer surface waters. The abundance 

of C. neoteretis is relatively high and stable (Figure 39), which indicate that the area is 

influenced by chilled Atlantic water (Mackensen & Hald, 1988), perhaps as a subsurface 

current (Jennings, et al., 2004). The abundance of I. norcrossi (Figure 39) could indicate that 

seasonal sea – ice cover was present, a higher productivity (Steinsund, et al., 1994), and that 

the salinities were relatively high and stable (Korsun & Hald, 1998).High planktic δ18O values 

(Figure 41) could indicate an inflow of warm, saline Atlantic water (Spielhagen & 

Erlenkeuser, 1994).  

The number of IRD per g stays in HH14-002 GC moderate (Figure 37), which could indicate 

some degree of calving of the ice sheet. The sedimentation rate for this interval is estimated 
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to be between 23.34 cm/ka to 13.81 cm/ka (Table 8). In this interval the color of the 

sediments is mostly dark grey to dark greyish brown (Figure 17 and 18).  

7. 3 Early deglaciation (20,101 cal yr BP) 

At 20,101 cal yr BP there is an increase in mud in both of the cores (Figure 15 and 22). The 

content of IRD declines, but an increase in gran sizes between 63 and 100 µm is observed 

(Figure 34 and 35). This could indicate moderate fluxes of sea ice/and or iceberg, since sand 

– sized sediments are too heavy for current transportation (e.g., Ruddiman, 1977; Bond et 

al., 1993; Andrews, 200). The stable isotope values decreases slightly after 20,101 cal yr BP, 

which could indicate a minor influence of meltwater (Spielhagen & Erlenkeuser, 1994). There 

is a small decrease of N. pachyderma (s) (Figure 40), which is still the dominating planktic 

species, meaning that the conditions was still cold, and that polar surface water persisted in 

the area (Bauch et al., 2001). It is possible that N. pachyderma (s) calcified below the 

meltwater layer, and thus did not recorded low values in the planktic δ18O. The flux of 

planktic foraminifera is moderate (Figure 40), and the benthic flux decreases (Figure 39). The 

benthic foraminifera fauna is dominated by E. excavatum f. clavatum together with C. 

reniforme in the early stage of the deglaciation (Figure 39), which indicates a more stressed 

and a typical glaciomarine environment (Hald & Korsun, 1997). 

The stable isotope values decreases in HH14-002 GC (Figure 41), and the concentration 

of IRD increases towards 17,652 cal yr BP, implying an increase in meltwater, and fluxes of 

sea ice/icebergs. In HH12-930 GC a decline in benthic δ13C values is observed between 

21,616 and 18,429 cal. yr BP (Figure 42). This is could indicate higher fluxes of methane close 

to the seafloor, causing low rates of AOM.  

 

7. 4 Heinrich Event 1 (18,429 – 14,780 cal yr BP) 

The age of Heinrich Event 1 inHH14-002 GC is estimated by linear regression to be 17,652 

±444 cal years BP (Figure 37). In this interval the magnetic susceptibility in HH14 – 002 GC 

increases (Figure 37). There is a clear decline in both planktic and benthic δ18O values in 

HH14-002 GC and HH12-930 GC (Figure 41 and 42, respectively)  and a decrease in planktic 
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δ13C in HH14-002 GC (Figure 39), indicating presence of low – saline waters, caused by 

icebergs and sea ice (Spielhagen & Erlenkeuser, 1994). This is typical for Heinrich Event 1 on 

the Svalbard margin (Rasmussen, et al., 2007; Jessen, et al., 2010; Zamelczyk, et al., 2014). 

Low planktic δ13C values could imply decreased ventilation of the surface water, and possibly 

the presence of seasonally sea ice (Spielhagen & Erlenkeuser, 1994). The low planktic and 

benthic δ18O observed together with the decline in δ13C values GC in HH14-002 GC and 

HH12-930 GC (Figure 41 and 42, respectively), could indicate a stratification of the water 

column (Bond, et al., 1993). The input of IRD in HH14-002 GC increases and the amount of 

mud declines (Figure 37). The P:B ratio decreases, and so does the planktic and benthic flux 

(Figure 40 and 39, respectively). This low ratio could be due to dissolution of planktic 

foraminifera (Berger, 1968; Berger, 1973; Berger, 1979; Malmgren, 1983), however, most 

likely it could reflect a low planktic production rate (Rasmussen et al., 1996a). Polar regions 

with extensive winter sea ice cover and unstable conditions could be indicated by low P:B 

ratios and low planktic production (Vilks, 1969; Vilks, 1970; Vilks, 1975; Vilks, 1989; Gibson, 

1989; Scott, et al., 1989a; Scott, et al., 1989b; Scott & Vilks, 1991). The abundance of C. 

neoteretis decreases in this interval, which could imply a reduction of the inflow of Atlantic 

water. An increase in E. excavatum f. clavatum could indicate fluctuating bottom conditions, 

and as suggested by Rasmussen et al (1996a) that the vertical circulation was reduced, with 

irregular deep-water renewal. This interval correspond in time to the deglaciation and 

Heinrich Event 1, which has an age of 17,400 cal yr BP – 15,700 cal yr BP according to Jessen 

et al (2010). 

 

7. 5 Bølling/Allerød Interstadial (14,780 – 14,070 cal yr BP) 
 

From 14,780 cal yr BP to 14,350 cal yr BP there is an increase in mud (<63 µm), and the grain 

sizes >63 µm drops to a minimum in HH14-002 GC and HH12-930 GC (Figure 37 and 38, 

respectively). The magnetic susceptibility in HH14 – 002 GC is low (Figure 37). The color of 

the sediments are olive – brown, which could indicate an interstadial period (Rasmussen, et 

al., 2013). Low magnetic susceptibility is characteristic for stadials (Rasmussen et al., 1996). 
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In the Nordic Sea, low magnetic susceptibility values could indicate reduced bottom current 

strength of the overflow waters during glaciations (Rasmussen, et al., 1996a; Moros, et al., 

1997; Ballini, et al., 2006). However, the Bølling/Allerød Interstadials have abnormal low 

values compared to other interstadials (Rasmussen et al., 1996a). In this interval between 90 

and 120 cm laminated sediments were deposited within less than 500 years (Figure 37 and 

38). The sedimentation rate was particularly high, and is estimated to be between 195.65 – 

187.5 cm/ka (Table 8). This layer can possibly be interpreted to be deposited by turbid 

meltwater (Elverhøi et al., 1993; Jessen et al., 2010). N. pachyderma (s) dominates the 

planktic fauna, and the flux of planktic foraminifera increases (Figure 40), indicating cold 

conditions and polar surface waters (Bauch et al., 2001), and high planktic productivity. The 

P:B ratio and the concentration of planktic foraminifera are moderate (Figure 40). The 

concentration of benthic foraminifera is low (Figure 39), and the fauna is dominated by the 

opportunist species E. excavatum f. clavatum (Figure 39), which indicates a more stressed 

environment with high turbidity (Steinsund, et al., 1994), low salinities and temperature 

(Miller, et al., 1982; Steinsund, et al., 1994). The decrease of C. neoteretis could indicate that 

the inflow of Atlantic water was reduced (cf. Jennings & Helgadottir, 1994). The benthic and 

planktic δ18O values increases compared to values observed during Heinrich Event 1, but are 

lower than during the LGM (Figure 39 and 40). The planktic and benthic δ13C values in HH14-

002 GC is low (Figure 41), and could indicate decreased ventilation (Spielhagen & 

Erlenkeuser, 1994). In HH12-930 GC the benthic δ13C values is decreases down to -2.32 ‰ 

(Figure 42). The negative δ13C values could indicate that the methane flux was high, and low 

rates of AOM (Consolaro, et al., 2015). The low amount of IRD (Figure 37), the relatively low 

isotope values (Figure 41) and the decrease in C. neoteretis (Figure 39) could possibly imply 

that the surface water was cold and covered with low – saline waters, but not perennial sea 

– ice, indicated by high fluxes of planktic foraminifera. 

After 14,300 cal yr BP the number of IRD per g decreases in HH14-002 GC and HH12-930 GC 

(Figure 37 and 38, respectively). The magnetic susceptibility increases in both HH14-002 GC 

and HH12-930 GC (Figure 37 and 38, respectively), and this is also observed in HH12 – 930 

GC (Figure 35). The color of the sediment inHH14-002 GC is olive brown (Figure 17 and 18). 
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This could indicate higher flux of iceberg and/or presence of sea – ice, also indicated by low 

δ18O values in both HH14-002 GC and HH12-930 GC (Figure 41 and 42, respectively). 

Between 14,300 and 14,070 cal. yr BP negative δ13C values down to -2.32 ‰ is observed in 

HH12-930 GC (Figure 42). The negative values could be due to high methane flux, and a 

shallow SMTZ. The methane is released to the bottom waters, where it is oxidized by 

methanotrophic aerobic microbes in the water column (Niemann, et al., 2006). The relative 

abundance of C. neoteretis increases (Figure 39). Together with M. barleeanum and C. 

lobatulus (Figure 39) it could indicate strong inflow of Atlantic water and increased food 

supply (cf. Rasmussen, et al., 2007). N. pachyderma (s) decrease at 14,300 cal yr BP, while T. 

quinqueloba increases (Figure 35). An increase of T. quinqueloba have been reported in 

samples from the Nordic Sea coeval in time with the Bølling/Allerød warming (Koç-Karpuz & 

Jansen, 1992). 

After 14,070 cal. yr BP the IRD concentration increased in HH12-930 GC (Figure 38), and the 

planktic and benthic δ18O values decreased (Figure 42), which could correspond to the 

Younger Dryas stadial (12,600-11,500 cal. yr BP). Higher abundance of marine mud in HH12-

930 GC (Figure 38) could represent the early part of Holocene. 
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8. Discussion  

In this chapter the interpretation of HH14 – 002 GC and HH12 – 930 GC will be discussed. 

Core HH14-002 GC was taken at the rim of a pockmark in normal marine sediments 

unaffected by gas seepage. This record will be discussed in terms of only paleoceanography. 

Core HH12-930 GC taken from inside the pockmark show signs of being affected by gas 

seepage, and will be discussed in terms of paleoceanography and effects of gas leakage on 

the proxy data. The destruction of the magnetic susceptibility signal will be discussed below. 

The chapter will be divided into three parts: 1) the glacial history of the area, where the 

results regarding the lithology, magnetic susceptibility, isotope analysis, grain sizes and the 

age of the sediments of both cores will be interpreted. The interpretation will be discussed 

and compared to other studies to check whether correlation are possible. 2) 

Paleoceanography, where the results from the foraminiferal assemblage analysis from 

HH14-002 GC will be discussed. The paleoceanography will be linked up to the glacial history 

and the correlation in the first part. 3) Gas seepage. In this part the results from the isotopic 

analysis from HH12 – 930 GC will be interpreted and discussed, and compares with the 

interpretation in part 1) and 2) to see if there is a link between the timing of the gas 

emission and paleoceanographic development in the area. 

7. 1 The glacial history of Vestnesa Ridge 

 

7. 1. 1 Middle Weichselian and possibly Heinrich Event 3 

Glacial periods in the North Atlantic are characterized by a major increase in delivery of 

ice – rafted and terrigenous debris, which has been documented by several studies 

(Ruddiman & McIntyre, 1976; Fillon, et al., 1981; Alm, 1993; Heinrich, 1988; Heinrich, et al., 

1989). Throughout the Middle Weichselian periods of extensive iceberg production occurred 

and ice-rafted material was found in the north-eastern part of the Norwegian-Greenland Sea 

(Andersen, et al., 1996). During Isotope stage 3 (59-27 ka) Andersen et al. (1996) reports 

presence of hemipelagic mud with ice-rafted material, turbidites and hemipelagic sediments, 

where the main source of IRD was the eastern Svalbard-Barents Sea area. In core HH12-930 
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GC the sediments deposited before 37,829 cal yr BP (Figure 38) consist of marine mud with 

occurrence of IRD, which could correspond to the hemipelagic mud with ice – rafted debris 

described by Andersen et al (1996). Ice-rafted material could reflect advance of the ice sheet 

at 30 ka, however the finding of shell fragments in glacially reworked sediments dated 

between 40 and 22 (Elverhøi, et al., 1993), suggests that the Barents Sea was ice – free 

during that period (Andersen, et al., 1996). It is proposed that the Fennoscandian Ice Sheet 

(Mangerud, 1991) and the Svalbard Ice Sheet (Landvik, et al., 1992; Mangerud & Svendsen, 

1992) did not exist or were limited in size (Andersen, et al., 1996) during most of Isotope 

stage 3. The mid- Weichselian glaciation (65-60 ka) (Figure 43), which correspond to marine 

isotope stage 4 (MIS), was followed by a deglaciation that started around 50 ka, which is 

indicated by the finding of raised beaches on Svalbard (Mangerud, et al., 1998). The relative 

sea level was estimated to be 65 to 55 meter lower than today between 45 and 35 ka 

(Lambeck, et al., 2002). Nørgaard-Perdersen et al (1998) interpreted the middle OIS 3 to 

represent an interglacial or interstadial period. The south-eastern part of the Barents Sea 

shelf was ice free not much later than 42.7 cal yr BP (39.2 14C yr BP) (Polyak, et al., 2000). 

The decrease in IRD in HH12-930 GC (Figure 38) could correspond to this deglaciation in 

time. This could imply that there was an increased influx of warm Atlantic water, perhaps as 

a subsurface current, and which resulted in melting of the icebergs before they reached the 

area (Jessen, 2015). The IRD could have been transported by sea ice, or possibly by the result 

of mass wasting. Turbidites have been mentioned as a source to ice – rafted and terrigenous 

material in the North Atlantic during the Isotope Stage 3 (Ruddiman & McIntyre, 1976; 

Fillon, et al., 1981; Alam, et al., 1983; Heinrich, 1988; Heinrich, et al., 1989), which was also 

the case along the western Svalbard margin (Andersen, et al., 1996). 

Prior to 30,070 cal yr BP the color of the sediments varies in HH14 -002 GC (Figure 17 and 

18) and HH12- 930 GC (Figure 25 and 26). There is a shift between olive grey and olive brown 

sediments, which could indicate minor fluctuations in the climate. Rasmussen et al (2013) 

reports shifting colors in a sediment core from the north – west slope of Svalbard. The 

reddish – grey, referred as “pink layers”, corresponds to warm, interstadial periods, while 

greenish – grey layers corresponds to cold, stadials (Figure 41). The “pink layers” is fine – 
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grained sediments from Devonian Red Beds. During warming, these sediments are 

transported in suspension by meltwater from the adjacent ice sheet (Rasmussen & 

Thomsen, 2013). Rasmussen and Thomsen (2013) correlate these changes in color to the 

Greenland interstadials and stadials, which are sudden fluctuations in temperature. In HH14 

-002 GC a layer containing light olive brown sediments at ca 400 cm, with relatively low 

content of IRD is observed (Figure 37). The planktic oxygen and carbon isotope are relatively 

high (Figure 41), which could imply a warmer climate and good ventilation in the water 

column (Spielhagen & Erlenkeuser, 1994). In HH14 – 002 GC the planktic δ13C and the 

planktic and benthic δ18O values decreases after 30,070 cal yr BP (Figure 41). A layer with 

high abundance of IRD, a distinct clast and a sand lense is found in both HH14-002 GC at 385 

cm (Figure 37) and in HH12-930 GC at 485 cm (Figure 38), which in time could possibly be 

linked to Heinrich Event 3 (Figure 44) (Heinrich, 1988; Bond, et al., 1992). Vidal et al. 1997 

suggest that Heinrich Event 3 has an age of ca 31 cal ka yr BP (28.2 14C ka yr BP). This can 

also correspond to the Heinrich Event 3 seen in Rasmussen and Thomsen (2013) (Figure 45). 

The age of Heinrich Event 3 in the North Atlantic is not well dated, but an age of 27,000 14C 

yr BP is preferred (between 30,085 and 32,539 cal yr BP) (Bond, et al., 1993). The increase in 

IRD in both of the HH14-002 GC and HH12-930 GC (Figure 37 and 38, respectively), together 

with a decrease in planktic δ13C, and a slightly decline in benthic δ18O could possibly 

correspond in time with the event seen in Rasmussen and Thomsen (2013) (Figure 46). 

Andersen et al (1996) suggest that it could be a certain temporal relationship between clast-

rich diamictons deposited on the western Svalbard slope and the IRD – rich sediments, 

Heinrich layers, deposited in the North Atlantic (Heinrich, 1988; Bond, et al., 1993). The 

clast-rich diamictons differs from the Heinrich layer (Figure 44) in that they lack the specific 

limestone and dolomite grains derived from sources in eastern Canada (Bond, et al., 1992), 

and were not deposited within a few hundred years, as suggested for the Heinrich layers 

(Lehman, 1993). Instead, they were deposited over a period of 2000 – 5000 years, which 

could imply that the Svalbard-Barents Sea Ice Sheet disintegrated more frequently than the 

Laurentide Ice Sheet (Andersen, et al., 1996), and did not collapse through surges as 

suggested for the Laurentide Ice Sheet (Bond, et al., 1992).  
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The warming period in MIS 3 could have led to high inflow of meltwater, which cooled 

the surface water, which could explain the low planktic and benthic δ18O. It is suggested that 

the onset of Heinrich Event 3 was rather abrupt, (Gwiazda, et al., 1996) and to occur at ca 31 

cal ka yr BP (28.2 14C ka yr BP) (Vidal, et al., 1997).  

 

 

 

 

 

Figure 43: Reconstruction of the ice sheet limit and extend of the Eurasian ice sheet during the Middle Weichselian glacial 
maximum (60 – 50 ka). The north – western Barents Sea shelf was affected by a major glaciation during the Middle 
Weichselian (Svendsen, et al., 2004a), where the ice front terminated near the western and northern shelf margins 
(Mangerud, et al., 1998). Core HH12 – 930 GC (Figure 35) could represent the deglaciation which followed after this 
glaciation. 
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Figure 44: H1, H2, H3 and H5 represent the IRD – rich sediments deposited during Heinrich Events. Numbers of terrigenous 
grains (>2 mm/100 cm3) from a sediment core from the western Svalbard lower slope plotted against 14C age. Figure from 
Andersen et al (1996).
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Figure 45: Figure from Rasmussen and Thomsen (2013) which shoes the Greenland interstadial events 11 – 13 in sediment core JM05 – 31GC from the northwest of Svalbard versus the NGRIP 
ice core. A) Spectrophotometer data showing the red – green color of the sediments in JM05 – 31GC. B) The subsurface temperatures (SST) (dashed line) and the relatively abundance of planktic 

foraminifera N. pachyderma (s) (>100µm) (solid line). C) Planktic δ18O values measured from N. pachyderma (s). D) Planktic δ18O values measured from N. pachyderma (s). E) The weight of grains 
>63 µm. F) δ18O values measured on NGRIP ice core on the GICC05 timescale 2,000 years (data from Svensson et al (2008)). GI=Greenland Interstadial, H=Heinrich Event (Rasmussen & 
Thomsen, 2013).
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Figure 46: Figure from Rasmussen and Thomsen (2013).1 A) Lithology log showing color variations. B) The subsurface temperatures (SST) (dashed line) and the relatively abundance of planktic 
foraminifera N. pachyderma (s) (>100µm) (solid line). C) The weight of grains >63 µm. D) Planktic δ18O values measured from N. pachyderma (s). E) Planktic δ13C values measured from N. 
pachyderma (s).  F) The relatively abundance of planktic foraminifera N. pachyderma (s) (>100µm) G) δ18O values measured on NGRIP ice core on the GICC05 timescale 2,000 years (data from 
Svensson et al (2008)). GI=Greenland Interstadial, H=Heinrich Event (Rasmussen & Thomsen, 2013). 1) Sediment core HH14 – 002 GC with number of IRD per gram. 2) Planktic δ13C values 
measured from N. pachyderma (s). 3) Benthic δ18O measured from C. neoteretis in HH14-002 GC. 4) Planktic δ18O measured from N. pachyderma (s) in HH14-002 GC. 5) Sediment core HH12 – 
930 GC and number of IRD per gram. 6) Benthic δ13C from C. neoteretis in HH12-930 GC. 7) Planktic δ18O measured from N. pachyderma (s) inHH12-930 GC. Possibly H1, H2 and H3 (Heinrich 
Event) are indicated in the figure. H2 and H1 will be discussed further in chapter 7. 1. 2 and 7. 2. 2, respectively.
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7. 1. 2 The LGM and Heinrich Event 2 
 

According to Andersen et al (1996), Landvik et al (1998) and Siegert and Dowdeswell 

(2002) the Svalbard-Barents Sea Ice Sheet Started to grow at ca 32,000 cal yr BP, which is 

related to a drop in global sea level (Elverhøi, et al., 1993). Open-water conditions acted as 

moisture supply to the growing ice sheet (Hebbeln, et al., 1994). In core HH14-002 GC and 

HH12-930 GC laminated sediments with a grey to olive grey color are observed. During 

stadials the magnetic susceptibility is considered to measure high values (Rasmussen, et al., 

1996a). This is in good agreement with the magnetic susceptibility in HH14 – 002 GC, which 

is relatively high until 26,486 cal yr BP (Figure 37). The amount of IRD in the lowest part of 

core HH14 – 002 GC (Figure 37) could correspond to first period of the LGM. According to 

Elverhøi et al (1995) the first period of the Last Glacial Maximum (LGM) is characterized by 

low influx of icebergs and low accumulation rate. 

Jessen et al (2010) noted a decline in δ13C values and increase in IRD at the western 

Svalbard margin at 27,000 cal yr BP, which was interpreted to correlate with the onset of 

glacial advance to the shelf, which is in accordance with earlier reconstructions (Elverhøi, et 

al., 1995; Andersen, et al., 1996; Mangerud, et al., 1998; Vogt, et al., 2001). An increase in 

IRD (Figure 34) followed by a decrease in δ13C values (-1.5‰) seen below 26,486 cal yr BP in 

HH14 – 002 GC (Figure 41) and a decline in planktic δ13C HH12-930 GC below 28,135 cal yr 

BP (Figure 42) could possibly correspond to this event in time, and imply an ice sheet 

advance. This increase in IRD is also observed in HH12 – 930 GC (Figure 38). The sea level 

had reached its minimum at 26,000 cal yr BP, which is agreement with the ice sheet advance 

(Peltier & Fairbanks, 2006). Between 30,070 cal yr BP and 23,820 cal yr BP the sedimentation 

rate varied between 21 cm/ka to 6 cm/ka in HH14 – 002 GC (Table 8), and between 28,135 

cal yr BP and 23,820 cal yr BP the sedimentation rate for HH12 – 930 GC is estimated to be 

7.72 cm/ka (Table 9). In HH14 – 002 GC (Figure 37) the concentration of IRD is moderate, 

and in HH12 – 930 C (Figure 38) the content is low. Low sedimentation rates and low IRD 

concentrations have been observed between 30,000 and 24,000 cal yr BP on the slope of 

Svalbard (Andersen, et al., 1996; Mangerud, et al., 1998; Jessen, et al., 2010). After 26,486 

cal yr BP the amount of IRD decreased in HH14-002 GC (Figure 37). During cold stages the 

rate of terrigenous input to the ocean tends to be low due to the lack of meltwater and 

extensive ice (Gard, 1987). According to Jessen et al (2010) the low IRD concentration could 
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be a due to a cold based, thin ice (Elverhøi, et al., 1998) which was a result of the final ice 

advance to the shelf break (Andersen, et al., 1996). Cold based ice transport much less 

debris (Elverhøi, et al., 1998). Jessen et al (2010) suggest that the ice sheet reached the 

western Svalbard shelf break at ca 24,000 cal yr BP. At this point the depositional 

environment changed and erosion of the western banks ended (Andersen, et al., 1996). 

Hebbeln et al (1994) suggest that during an advection of warm Atlantic water which entered 

the Norwegian – Greenland Sea, the Svalbard – Barents Sea Ice Sheet expanded to the shelf 

edge, and started to break up after reaching its maximum position. Glacigenic sediments 

being bulldozed to the upper slope can result in excess pore pressure in the underlying 

sediments (Laberg & Vorren, 1995; Elverhøi, et al., 1997; Elverhøi, et al., 2002). The upper 

slope becomes unstable within a few centuries after glacial peak, which can result in mass 

wasting (Dimakis, et al., 2000). A distinct unsorted layer with high content of IRD and dark 

color is observed in HH12 – 930 GC (Figure 38) and HH14 – 002 GC (Figure 37), which in 

addition showed low magnetic susceptibility (Figure 37). Rasmussen et al (2007) observed a 

similar unsorted layer with low magnetic susceptibility with an age of 22,267 cal yr BP, 

interpreted as a debris flow in a sediment core from the southwestern Svalbard slope. 

Intervals with low magnetic susceptibility correlates with Heinrich events and stadials 

(Rasmussen, et al., 1996a). The turbidite corresponding to Heinrich Event 2 (Figure 47) have 

been correlated with Jessen et al (2010), which gives it an age of 23,820 cal yr BP (Figures 

36). Andersen et al (1996) suggest also a debris flow to be deposited during peak glacial-

period. Jessen et al (2010) found mass transported sediments in all of the sediment cores in 

the study indicating that they were deposited simultaneously at 23,820±260 cal yr BP, and 

that presence of the mass transported deposit is taken as a sign of a fully glaciated western 

Svalbard shelf (Laberg & Vorren, 1995; Vorren & Laberg, 1997; King, et al., 1998; Dowdeswell 

& Elverhøi, 2002; Jessen, et al., 2010). The age by Jessen et al (2010) is 2400 cal years earlier 

than earlier reconstructions (Elverhøi, et al., 1995; Landvik, et al., 1998; Dowdeswell & 

Elverhøi, 2002), however, in good agreement with the indication by Andersen et al (1996), 

which proposed that the shelf was fully glaciated before 22,600 cal yr BP.  
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Figure 47: Figure from Bond et al (1992) showing summary of radiometric, planktic δ18O, foraminifera and lithic 
measurements in cores from DSDP site 609 (50°N and 24°W see Broecker et al (1992)). H = Heinrich events, and ages are in 
14C yr BP. Low foraminifera concentration occurs in material >150 µm in the Heinrich layers in the cores (Bond, et al., 1992). 
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7. 1. 3 Early deglaciation and Heinrich Event 1 

Vogt et al (2001) proposed that the ice sheet started to retreat at ca 19,100 cal yr BP. 

Other studies suggest that the initial retreat of the Svalbard – Barents Sea Ice Sheet started 

17,700 cal yr BP (Elverhøi, et al., 1995; Andersen, et al., 1996; Landvik, et al., 1998; 

Mangerud, et al., 1998). Knies et al (1998) suggest that the beginning of the last deglaciation 

began 18,325 cal yr BP. Rasmussen et al (2007) observed hemipelagic sedimentation in 

Storfjordrenna with an age of 19,430±150 cal yr BP. The glacier retreated from the shelf 

break before 20,000 cal yr BP, based on the onset of the hemipelagic sediments in the 

Storfjordrenna (Rasmussen, et al., 2007). Jessen et al (2010) suggest glacial retreat at 

20,500±500 cal yr BP, based on IRD in sediment cores from the western Svalbard slope. An 

age of 20,101 cal yr BP in HH14 – 002 GC of 20,101 could correspond in time with the early 

stage of deglaciation (Figure 37) mention by Jessen et al (2010). At 20,101 cal yr BP a peak in 

IRD is observed (Figure 37). In HH12 – 930 GC the early deglaciation occurred between 

21,616 and 18,429 cal yr BP (Figure 38). Moderate magnetic susceptibility values are 

observed in HH14 – 002 GC, which could indicate a transition from glacial to more 

interstadials environments. Low magnetic susceptibility are also associated with fine – 

grained sediments, mainly clay and silt (Rasmussen, et al., 1996a), however, the content of 

IRD is moderate, with a minimum value after 20,101 cal yr BP in HH14-002 GC (Figure 37). 

The amount of gran sizes between 63 – 100 µm is increasing in this interval (Figure 37). 

Outside the north-eastern Svalbard high IRD concentrations are observed shortly after 

20,000 cal yr BP (Knies, et al., 1999; Kleiber, et al., 2000; Knies, et al., 2001). Elverhøi et al 

(1995) reports an event of meltwater production that lasted until 15,016 cal yr BP (13,000 

14C yr BP), indicated by δ18O values from the western Svalbard slope, at the same time as the 

Svalbard – Barents Sea Ice Sheet retreated from the shelf break west of Isfjorden. High 

amounts of coarse material mark this period on the upper slope, indicating increased rates 

of iceberg calving. Low δ18O values interpreted as a meltwater signal in slope sediments are 
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also reported by Andersen et al (1996). On the lower slope the early disintegration of the ice 

sheet is marked by low δ18O values and low accumulation rates of fine-grained and ice-

rafted sediments, meaning that the lower slope had not been affected by the early phase of 

deglaciation (Elverhøi, et al., 1995). The boundary between the LGM and the deglaciation in 

HH14 – 002 GC is marked by a peak in IRD (Figure 37), which is also observed in HH12 – 930 

GC (Figure 38), and a slight drop in benthic and planktic δ18O values in both cores (Figure 41 

and 42, respectively), which can be interpreted as a minor meltwater signal, and could 

correspond to a meltwater event suggested by Elverhøi et al (1995) and Andersen et al 

(1996). At the onset of deglaciations and glaciations increased sedimentation rates due to 

increased input of terrigenous material by meltwater and from eroding glacial ice occur 

(Gard, 1987). Jessen et al (2010) observed a decrease in IRD concentration from 20,000 to 

15,500 cal yr BP, and suggest a reduction in accumulation of snow could have caused a 

glacial retreat and low IRD concentration. This could also be the reason for the decrease in 

number of IRD per gram observed in HH14 – 002 GC after 20,101 cal yr BP (Figure 37) and in 

HH12 – 930 GC between 21,616 and 18,429 cal yr BP (Figure 38). Solar insolation and global 

sea level was at its minimum prior to the retreat (Peltier & Fairbanks, 2006). On the 

Norwegian slope laminated sediments were deposited by meltwater plumes. The sediment – 

laden meltwater plumes originated from a rapidly retreating ice stream (Hjelstuen, et al., 

2004; Lekens, et al., 2005). Jessen et al (2010) suggest that this melting of ice could have 

been linked to increased summer insolation (Laskar, et al., 2004), and rise in eustatic sea 

level (McCabe, et al., 2005), together with an increase in inflow of Atlantic water at lower 

latitudes (Rasmussen, et al., 1996a). The North Atlantic Ocean responded dramatically to 

orbital induced insolation changes during the last glacial/interglacial transition Broecker et 

al. (1985). At the onset of the deglaciation the insolation increased further. Together with 

increased heat flux from the increased flow of West Spitsbergen Current, and lead to the 

glacier to retreat, which released pulses of meltwater (Broecker, et al., 1985) 

The stable isotope values continuous to drop in in HH12 – 930 GC after 18,429 cal. yr 

BP (Figure 38) and in HH14 – 002 GC after 17,652 cal yr BP (Figure 41), and is accompanied 

by relatively high concentrations of IRD (Figure 38 and 37, respectively). This meltwater 
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event can correspond to the regional Heinrich Event 1 (Heinrich, 1988; Bond, et al., 1993). 

This event will be further discussed in chapter 7. 2. 2.  

 

 

7. 1. 3 Bølling/Allerød Interstadial and early Holocene 

At the onset of Bølling Interstadial the Svalbard – Barents Sea Ice Sheet retreated rapidly 

(Vorren & Kristoffersen, 1986; Mangerud, et al., 1992; Elverhøi, et al., 1995; Polyak, et 

al., 1995; Polyak & Mikhailov, 1996; Landvik, et al., 1998; Lubinski, et al., 2001). The 

Bølling Interstadial is characterized by high sedimentation rates from turbid meltwater 

plumes origin from the Svalbard – Barents Sea Ice Sheet (Elverhøi, et al., 1995; Andersen, 

et al., 1996; Svendsen, et al., 1996; Birgel & Hass, 2004). In Storfjorden high 

sedimentation rates are reported from ca 14,332 to 13,911 cal yr BP (12,640 to 12,430 

14C yr BP), which resulted in deposition of laminated fine clays (Rasmussen, et al., 2007). 

The δ13C and δ18O had a minor increase in HH14-002 GC at the transition from Heinrich 

Event 1 and Bølling/Allerød Interstadials (Figure 37), but was still low compared to the 

LGM (Figure 37), which could imply that the surface water was still affected by melt 

water and iceberg calving as suggested by Jessen et al (2010). The magnetic susceptibility 

is low 14,780 to 14,300 cal yr BP in HH14 – 002 GC (Figure 34), and in HH12 – 930 GC 

(Figure 38). Fine-grained laminated mud have been reported to be deposited on the 

western Svalbard slope and Yermak Plateau between 76°13’ an 81°13’N (Elverhøi, et al., 

1995; Birgel & Hass, 2004; Rasmussen, et al., 2007; Jessen, et al., 2010). These laminated 

sediments is interpreted to be deposited by cold turbid meltwater, and is suggested to 

originate from the southern Barents Sea (Elverhøi, et al., 1993). It is suggested that the 

decaying ice sheet released meltwater plumes with large amounts of fine-grained 

sediments (Figure 46), which was transported by the West Spitsbergen Current 

(Andersen, et al., 1996). Between 14,780 to 14,300 cal yr BP laminated sediments and a 

high concentration of fine-grained material and low magnetic susceptibility have been 

observed in in HH14 – 002 GC (Figure 37) and in HH12 – 930 GC (Figure 38). The 



   
   
   
   
   
   124 

 

sedimentation rates is estimated to be 187.5 cm/ka for HH14 – 002 GC from 14,780 to 

14,300 cal yr BP (Table 8), and 166.6 cm/ka for HH12 – 930 GC (Table 9), which is 

considered to be high. Low values can be linked to glacial intervals, however, the 

Bølling/Allerød Interstadials can show lower values in magnetic susceptibility compared 

to other interglacial intervals (Rasmussen, et al., 1996a). The laminated sediments in 

HH14 – 002 GC and HH12 – 930 GC is suggested to be deposited by cold turbid 

meltwater as suggested by Elverhøi et al. (1995), and represent a rapid retreat of the 

Svalbard – Barents Sea Ice Sheet, same as seen in the study by Jessen et al (2010) (Figure 

30). Jessen et al (2010) suggest an increase in insolation and eustatic sea level caused the 

Svalbard – Barents Sea Ice Sheet to be melting and calve. Increased inflow of Atlantic 

water flowing as a subsurface current could also have had an impact (Jessen, et al., 

2010). 
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Figure 46: Modified figure From Birgel and Hass (2004) showing the environment during the Bølling Interstadial on the 
western Svalbard and the western Yermak slope. High amounts of sediments were released in the bottom waters by a 
sediments – laden meltwater plume from the disintegrating Svalbard – Barents Sea Ice Sheet. MOM = Marine organic 
matter, which were transported northward by the West Spitsbergen Current (Birgel & Hass, 2004). 

 

After 14,070 cal. yr BP, the concentration of IRD decreases in HH12-930 after a period of 

high values (Figure 38). The sudden increase of IRD could possibly represent Younger Dryas 

stadial (12,600-11,500 cal. yr BP) (Ślubowska-Woldengen, et al., 2007), which is observed in 

records from the North Atlantic and represent a distinct cold event (Koç, et al., 1993; Koç, et 

al., 1996). However, on the western (Ślubowska-Woldengen, et al., 2007) and northern (Koç, 

et al., 2002) the IRD concentration was low which indicates low fluxes of icebergs. The 

Svalbard-Barents Sea Ice Sheet retreated into the fjord during the Younger Dryas (Elverhøi, 

et al., 1995; Bondevik, et al., 1995; Polyak, et al., 1995; Landvik, et al., 1998; Svendsen, et al., 
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1996; Svendsen, et al., 2004b). After this event the IRD concentration decreased and the 

deposition of hemipelagic sediments dominates in HH12-930 GC (Figure 38), which is 

characteristic for the early part of Holocene (Andersen, et al., 1996). The summer insolation 

at 80°N during the early Holocene was 8% higher than compared to day (Berger, 1978). 

Sediments of early Holocene are characterized by high abundance of diatoms, and is first 

described in the Fram Strait by Stabell (1986). This diatom maxima have also been observed 

in cores from the Skagerrak/Norwegian Sea (Stabell, 1986). Jessen et al (2010) describes the 

Early Holocene sediments to be hemipelagic fine – grained, structureless and with high 

abundance of diatoms, where IRD is absent (Figure 32, 33 and 34B1). This layer is dated to 

be deposited 10,100±150 cal yr BP to 9840±200 cal yr BP (Jessen, et al., 2010) (Figure 32 and 

33). After 9840±200 cal yr BP IRD occurs in very low concentrations, and hemipelagic grey 

sandy mud is dominant (Jessen, et al., 2010). These sediments seems to be absent in HH14 – 

002 GC (Figure 37), however, could occur in HH12 – 930 GC (Figure 38).  

Core HH12 – 930 GC is retrieved from a pockmark, which could possibly act as a sediment 

trap. The upper 30 cm in HH12 – 930 GC contains relatively homogenous marine mud (Figure 

38), which could correspond to the Early Holocene sediments described by Jessen et al 

(2010), however, the uppermost part of the core lacked datable material and an age could 

not be obtained. The correlation between HH12 – 930 GC and the records from Jessen et al 

(2010) is uncertain due to the disturbed magnetic susceptibility (Figure 38). The reason for 

the disruption in the magnetic susceptibility could be due to diagenetic processes, which 

occurs in gas hydrate provinces (Paull, et al., 1994). It is suggested that a stronger bottom 

current during the early part of Holocene could have eroded the fine – grained sediments, 

leaving the coarser material, like IRD, behind to form a lag deposit (Andersen, et al., 1996). 

This could be the reasons for the lack of Early Holocene in HH14 – 002 GC and possible parts 

of the Holocene in HH12-930 GC. 

 Today, the East Greenland Current has a maximum velocity of 9cm/s in the upper 

200 meter of the water column over the deep part of the continental slope, and the 
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northward flowing West Spitsbergen Current has a maximum speed of 24 cm/ka over the 

upper continental slope (Fahrbach, et al., 2001) (See figure 49).  

 

 

Figure 49: Figure taken from Gebhardt et al (2014) showing an oceanographic profile at 79°N and how the velocities varies 
with depth and increases towards east (Gebhardt, et al., 2014). 

Active erosion episodes occurred on the Nova Scotia continental rise during the Holocene, 

which resulted in very low sedimentation rates (5.5 cm/ka) (Faugères & Stow, 1993). 

Contourites are able to transport grain sizes ranging from clay to sand, and very strong 

currents may scour the sea bed and result in gravel – lag contourites (Faugères & Stow, 

1993). During the Early Holocene there was an increased thermohaline circulation in the 

Arctic Ocean (Ślubowska-Woldengen, et al., 2007), which possibly could have caused an 

erosion of the sediments on Vestnesa Ridge. 
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7. 2 Paleoceanography the last ~30,000 cal yr BP 
 

7. 2. 1 Influence of Atlantic water during the LGM 

The high planktic δ18O values in HH12-930 GC gives an indication that the area might 

been influenced by Atlantic water before 37,829 cal. yr BP, and for a period after (Figure 41). 

The middle part of IOS 3 is characterized by open water conditions during summer 

(Nørgaard‐Pedersen, et al., 1998). During two short periods between 31.1 – 26.5 cal. yr BP 

and 23 – 17.4 cal. yr BP relatively warm water entered the Norwegian/Greenland Sea from 

the North Atlantic and served as a source of moisture for the Svalbard – Barents Sea Ice 

Sheet build – up during the late Weichselian (Hebbeln, et al., 1994). The inflow of Atlantic 

water was strong, indicated by an estimated SST (sea surface temperature) of ca 1.6 – 3.0 °C. 

However, the SST may be overestimated, and a deeper calcifying of N. pachyderma (s) may 

indicate that the Atlantic water flowed as a subsurface water – mass (Nørgaard-Pedersen, et 

al., 2003). Studies from the Svalbard margin and Fram Strait have reported that the LGM was 

a period with high concentration of planktic foraminifera and high productivity (Hebbeln, et 

al., 1994; Dokken & Hald, 1996; Lloyd, et al., 1996; Hald, et al., 2001; Nørgaard-Pedersen, et 

al., 2003). During stadials the P:B ratio is relatively high (Rasmussen, et al., 1996a), which is 

varies between 8 to 1 in HH14 – 002 GC (Figure 40). From 30,070 the high abundance of N. 

pachyderma (s) (Figure 40) indicates that the environment was glacial with cold surface 

water. The increased abundance of both planktic and benthic foraminifera could indicate 

seasonally ice – free conditions since the production of zooplankton requires open water 

conditions and requires nutrient and insolation (Smith, 1995). This is also suggested by Knies 

et al (1999). It is proposed that the waters of the eastern part of the Fram Strait was 

seasonally ice – free during most of the LGM, and that the open water conditions were 

important for the build – up of the Barents Sea Ice sheet as it provided as a moisture source 

(Hebbeln, et al., 1994; Dokken & Hald, 1996).  

Nørgaard – Pedersen et al (2003) reports high planktic δ18O values during the LGM in the 

Fram Strait, which together with stable paleotemperature estimates indicate a homogenous 

near surface water mass. High sedimentation rate (2 – 10 cm/ka) and planktic flux and an 

increase in IRD could indicate that the area was characterized repeatedly by seasonally open 

– water conditions, relatively high biogenic productivity and abundant drifting icebergs 

(Figure 50) (Nørgaard-Pedersen, et al., 2003). High δ18O values in HH12-930 GC are observed 
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throughout the LGM (Figure 42). This could possibly indicate influence of warm Atlantic 

water (Spielhagen & Erlenkeuser, 1994). However, a low salinity surface layer could have 

been present during the LGM, but too thin (<50 m) to leave any traces in the proxies 

(Nørgaard‐Pedersen, et al., 1998). High fluxes of planktic foraminifera indicate increased 

nutrient supply induced by upwelling of Atlantic water (Knies, et al., 1999). After Heinrich 

Event 2 (23,820 cal yr BP) high flux in planktic foraminifera is observed in HH14 – 002 GC 

(Figure 36). High productivity seems to coincide with or follow immediately after Heinrich 

Events (Dokken & Hald, 1996). An increased concentration of IRD in the period between 

30,070 to 26,486 cal yr BP is seen in HH14 – 002 GC (Figure 37). According to Knies et al 

(1999) the release of IRD can also occur in area with polynyas, areas of open water in sea ice, 

which is caused by upwelling of warm water. If the area was completely covered by sea – ice 

N. pachyderma (s) would disappear (Kohfeld, et al., 1996). Knies et al (1999) suggest that 

coastal polynya was kept open by katabatic winds blowing from the ice sheet. According to 

Pflaumann et al (2003) and Sarntheim et al (2003) water beyond 78°N in the Fram Strait was 

covered in perennial sea ice, while the area south of 78°N there was established an open – 

water conditions.  
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Figure 50: Figure from Nørgaard – Pedersen et al (2003) showing the sea ice and ice berg conditions in the Fram Strait 
during the LGM. Sedimentation rates, planktic δ18O values, planktic foraminifera flux and mean SST values of the Atlantic 
Water mass are indicated (Nørgaard-Pedersen et al., 2003). 

 

 

 



   
   
   
   
   
   132 

 

 

 

7. 2. 2 Early deglaciation and Heinrich Event 1 

The paleocirculation was affected by the retreating Barents Sea Ice Sheet, and the 

Fennoscandian Ice Sheet, which resulted in isostatic rebound in the Barents Sea region 

(Forman, et al., 1996; Svendsen, et al., 1999; Siegert & Dowdeswell, 2002). Number of IRD 

per gram varies from 10 to 17 in HH14 – 002 GC (Figure 37). At 20,101 cal yr BP the IRD 

peaks (Figure 37). Jessen et al (2010) observes two IRD peak in sediment cores from the 

western Svalbard slope between 20,500 and 20,000 cal yr BP, and between 21,200 and 

19,800 cal yr BP. It is suggested to indicate glacial retreat (Siegert & Dowdeswell, 2002), and 

is also observed in the north – eastern part of Svalbard after 20,000 cal yr BP  (Knies, et al., 

1999; Kleiber, et al., 2000; Knies, et al., 2001). Reduced precipitation due to increasing sea 

ice cover over the Arctic Ocean caused by a weakening of the warm Atlantic water inflow 

(Müller, et al., 2009) and the advance of the Svalbard – Barents Sea Ice Sheet to the shelf 

edge (Andersen, et al., 1996), could have triggered the retreat (Gildor & Tziperman, 2001). 

During a high peak of IRD after 17,652 cal yr BP the amount of mud decreases (Figure 37), 

and the planktic and benthic δ18O and the planktic δ13C values decreases in HH14-002 GC 

and HH12-930 GC (Figure 41 and 42, respectively). This could indicate stratification and a 

decrease in ventilation due to higher fluxes of icebergs and presence of sea ice (Spielhagen 

& Erlenkeuser, 1994) that melted over the area. With sea-ice covered area the exchange 

with the atmosphere tends to be effectively inhibited, and allows metabolic CO2 from 

residual bacterial respiration to accumulate in the water, and the δ13C values decreases 

(Spielhagen & Erlenkeuser, 1994), which could explain the low δ13C values in HH14-002 GC 

(Figure 39). This cold and fresh surface water mass causing stratification could have reduced 

the inflow of Atlantic water, and correlate to the regional feature Heinrich Event 1 in time 

(Heinrich, 1988; Bond, et al., 1993), which is observed in the Nordic Sea and Fram Strait 

(Rasmussen, et al., 1996a; Rasmussen, et al., 2007; Knies, et al., 1999; Bauch, et al., 2001; 

Jessen, et al., 2010). The event is thought to be related to the deglaciation of Svalbard and 
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the Barents Sea (Jones & Keigwin, 1988; Elverhøi, et al., 1995; Andersen, et al., 1996). 

According to Bond et al (1993) Heinrich Event 1 is interpreted to be very cold, with low 

planktic δ18O values and high abundance of IRD, which is observed in HH14-002 GC (Figure 

37 and 41) and HH12-930 (38 and 42). Rasmussen et al (2007) link low δ18O values and high 

abundance of IRD as an indicator of accelerated retreat of the ice sheet, and other studies 

from Svalbard and the Fram Strait have similar results, indicating abundance of  iceberg and 

presence of cold meltwater at the surface (Hald, et al., 1996; Dokken & Hald, 1996; 

Andersen, et al., 1996; Svendsen, et al., 1996; Lloyd, et al., 1996; Knies, et al., 1999; 

Nørgaard-Pedersen, et al., 2003; Birgel & Hass, 2004). Lekens et al (2005) and Jessen et al 

(2010) suggest that the meltwater originated from retreat of the Fennoscandian Ice Sheet. 

The Heinrich Event 1 is suggested to begin at 17,400 cal yr BP and Rasmussen et al (2007) 

has set the transition from LGM to Heinrich Event 1 to 18,062 cal yr BP to 17,765 cal yr BP 

(15,500 – 15,000 14C yr BP). This is in agreement with the age in HH14 – 022GC estimated by 

linear regression to be 17,652±444 cal yr BP. Ślubowska – Woldeng et al (2007) reports 

higher fluxes of IRD in the time interval 17,500 – 14,500 cal yr BP, and E. excavatum f. 

clavatum and C. reniforme to be dominated benthic species in this interval. Both of these 

species is observed in HH14 – 002 GC and indicates an arctic glaciomarine environment (Hald 

& Korsun, 1997). A decrease in the relative abundance of C. neoteretis (Figure 39) could 

indicate a reduction in the inflow of Atlantic water, and an increase of E. excavatum f. 

clavatum (Figure 39) could indicating sea – ice cover, decreased salinities and reduced 

temperatures (Steinsund, et al., 1994). The conditions were cold and polar, and peaks of E. 

excavatum f. clavatum indicates low – saline water (Rasmussen, et al., 2007). O. umbonatus 

disappears from the fauna (Figure 39). A decrease in benthic (Figure 39) and planktic (Figure 

40) foraminifera could indicate low productivity, and low P:B ratio (Figure 40) could indicate 

extensive winter sea ice and unstable conditions (Vilks, 1969; Vilks, 1970; Vilks, 1975; Vilks, 

1989; Gibson, 1989; Scott, et al., 1989a; Scott, et al., 1989b; Scott & Vilks, 1991). Together 

with relatively low flux of benthic and planktic foraminifera (Figure 39 and 40, respectively) it 

could indicate stressed conditions with cold bottom waters and low salinity (Ślubowska-

Woldengen, et al., 2007). The surface and bottom productivity is suggested by Rasmussen et 
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al (2007) to be decoupled during this event, and that the nutrient was mainly recycled in the 

upper part of the water column, which is indicated by high accumulation rate of planktic 

foraminifera and low for benthic foraminifera. According to Dokken and Hald (1996) there 

could be a chronological correlation between high productive zones, Heinrich Event and 

warming of surface waters in the North Atlantic. High productivity zones occurs after the 

Heinrich Event, where the increase of IRD is associated with high productivity zones (Dokken 

& Hald, 1996).
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7. 2. 3 Bølling/Allerød Interstadial and possibly early Holocene  

After this Heinrich Event 1 and during the early stage of Bølling/Allerød Interstadial 

(14,780 - <14,070) laminated sediments were deposited from turbid meltwater plume 

originating from the Svalbard – Barents Sea Ice Sheet (Elverhøi, et al., 1995; Andersen, et al., 

1996; Svendsen, et al., 1996; Birgel & Hass, 2004). At the core site the abundance of IRD 

decreased and the concentration of mud increased in HH14-002 GC and HH12-930 GC 

(Figure 37 and 38, respectively), indicating less icebergs and sea ice. Together with a minor 

increase in δ18O and δ13C values in HH14-002 GC (Figure 37), it could indicate a reduction in 

the influence of surface meltwater and a slightly increased ventilation (Rasmussen, et al., 

2007). However, the δ18O and δ13C values was lower than during the LGM (Figure 37), which 

could that a less homogenous near surface water mass (Nørgaard-Pedersen, et al., 2003), 

and less stratified than compared to Heinrich Event 1 (Rasmussen, et al., 2007). Aagaard – 

Sørensen et al (2014) reports low δ13C values which indicates that the water column was 

stratified caused by sea ice and melt water. Declined δ13C values are also reported in other 

studies further south in the Fram Strait (77°N) (Ebbesen, et al., 2007) and at 75°N in the 

Barents Sea (Sarntheim, et al., 2003). According to Morris (1988) low δ18O values can 

represent rapid deglaciation periods, which is accompanied by low planktonic carbon 

isotope values.  

The relatively high abundance of I. norcrossi is reported in HH14 – 002 GC at the onset of 

the Bølling/Allerød (Figure 39) could imply that the area was influenced by seasonally sea ice 

(Steinsund, et al., 1994). The P:B ratio is low (Figure 40), and occasionally close to 1, which is 

normal in interstadial (Rasmussen, et al., 1996a). The planktic assemblage is dominated by 

N. pachyderma (s) (Figure 40), indicating a cold surface conditions, which is also documented 

on the SW Svalbard margin by Rasmussen et al (2007). Aagaard – Sørensen et al (2014) 

reported low faunal fluxes and high abundance of N. pachyderma (s) from the eastern Fram 

Strait, which together with low CaCO3 could indicate that there was polar conditions in the 

area with reduced productivity (Johannessen, et al., 1994). Aagaard – Sørensen et al (2014) 

documented cold summer conditions (average 2°C), in the area during Bølling/Allerød, and 

the sSSTMg/Ca (3.5 °C) suggest that N. pachyderma (s) calcified in chilled Atlantic Water. 

Earlier studies have reported a strong meridional advection of Atlantic water in the Eastern 
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Fram Strait (Birgel & Hass, 2004; Ślubowska, et al., 2005; Rasmussen, et al., 2007). On the 

SW Svalbard shelf the temperatures increased, but remained lower than during Heinrich 

Event 1, due to heat loss to the atmosphere and outpouring of meltwater (Rasmussen, et al., 

2007). Several studies has interpreted that Atlantic water was present after the start of 

Bølling Interstadial (Polyak & Solheim, 1994; Lubinski, et al., 1996; Koç, et al., 2002; 

Wollenburg, et al., 2004; Ślubowska, et al., 2005). The dominating benthic dominated by C. 

neoteretis and C. reniforme during the early Bølling/Allerød (figure 39) indicates that there 

was inflow of warm and saline Atlantic water in the area, flowing as a subsurface current 

under cold and fresh polar water (Mackensen & Hald, 1988; Jennings & Helgadottir, 1994; 

Rasmussen, et al., 1996b; Rytter, et al., 2002; Jennings, et al., 2004), and possibly a more 

unstable environment (Osterman & Nelson, 1989). Rasmussen et al (2007) reports that the 

benthic fauna was dominated by C. reniforme and C. neoteretis after 14,332 cal yr BP (12,450 

14C yr BP). Ślubowska – Woldengen et al (2007) also reported this particular fauna from the 

western Svalbard shelf during Bølling – Allerød (14,500 – 12,600 cal yr BP).  

In the eastern part of the Norwegian Sea increased inflow of Atlantic water occurred 

during the Bølling – Allerød Interstadial (Hald & Vorren, 1987; Klitgaard‐Kristensen, et al., 

2001; Rasmussen, et al., 2002). This is in contrast to the cold surface waters in the western 

and northern Svalbard margin (Ślubowska-Woldengen, et al., 2007). The surface waters 

were cold in the southwestern Barents Sea and the northern Norway indicated by the lack of 

planktic foraminifera (Hald & Aspeli, 1997). 

The increased abundance of both benthic and planktic foraminifera after 14,300 cal yr BP 

(Figure 39 and 40, respectively) could indicate seasonally ice – free conditions since the 

production of zooplankton requires open water conditions and requires nutrient and 

insolation (Smith, 1995), which is also been suggested by Knies et al (1999). The increase in 

coarse material after 14,300 cal yr BP in HH14-002 GC and HH12-930 GC (Figure 37 and 38, 

respectively) could indicate increased fluxes of iceberg and/or sea – ice. This is supported by 

a decrease in planktic and benthic δ18O values in HH12-930 GC (Figure 42). The low values of 

δ13C (Figure 42) indicates stratification caused by sea ice and melt water as suggested by 

Spielhagen and Erlenkeuser (1994), and could possibly explain the moderate values of IRD 
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observed in HH14 – 002 GC after 14,300 cal yr BP (Figure 37). After 14,300 cal yr BP T. 

quinqueloba increases for a short period (Figure 40). An increase of T. quinqueloba have 

been reported in samples from the Nordic Sea to coeval in time with the Bølling/Allerød 

warming (Koç-Karpuz & Jansen, 1992). The conditions were glacial wit polar surface water 

indicated by the high abundance of N. pachyderma (s) (Figure 39). Together with C. 

neoteretis and M. barleeanum (Figure 39) it is suggested that there was influence of Atlantic 

water, flowing as a subsurface current under a layer with cold and low – saline meltwater 

(Mackensen & Hald, 1988; Polyak & Solheim, 1994; Steinsund, et al., 1994; Jennings & 

Helgadottir, 1994; Rasmussen, et al., 1996a; Rasmussen, et al., 1996b; Rytter, et al., 2002; 

Jennings, et al., 2004). This is supported by the declined benthic and planktic δ18O values 

(Figure 38). 

The age of the uppermost part of HH14-002 GC and HH12-930 GC  s unknown. However, 

the interval after 14,070 cal. yr BP could correspond to the upper part of Bølling – Allerød 

Interstadial, and possibly towards the Allerød/Younger Dryas stadial – boundary based on 

the peak in IRD. Rasmussen et al (2007) describes the similar benthic fauna found in HH14 – 

002 GC after 14,070 cal yr BP in a sediment core (JM02 – 460) from the southwestern slope 

of Svalbard. This is below the Younger Dryas stade boundary, which is marked by a peak in E. 

excavatum f. clavatum and a decrease in both benthic and planktic δ18O values on the shelf 

(Rasmussen, et al., 2007). The lack of N. pachyderma (s) suggest that polar surface water 

was presence, and the decrease in M. Barleeanum, C. lobatulus and C. neoteretis propose a 

reduction in the influence of Atlantic water (Rasmussen, et al., 2007). Ślubowska – 

Woldengen et al (2007) reports high abundance of N. labradorica in the Younger Dryas 

stadial. In HH14 – 002 GC there is no increase in E. excavatum f. clavatum or N. labradorica, 

however, it rather shows an increase in M. barleeanum, C. neoteretis and C. lobatulus, which 

indicates a relatively strong influence of Atlantic water and that food supply increased 

(Rasmussen, et al., 2007). By assuming the fauna found after 14,070 cal yr BP in HH14 – 002 

GC (Figure 39) could be the similar fauna found in Rasmussen et al (2007), the upper part of 

HH14 – 002 GC could correspond to Bølling/Allerød Interstadial, possibly just above the 

boundary to Younger Dryas. This implies that the Younger Dryas and the Holocene <11,316 
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cal yr BP (10,000 14C yr BP) is missing from HH14 – 002 GC. Gard (1987) reported that 

Holocene was absent from a cores taken from the north-western continental slope of 

Svalbard. The low δ18O values in HH12-930 GC (Figure 42) is interpreted as a result of 

reduced salinity. This could correspond the Younger Dryas (12,600-11,500 cal. yr BP), and 

could possibly be a result of a shift in the prevailing water masses there was a freshening of 

bottom water that occurred around 13,400 cal. yr BP (Ślubowska-Woldengen, et al., 2007).  

 

 

7. 3 Gas seepage 
 

The results from the stable isotope analysis from HH12 – 930 GC, shows a drastic decline in 

the planktic δ13C values during the Middle—Weichselian (~37,829 cal. yr BP) which values as 

low as -11.34 ‰ at 528 cm and -10.44 ‰ at 518 cm (Figure 42). During the early stages of 

the LGM (>28,135 cal. yr BP) the values drops down to -4.09 ‰ at 463 cm, and to -6.08 ‰at 

the lower part of the Heinrich Event 2 (413 cm) (Figure 42).  Low planktic δ13C values (-3.47 

‰), occurs at the upper part of the LGM (between 23,820 to <21,616 cal. yr BP) at 353 cm 

(Figure 42). During the LGM in HH14-002 GC the planktic δ13C values varies between -0.2 and 

0.38 ‰, and the minimum value observed is -0.39 ‰, so compared to HH14-002 GC (Figure 

41) the values in HH12-930 GC (Figure 42) are considered low. Other studies of “normal” 

marine sediments have reported values between -0.5 to 1 ‰ (Volkmann & Mensch, 2001; 

Nørgaard-Pedersen, et al., 2003; Sarntheim, et al., 2003; Jessen, et al., 2010).  

In core HH12-930 GC the benthic δ13C values decreases to -3.38 ‰ at 353 cm, and 

stays relatively low in the upper part of the LGM (between 23,820 to <21,616 cal. yr BP 

(Figure 42). At the boundary to the early deglaciation the benthic δ13C values decreases 

again (-2.72 ‰). During the lower part of Bølling/Allerød Interstadial (between 14,300 to 

14,070 cal. yr BP) the benthic δ13C values decreases to -2.32 ‰ (Figure 42). Compared to the 

minimum benthic δ13C value observed in HH12-002 GC during the late stage of LGM 

(minimum -0.8 ‰), and a minimum value of -1.7 ‰ throughout the core during the early 

deglaciation, and the Bølling/Allerød Interstadial (minimum -1.38 ‰), the values observed in 
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HH12-930 GC are considered low values. The benthic δ13C values range from -1 to 0 ‰ 

during the deglaciation in the northern Barents Sea  (Wollenburg, et al., 2001), and from -0.5 

to 0.3 ‰ in the Kara Sea (Lubinski, et al., 2001). In the southwestern Barents Sea Aagaard-

Sørensen et al. (2010) reports values from ca. 0 to 1.5 ‰. 

The planktic oxygen values throughout the Middle-Weichselian and LGM have high 

values (5.6 and 4.6 ‰) (Figure 42), which could indicate inflow of warm, saline Atlantic 

water, and open water. With sea-ice covered areas the exchange to the atmosphere tends 

to be effectively suppressed, and allows metabolic CO2 from residual bacterial respiration to 

accumulate, and thus the δ13C values declines (Spielhagen & Erlenkeuser, 1994). According 

to Stott et al (2002) in particular benthic foraminifera can be influenced by pore water with 

DIC shifts associated with changes in productivity in surface water, and re-mineralization at 

the sea floor and in the sediment, and record δ13C values to be as low as -2.5 ‰ (Stott, et al., 

2002). This could possibly explain the low benthic δ13C values (-1.89 ‰) observed in in 

HH12-930 GC during the Heinrich Event 1 (Figure 42) and HH14-002 GC during the early 

deglaciation (Figure 41). Also riverine dissolved inorganic carbon (DIC) can affect the δ13C 

values in the surface waters of the Arctic Ocean, and ranges from -5 to -10 ‰ (Spielhagen & 

Erlenkeuser, 1994). The lack of evidence of sea-ice cover in the area, and since the area is 

known as a gas-hydrate province (Hustoft, et al., 2009; Bünz, et al., 2012; Smith, et al., 

2014), the other event with low benthic and planktic δ13C values are interpreted to most 

likely be affected by processes that involves CH4. These processes are the precipitation of 

methane-derived authigenic carbonate derived from the production of bicarbonate of AOM 

by the consumption of methane by methanotrophic archaea and sulfate-reducing bacteria 

(see chapter 1. 3 for further references). Since most of the CH4 is consumed by 

methanotrophic archaea in the sediments, and in the water column, it is not expected that 

live planktic foraminifera will record the signal from CH4 (Dickens, 2001; Reeburgh, 2007). 

Since the foraminifera has not been cleaned for authigenic carbonate overgrowth, some of 

the negative values can occurred due to enrichment in elements like Mg, which is typical for 

methane-derived authigenic carbonate (Torres, et al., 2003; Torres, et al., 2010). Consolaro 

et al (2015) observed that the δ13C values of C. neoteretis from the Vestnesa Ridge, obtained 
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after submitting specimens to a thorough cleaning procedure were still significantly low 

compared to uncleaned specimens.  

The negative signal seen in the planktic δ13C values (-11.34 ‰) during the mid-Weichselian 

(Figure 42) is thus most likely due to enrichment in methane-derived authigenic carbonate, 

since it is not expected that the CH4 reach far enough in the water column to be recorded by 

planktic foraminifera. Consolaro et al (2015) interpreted the finding of both benthic and 

planktic foraminifera with negative δ13C values in samples dated to the Bølling/Allerød 

Interstadial (CIEI) to be due to secondary carbonate precipitation after they were buried 

(Figure 50). Live benthic foraminifera may be capable of recording negative δ13C composition 

of methane-influenced DIC in the bottom and pore waters (Sen Gupta, et al., 1997; 

Rathburn, et al., 2000; Hill, et al., 2003; Rathburn, et al., 2003; Martin, et al., 2004). It is 

possible that all the negative values of N. pachyderma (s) found in HH12-930 GC resulted 

from methane-derived authigenic carbonate precipitation, which have oversaturated the 

pore water in respect to carbonate minerals. Meaning that all of the methane is oxidized by 

AOM since the methane flux is low (Borowski, et al., 1996). This can furthermore be the case 

for the low planktic δ13C value (-6.08 ‰) just below the boundary to Heinrich Event 2 

(~23,820 cal. yr BP) (Figure 42), and for the benthic and planktic δ13C value (-3.38 and -3.47 

‰, respectively) seen at 353 cm in the upper stages of the LGM, between 23,820 to 21,616 

cal. yr BP (Figure 42).  

At the boundary to the Early Deglaciation (after 21,616 cal. yr BP) and during the 

Bølling/Allerød Interstadial (14,300-14,070 cal. yr BP) (Figure 42) the case could be different. 

In these event only benthic foraminifera show negative δ13C values (-2.27 and -2.32 ‰, 

respectively). Consolaro et al (2015) found only benthic foraminifera with low values in the 

Early Holocene (CIEII), and interpreted it to be because of high flux of methane, leading to 

lower rates of AOM since the oxidation is less efficient (Figure 51). This causes methane to 

be released into the bottom water, where is further oxidized by methanotrophic aerobic 

microbes in the water column (Niemann, et al., 2006).  
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Figure 51: Schematic diagram showing two methane release event observed by Consolaro et al (2015). A) Figure 
representing event CIE II during the Early Holocene where only benthic foraminifera exhibit negative δ13C values. B) Figure 
showing how the SMTZ is controlled by the methane flux if the flux of sulphate (𝑆𝑂4

2−) from the seawater and the 
characteristics of the sediments are constant (Consolaro, et al., 2015). C) Figure showing CIE I, which represent an event 
during Bølling/Allerød where both benthic and planktic foraminifera showed negative δ13C values. Figure from Consolaro et 
al (2015). 
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Due to the lack of data of the pore water, which is used to measure methane flux toward the 

sea floor (Borowski, et al., 1996), it is difficult to tell if the negative δ13C values are due 

methane-derived authigenic carbonate where the methane flux is low, or because of higher 

methane flux, which could possibly lead to a release of methane into the bottom waters.  

In the mid-Weichselian (>37,829 - >28,135 cal. yr BP) there is observed negative 

planktic δ13C values (down to -11.34 ‰), which could be due to secondary carbonate 

precipitation after burial. Low δ13C value are observed in the southwestern Greenland Sea 

and further correlated with Dansgaard-Oeschger (DO) events by Millo et al (2005). Minor 

pulses (up to -2 ‰) were observed near DO interstadial 9 (~40.7 ka), which is suggested to 

be due to thermal destabilization and DIC derived from the oxidation of methane (Rathburn, 

et al., 2003; Hill, et al., 2004b). Millo et al (2005) correlated negative δ13C value with the an 

atmospheric CH4 record from the Greenland Ice Sheet Project 2 (GISP2) from Blunier and 

Brook (2001), and found major δ13C minima during event that matches atmospheric CH4 

maxima (Blunier & Brook, 2001) during MIS 5.2, 5.1 and 3. Comparing the planktic and 

benthic δ13C value to the GISP2 (Greenland Ice Sheet Project 2) and GRIP (Greenland Ice 

Core Project) from Blunier and Brook (2001) (Figure 52), there is a CH4 peak between 35 and 

40 ka, which possibly could correspond to the low δ13C value seen in the upper part of mid-

Weichselian in HH12-930 GC (Figure 42). This event correspond to GIS8 seen in Rasmussen 

and Thomsen (2013) (Figure 45 and 46). According to Kennett et al (2003) during interstadial 

warmings destabilization of methane hydrates may have contributed to increase 

atmospheric CH4. This interval is interpreted to represent a deglaciation, where the south-

eastern part Barents Sea shelf was ice free (Polyak, et al., 2000), and there was possibly an 

inflow of warm Atlantic Intermediate water. Shallow depths are more sensitive to 

temperature changes than to increased sea level (Vanneste, 2000; Mienert, et al., 2001; 

Vogt & Jung, 2002; Jung & Vogt, 2004). The relative sea level was estimated to be 65 to 55 

meter lower than today between 45 and 35 ka (Lambeck, et al., 2002). In deeper part of the 

ocean, sea level rise and increased pressure is a more dominant factor which affects the 

position of the base of the hydrate stability zone (Mienert, et al., 2005). Millo et al (2005) 

suggest that a cessation of the deep-water convection in the Greenland Sea, thermal 
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instability of gas hydrates and northward advection of warm intermediate water caused 

highly negative δ13C values. Other studies have reported low δ13C value interpreted as 

methane release in Quaternary records (Kennett, et al., 2000; Smith, et al., 2001; Keigwin, 

2002; Cook, et al., 2011; Hill, et al., 2012).        
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Figure 52: Figure from Blunier and Brook (2001) showing the isotopic and CH4 from Greenland and Antarctica on the GISP2 
time scale. A) Oxygen isotope from GISP2, Greenland. B) Oxygen isotope from Byrd station, Antarctica. C) CH4 from GISP2 
and GRIP. D) CH4 from Byrd station. Dashed line indicates the onset of major D-O event (Blunier & Brook, 2001). E) Benthic 
δ13C graph from HH12-930 GC, showing negative values during B/A I, ED and upper stage of LGM. F) Planktic δ13C graph 
from HH12-930 GC. The negative values are confined to the upper and lower stage of LGM, H2 and MW. A1 to A7 indicates 
major warming events in Antarctica.(B/A I= Bølling/Allerød Interstadials, H1=Heinrich Event 1, ED= Early deglaciation, 
H2=Heinrich Event 2, LGM=Last Glacial Maximum and MW= Mid-Weichselian) 
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It is suggested that a combined effect of loading of glacigenic sediments and shelf ice 

glaciations during periods of climatic changes leads to overpressure and further generation 

an initiation of focused fluid flow, and possibly to gas emission and reactivation of chimney 

structures (Hustoft, et al., 2009a; Plaza-Faverola, et al., 2011). Gas chimneys represent a pre-

existing zones of weakness and may act as a pathway for fluid flow. Gas hydrate may fill 

there fractures in deep water (Kim, et al., 2011). It is not known where the source of the 

methane emission is located (Bünz, et al., 2012; Smith, et al., 2014). The deposition of mass-

transported sediments during Heinrich Event 2 could possibly have led to pore pressure 

build-up, which could have led to more unstable gas hydrate. On the study site this specific 

layer is about 25 cm thick in HH12-930 GC (Figure 38). Most likely the deposition of 

glacigenic sediment had minor effect on the sediments and the gas hydrate on the study site 

during the LGM, where both benthic and planktic δ13C values are negative (-3.38 and -3.47 

‰, respectively) (Figure 42), due to the distance and the water depth and the relative low 

sediment loading on the slope outside trough-mouth-fans (Laberg & Vorren, 1995; 

Hjelstuen, et al., 1996). However, together with increased seismicity it could possibly be a 

factor. 

 The negative planktic δ13C values (-4.09 ‰) observed during the lower part of LGM 

(<37,829 and >28,135 cal. yr BP) (Figure 42) shows relatively moderate values correlated to 

the atmospheric CH4 in figure 51, compared to mid-Weichselian. The correlation with 

atmospheric CH4, which could possibly be linked to regional event, is speculation, due to the 

uncertain age model at this interval. The Svalbard-Barents Sea Ice Sheet started to grow 

around 32,000 cal. yr BP (Andersen, et al., 1996; Landvik, et al., 1998; Siegert & Dowdeswell, 

2002). The linear sedimentation rate at that point in HH12-930 GC is estimated to be 8.16 

cm/ka (Table 9). This is a relatively low sedimentation rate compared to the Bølling/Allerød 

Interstadial, where the linear sedimentation rate is estimated to be 166 cm/ka (Table 9). It 

seems unlikely that during the early stage of LGM the low δ13C values could have been 

caused by sediment load. This is due to the low sedimentation rate and as Consolaro et al 

(2015) suggested, the study area is deep water and distal to the shelf edge. The glacial 
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growth is related to a fall in global sea level (Elverhøi, et al., 1993). Cook et al (2011) suggest 

that a cold and deep (1476 meter water depth) coring site requires a warming of 6—16°C 

and a sea level drop of 300 to 1000 meters to cause sufficient release of pressure to 

destabilise gas hydrate.  

At ~23,820 cal yr BP negative planktic δ13C values down to -6.08 ‰ is observed just at 

the base of the Heinrich Event 2-boundary (Figure 42). The atmospheric CH4 values seems to 

have a minor increase during this event (Figure 52). However, the low carbon signal in HH12-

930 GC is possibly a local event since the planktic foraminifera are not expected to record a 

methane signal in the water column (Dickens, 2001; Reeburgh, 2007), and probably 

recorded the low δ13C values from secondary crust after burial. The deposition of glacigenic 

sediments during Heinrich Event 2 was taken as a sign of a fully glaciated shelf (Laberg & 

Vorren, 1995; Vorren & Laberg, 1997; King, et al., 1998; Dowdeswell & Elverhøi, 2002; 

Jessen, et al., 2010). Major loading of glacigenic sediments can lead to excess pore pressure 

in the underlying sediments (Laberg & Vorren, 1995; Elverhøi, et al., 1997; Elverhøi, et al., 

2002), however, it is difficult to tell if the deposition of mass transport sediments was large 

enough to cause gas hydrate dissociation. It seems like the dissociation occurred on an early 

stage of the event or possibly prior to it. After Heinrich Event 2 both planktic and benthic 

δ13C values declines (Figure 42). The low values could have been due to low methane fluxes, 

similar to the scenario seen in Consolaro et al (2015), but different timing (Figure 51). This 

event occurred after the deposition of mass transported sediments during peak glaciation 

(Andersen, et al., 1996). After the glacial peak the Svalbard-Barents Sea Ice Sheet started to 

disintegrate, and Hebbeln et al (1994) suggest that at this point warm Atlantic water entered 

the Norwegian-Greenland Sea. This could lead to the suggestion that the combination of 

inflow of Atlantic water, and with the early stage of ice sheet collapse could have caused a 

methane release.  

During the Early Deglaciation (<21,616-18,429 cal. yr BP) the benthic δ13C values are 

low (-2.27 ‰) (Figure 42). Smith et al (2011) documented negative δ13C values from the East 

Greenland continental shelf caused by methane release during the deglaciation, and 
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concluded that there could be a parallel to negative δ13C values and deglaciation and the 

retreat of the ice sheet. They link the low carbon isotope to dissociation of gas hydrates to 

reduction of ice load and intrusion of warm bottom water. The retreat of the glacier lead to 

isostatic rebound, and possibly increased sedimentation rates (Landvik, et al., 1998; Forman, 

et al., 2004; Bungum, et al., 2005), which would have triggered other processes, like 

lithospheric stress changes resulting in increased seismicity (Consolaro, et al., 2015). All 

these factors could have caused the methane release and contributed to the low δ13C values 

seen in the Early Deglaciation. Consolaro et al (2015) observed low δ13C values during the 

Bølling/Allerød Interstadial and Early Holocene interpreted to be due to either low methane 

flux which leads to a deeper SMTZ, or a shallower SMTZ due to higher methane flux, 

respectively (Figure 51). These events occurred during a period when the deep convection 

was strong (McManus, et al., 2004; Ezat, et al., 2014), and during an increase in sea level and 

in the concentration of atmospheric CH4 (Consolaro, et al., 2015). Figure 52 show a 

correlation in increase in atmospheric CH4 with the negative δ13C values observed during 

Bølling/Allerød Interstadial in HH12-930 GC (Figure 42). Prior to this event laminated 

sediments were deposited (Figure 38), and the sedimentation rate increased drastically 

(Table 9), which could have led to increased pore pressure and further activating gas 

migration through the gas chimneys (Hustoft, et al., 2009a; Plaza-Faverola, et al., 2011). The 

high sedimentation rate together with seismic activity due to isostatic rebound could have 

triggered gas hydrate destabilization. Consolaro et al (2015) speculate that during a rapid 

deglaciation, increased sea-level and sediment loading, and seismic activity could have led to 

methane emission on the Vestnesa Ridge.   
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8. Summary and conclusion 
 

Two sediment cores HH14-002 GC and HH12-930 GC from Vestnesa Ridge in the eastern part 

of Fram Strait have been analysed in order to reconstruct the glacial history and 

paleoceanographic development between the mid-Weichselian and early Holocene in the 

area, and to investigate if there is a correlation between methane seepage and climate 

change. Core HH14-002 GC was taken from outside a pockmark of active gas seepage, while 

core HH12-930 was taken from inside the pockmark. 

 The sediment cores shows a clear similarity in magnetic susceptibility (mainly core 

HH14-002 GC), lithology and age with the sediment cores in the study by Jessen et al 

(2010), and show that a close correlation is possibly. 

 Possible interstadial conditions in the study areas during the upper part of the mid-

Weichselian (>37,829 cal. yr BP). The Svalbard-Barents Sea Ice Sheet advanced to the 

shelf between 28,135 and 26,486 cal. yr BP indicated by a decline in δ13C values. At 

23,820 cal. yr BP the ice sheet reached the shelf break that led to the deposition of 

mass transported sediments, and is taken as sign that the shelf was fully glaciated. 

The early stage of the deglaciation indicated by a peak in IRD occurred around 20,101 

cal. yr BP. Low δ18O values correlates in time with Heinrich event 1, which occurred 

around 17,652 cal. yr BP, and can be related to the deglaciation. The deposition of 

laminated sediments between 14,780 and 14,300 cal. yr BP corresponds to the 

Bølling/Allerød Interstadials. Parts of the Holocene is missing from HH14-002 GC due 

to erosion by increased bottom current. 

 High δ18O values could indicate the presence of Atlantic water during the upper part 

of mid-Weichselian (>37,829 cal. yr BP). The LGM (31,479-20,101 cal. yr BP) was 

characterized by influence of Atlantic water, possibly under a low-saline surface 

layer. The productivity was high before and after Heinrich event 2 (~23,820 cal. yr BP) 

indicated by relative high abundance of N. pachyderma (s) and high P:B ratio. 

Relative high concentration of IRD indicate presence of drifting icebergs in the area. 
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During Heinrich event 1 the ventilation was reduced, and the water column was 

stratified, as indicated by a decline in δ18O and δ13C values. A reduction in percentage 

of C. neoteretis could imply a reduction of the inflow of Atlantic water, and low flux in 

planktic and benthic foraminifera low productivity and decreased P:B ratio indicates 

unstable conditions. The high relative abundance of I. norcrossi indicates the area 

was influenced by seasonal sea ice during the Bølling/Allerød Interstadial (14,700-

17,070 cal. yr BP). A slightly increase in δ18O and δ13C values indicate that the water 

column was less stratified compared to Heinrich event 1. Low fluxes of N. 

pachyderma (s) indicate reduced productivity. C. neoteretis and C. reniforme 

indicates an influence of Atlantic intermediate water, flowing as a subsurface 

current. A decline in δ18O values in HH12-930 GC could represent the Younger Dryas, 

and increased content of marine mud could indicate that HH12-930 GC contains 

parts of the Holocene. 

 Together six periods with negative δ13C values from core HH12-930 GC retrieved 

from inside a pockmark have been interpreted to be caused by methane seepage. 

Three of the events of negative δ13C values, and thus possible events with methane 

seepage have, been linked to interstadial periods. The results of more interstadial 

conditions, glacial retreat and increased sea level could have caused eustatic 

unloading and seismic activity, which resulted in increase in methane seepage.   
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